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Preface 

The aim of the thesis is to investigate the changes on earthquake 

occurrence rates at specific areas of the broader Aegean region and their 

relation with the evolution of the stress field in order to contribute to a 

probabilistic, time dependent seismic hazard assessment. Stress changes 

origin is due to seismic slip caused by large earthquakes in addition with the 

constant tectonic loading on the major regional faults. The study region is one 

of the most active tectonically areas in Mediterranean with plenty of recorded 

earthquakes especially during the last 25 years, when seismicity network 

became more efficient. This thesis was compiled under the Postgraduate 

Program Studies of School of Geology, Aristotle University of Thessaloniki. 

In the first chapter the aim of the study is introduced. After a brief 

illustration of the most prominent seismotectonic features of the study area, 

the importance of seismicity rate changes in hazard analysis research is 

presented through a historical recursion on previous work. Studies 

concerning changes in earthquake production rates and their association with 

stress changes and other natural processes (afterslip, viscoelastic relaxation) 

are explicitly discussed. The main focus is on studies concerning seismicity 

rate changes with Rate/State dependent friction approach and how this 

concept was developed during the last two decades. An overview on the 

methodology and results from seismicity rates related studies accomplished 

for the Aegean and the adjacent areas is finally summarized.  

In the second chapter the Rate/State model principles and formulation 

is described in detail. The model parameters, the techniques applied to 

handle earthquake catalog data, the process of stress changes calculations and 

the tools utilized for qualitative and quantitative evaluation of the results are 

demonstrated. Uncertainties in parameter values determination and 

constraints employed together with the selected range of parameter values is 
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also provided. Rate/State model application are presented for different 

regions of the study area, i.e. Corinth Gulf, Central Ionian Islands, Hellenic 

Arc, Western Turkey, Northern Aegean Sea and Central Greece. Comparison 

between observed and expected seismicity rates is quantified and earthquake 

probabilities for exceedance of M=6.0 and M=6.5 during the next decade are 

illustrated. All of the obtained results are finally integrated in respect with 

time dependent seismic hazard. An attempt to verify the model performance 

in connection with the mostly recent strong earthquakes (M≥5.8) that took 

place in the broader Aegean region since June 2012.     

In the third chapter the development and application of a stress 

inversion algorithm, based upon Rate/State dependent friction concept is 

introduced. This method is used to derive stress changes from real 

earthquake occurrence rate changes, in areas exhibiting high recording 

seismicity rates. After explicitly determining the physical quantities 

incorporating in the modeling (characteristic relaxation time, reference 

seismicity rates) stress changes were sought in both space and time and their 

possible connection with earthquake clustering and fault interactions. Stress 

changes inverted from seismicity rate changes were also compared with the 

results derived from independent methods and their correlation was 

quantified.  

In the forth chapter the results are summarized, concluding remarks are 

retrieved and perspectives for future research and improvement of the 

method efficiency are suggested. 
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Abstract 
Seismicity rate changes in selected regions of the broader Aegean area 

were studied by application of the Dieterich (1994) Rate/State formulation. 

The coseismic slip of the strongest events (Μw≥5.8) that occurred during 

selected ‚study‛ periods was considered to contribute to the stress field 

evolution along with the continuous tectonic loading. Stress changes were 

calculated just before and after each strong event and their influence was then 

examined in connection with the occurrence rate of the smaller magnitude 

events above the individually determined magnitude of completeness in each 

sub-area and for the respective time intervals, named as ‚study‛ or 

‚forecasting‛ periods. After defining the probability density function (PDF) 

of seismicity distribution, a Rate/State model was used to combine static 

Coulomb stress changes (ΔCFF) with seismicity rates and to compare the 

observed with the expected rates of earthquake production for each time 

period and sub-area. Different parameter values combinations were tested in 

order to evaluate the model sensitivity. Qualitative and quantitative 

correlation between the observed and the expected seismicity rates provide a 

test for the validity and sufficiency of the model. Εarthquake probabilities for 

exceedance of magnitudes M=6.0 and M=6.5 during the next decade were 

finally illustrated. After deriving seismicity evolution from stress changes, the 

inverse method was attempted. Spatial and temporal evolution of the stress 

field in well monitored areas of Aegean were carried out. The highest 

accuracy and large sized regional catalogues were utilized in order to invert 

seismicity rate changes into stress variation through a Rate/State dependent 

friction model. After explicitly determining the physical quantities 

incorporating in the modeling (characteristic relaxation time, fault 

constitutive parameters, reference seismicity rates) stress changes in both 

space and time were derived and their possible connections with earthquake 
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clustering and fault interactions were evaluated. The forward modeling 

approach resulted to satisfactory correlation between real and synthetic 

seismicity rates and is expected to constitute a useful mean for the time 

dependent seismic hazard assessment. The inverse method yielded 

promising results in the cases where the available data were sufficient and 

should provide a powerful tool for future research as the earthquake data 

becomes enriched and more precise.  
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Εκτεταμμένη Περίληψη 
Οι μεταβολές των ρυθμών σεισμικότητας σε επιλεγμένες περιοχές 

του ευρύτερου χώρου του Αιγαίου, μελετήθηκαν με την εφαρμογή ενός 

μοντέλου Ρυθμού/Κατάστασης (Dieterich, 1994). Οι μεταβολές του πεδίου 

των τάσεων συνυπολογίστηκαν από τις μεταβολές που οφείλονται στην 

σεισμική ολίσθηση που προκαλείται από τη γένεση κάθε ισχυρού σεισμού 

και από τις μακράς διάρκειας μεταβολές που οφείλονται στη συνεχή 

τεκτονική φόρτιση. Η επίδραση των μεταβολών των τάσεων στους 

ρυθμούς σεισμικότητας μελετήθηκαν πριν και μετά από κάθε ισχυρό 

σεισμό σε κάθε περιοχή. Σο μέγεθος πληρότητας των καταλόγων 

υπολογίστηκε ξεχωριστά για κάθε περιοχή και περίοδο μελέτης. Οι 

ρυθμοί σεισμικότητας των μικρότερου μεγέθους σεισμών εξομαλύνθηκαν 

με την εφαρμογή μιας συνάρτησης πυκνότητας πιθανότητας και η 

επίδραση των τάσεων στις μεταβολές των ρυθμών αυτών ενσωματώθηκε 

στο μοντέλο Ρυθμού/Κατάστασης προκειμένου να υπολογιστούν οι 

αναμενόμενοι ρυθμοί σεισμικότητας. ΢ημαντικό εύρος των τιμών των 

παραμέτρων χρησιμοποιήθηκαν ώστε να ελεγχθεί η ευαισθησία και η 

αποτελεσματικότητα του μοντέλου. Έγινε ποιοτική και ποσοτική 

εκτίμηση της συσχέτισης μεταξύ παρατηρούμενων-αναμενόμενων 

ρυθμών σεισμικότητας ούτως ώστε να γίνει έλεγχος της 

αποτελεσματικότητας και της απόδοσης του μοντέλου. Τπολογίστηκαν 

επίσης οι πιθανότητες γένεσης σεισμού του οποίου το μέγεθος να 

υπερβαίνει το 6.0 και το 6.5 εντός της επόμενης δεκαετίας. ΢τη συνέχεια 

πραγματοποιήθηκε αντιστροφή της διαδικασίας Ρυθμού/Κατάστασης, 

ώστε να χρησιμοποιηθούν οι παρατηρούμενοι ρυθμοί σεισμικότητας για 

να υπολογιστούν οι μεταβολές του πεδίου των τάσεων. Για το σκοπό αυτό 

μελετήθηκαν οι μεταβολές των ρυθμών σεισμικότητας σε περιοχές όπου 

το σεισμολογικό δίκτυο εξασφαλίζει επαρκή ποσότητα και ακρίβεια των 
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δεδομένων. Αρχικά γίνεται εκτενής μελέτη του καθορισμού των φυσικών 

παραμέτρων που υπεισέρχονται στη μοντελοποίηση (καταστατικές 

παράμετροι ρηγμάτων, ρυθμοί σεισμικότητας αναφοράς) και στη 

συνέχεια υπολογίζονται οι μεταβολές των τάσεων στο χώρο και στο 

χρόνο. Μελετάται επίσης η πιθανή συσχέτιση των υπολογιζόμενων 

μεταβολών των τάσεων με την παρουσία συστάδων σεισμών (clusters) και 

την αλληλεπίδραση μεταξύ των ρηγμάτων. Και οι δύο προσεγγίσεις του 

μοντέλου Ρυθμού/Κατάστασης που εφαρμόστηκαν οδήγησαν σε 

ικανοποιητική συσχέτιση μεταξύ πραγματικών και αναμενόμενων τιμών 

των υπό μελέτη μεταβλητών (ρυθμοί σεισμικότητας – τάσεις). Η 

μεθοδολογία αυτή αναμένεται να αποτελέσει ένα χρήσιμο εργαλείο για 

την μελλοντική σεισμολογική έρευνα που αφορά στην χρονικά 

εξαρτώμενη μελέτη σεισμικής επικινδυνότητας ειδικά μετά τον συνεχή 

εμπλουτισμό των διαθέσιμων καταλόγων με περισσότερα και 

ακριβέστερα δεδομένα.   

Ο σκοπός της παρούσας διατριβής είναι η μελέτη της 

αλληλεπίδρασης μεταξύ των μεταβολών των ρυθμών σεισμικότητας και 

των μεταβολών του πεδίου των τάσεων στην ευρύτερη περιοχή του 

Αιγαίου, με συμβολή στην πιθανοκρατική, χρονικά μεταβαλλόμενη 

σεισμική επικινδυνότητα. Ο χώρος του Αιγαίου χαρακτηρίζεται ως μια 

από τις περισσότερο ενεργές σεισμικά περιοχές στην Μεσόγειο, με 

υψηλούς ρυθμούς σεισμικότητας και σημαντική συχνότητα γένεσης 

ισχυρών σεισμών (Μ≥6.0). Η περιοχή αυτή παρουσιάζει επίσης σημαντικό 

βαθμό ετερογένειας όσον αφορά τις σεισμοτεκτονικές ιδιότητες και την 

ποιότητα καταγραφής των σεισμών από το ΢εισμολογικό Δίκτυο. Για το 

λόγο αυτό ήταν απαραίτητος ο διαχωρισμός της περιοχής σε 15 υπό-

περιοχές, με βάση κοινά σεισμοτεκτονικά κριτήρια (μηχανισμοί γένεσης) 

και κριτήρια σεισμικότητας (ρυθμοί σεισμικότητας, μέγεθος πληρότητας). 
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Οι περιοχές αυτές είναι: Κορινθιακός κόλπος, κεντρικό Ιόνιο, Ελληνικό 

τόξο (4 υπό-περιοχές), Δυτική Σουρκία (4 υπό-περιοχές), Βόρειο Αιγαίο (4 

υπό-περιοχές) και Θεσσαλία. Η ανάλυση της μεταβολής των ρυθμών 

σεισμικότητας έγινε ξεχωριστά για κάθε μια από τις 15 αυτές υπό-

περιοχές και τα αποτελέσματα ενοποιήθηκαν και αξιολογήθηκαν, ώστε 

να εξαχθούν τα τελικά συμπεράσματα.  

Σα δεδομένα που χρησιμοποιήθηκαν στην παρούσα διατριβή 

προέρχονται από το Εθνικό Ενοποιημένο Δίκτυο ΢εισμογράφων (Hellenic 

Unified Seismological Network). Επιπλέον χρησιμοποιήθηκαν ένς τοπικός 

κατάλογος για την περιοχή Karaburun-Kusadasi, καθώς και ένας 

κατάλογος με ισοδύναμα μεγέθη σεισμικής ροπής, Μ*W, για την Δυτική 

Σουρκία που συντάχθηκαν στα πλαίσια της διατριβής αυτής. 

Προκειμένου να δημιουργηθεί ο κατάλογος αυτός χρησιμοποιήθηκαν 

δεδομένα από το Διεθνές Κέντρο ΢εισμολογίας (International 

Seismological Center) και προτάθηκαν νέες εμπειρικές σχέσεις που 

συνδέουν μεγέθη διαφορετικών κλιμάκων και ινστιτούτων με το μέγεθος 

σεισμικής ροπής. Σα μεγέθη πληρότητας για κάθε περιοχή και χρονική 

περίοδο υπολογίστηκαν με τη μέθοδο ελέγχου καλής προσαρμογής, η 

οποία τροποποιήθηκε και εφαρμόστηκε επίσης στα πλαίσια της 

παρούσας διατριβής.   

΢το πρώτο κεφάλαιο γίνεται η εισαγωγή του σκοπού της 

διατριβής και περιγράφονται συνοπτικά οι κυριότερες σεισμοτεκτονικές 

ιδιοτήτες της ευρύτερης περιοχής του Αιγαίου. Εν συνεχεία, 

επισημαίνεται η σημασία της ανάλυσης των ρυθμών σεισμικότητας στη 

μελέτη σεισμικής επικινδυνότητας. Για το σκοπό αυτό παρουσιάζεται μια 

εκτενής αναδρομή σε παλαιότερες αλλά και πλέον πρόσφατες 

επιστημονικές εργασίες που είχαν ως αντικείμενο τις μεταβολές των 

ρυθμών σεισμικότητας. Γίνεται εκτενής αναφορά σε εργασίες που 
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σχετίζονται με τη μελέτη των μεταβολών της σεισμικότητας και τη 

σύνδεση τους με τη μεταβολή των στατικών και δυναμικών τάσεων 

καθώς και άλλων φυσικών διεργασιών (ποροελαστικά, ιξωδοελαστικά 

φαινόμενα). Ιδιαίτερη αναφορά γίνεται σε εργασίες που βασίζονται στην 

ανάπτυξη και εφαρμογή τεχνικών που βασίζονται στη μέθοδο Ρυθμού/ 

Κατάστασης κατά τις τελευταίες δυο δεκαετίες. Σέλος, παρουσιάζονται οι 

μέθοδοι και τα αποτελέσματα των εργασιών που είχαν ως αντικείμνενο 

τη μελέτη των ρυθμών σεισμικότητας στον Ελλαδικό χώρο και τις 

γειτονικές περιοχές. 

΢το δεύτερο κεφάλαιο της διατριβής περιγράφονται οι αρχές και 

οι μαθηματικές εξισώσεις που διέπουν τη μέθοδο Ρυθμού/ Κατάστασης 

και το πως αυτές εφαρμόζονται στην παρούσα εργασία. ΢ύμφωνα με την 

μέθοδο αυτή, οι αναμενόμενοι ρυθμοί σεισμικότητας μπορούν να 

μοντελοποιηθούν με βάση τους ρυθμούς σεισμικότητας αναφοράς, τις 

φυσικές καταστατικές παραμέτρους των ζωνών διάρρηξης και το 

ιστορικό του πεδίου της τάσης. Η εξέλιξη του πεδίου της τάσης οφείλεται 

τόσο στην απότομη σεισμική ολίσθηση κατά τη γένεση ισχυρών σεισμών, 

όσο και στη συνεχή τεκτονική φόρτιση εξαιτίας της διαρκούς σχετικής 

κίνησης των λιθοσφαιρικών πλακών. Κατά την παρουσίαση των 

μαθηματικών εξισώσεων γίνεται περιγραφή των παραμέτρων που 

υπεισέρχονται στις σχέσεις αυτές καθώς και η φυσική τους σημασία. 

Ακολουθεί εκτενής περιγραφή του τρόπου υπολογισμού/ καθορισμού του 

εύρους των τιμών των παραμέτρων αυτών και γίνεται σύγκρισή τους με 

τις αντίστοιχες τιμές που έχουν χρησιμοποιηθεί σε παλαιότερες εργασίες 

ή έχουν υπολογιστεί από εργαστηριακά πειράματα. Επιπλέον, μεγάλο 

εύρος των τιμών των παραμέτρων χρησιμοποιήθηκε ούτως ώστε να 

μελετηθεί η απόδοση του μοντέλου ως συνάρτηση καθεμιάς εκ των 

παραμέτρων αυτών. 
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Οι ρυθμοί τεκτονικής φόρτισης στις κυριότερες ζώνες διάρρηξης 

υπολογίστηκαν από τους αντίστοιχους ρυθμούς ολίσθησης, όπως αυτοί 

υπολογίστηκαν από εργασίες ανάλυσης γεωδαιτικών δεδομένων, 

λαμβάνοντας υπόψη και τον συντελεστή σεισμικής σύζευξης. Ο 

χαρακτηριστικός χρόνος εκτόνωσης υπολογίστηκε λαμβάνοντας υπόψη 

τη μέση περίοδο επανάληψης καθώς και βιβλιογραφικές αναφορές. Σο 

γινόμενο Ασ υπολογίστηκε από τη σχέση που το συνδέει με τον 

χαρακτηριστικό χρόνο εκτόνωσης και τον ρυθμό τεκτονικής φόρτισης και 

έγινε έλεγχος των αποτελεσμάτων σε σχέση με τις τιμές που προτείνει η 

διεθνής βιβλιογραφία. Οι ρυθμοί σεισμικότητας αναφοράς και οι 

παρατηρούμενοι ρυθμοί, υπολογίστηκαν αφού έγινε εξομάλυνση της 

σεισμικότητας με τη χρήση μιας Γκαουσιανής συνάρτησης πυκνότητας 

πιθανότητας πυρήνα (Kernel), δύο μεταβλητών. Μεγάλο εύρος τιμών του 

παράγοντα ομαλοποίησης, h, που καθορίζει τον βαθμό εξομάλυνσης της 

σεισμικότητας χρησιμοποιήθηκαν σε όλες τις εφαρμογές. Οι διαστάσεις 

των ζωνών διάρρηξης υπολογίστηκαν από την χωρική κατανομή των 

ισχυρότερων μετασεισμών και την γεωμετρία των ρηγμάτων, 

λαμβάνοντας επιπλέον υπόψη περιορισμούς και εμπειρικές σχέσεις. Η 

μέση σεισμική ολίσθηση σε κάθε περίπτωση υπολογίστηκε από τις 

προαναφερθείσες τιμές σε συνδυασμό με τη σεισμική ροπή. Οι τιμές του 

λόγου του Poisson, του μέτρου δυσκαμψίας και του φαινόμενου 

συντελεστή τριβής (που ενσωματώνει την επίδραση της πίεσης των 

πόρων) που υιοθετήθηκαν στην παρούσα διατριβή επιλέχθηκαν από 

εργασίες που αφορούν τα ίδια σεισμοτεκτονικά περιβάλλοντα.  

΢τη συνέχεια έγινε εκτίμηση των αποτελεσμάτων των 

αναμενόμενων ρυθμών σεισμικότητας όπως αυτοί υπολογίστηκαν από 

την εφαρμογή του μοντέλου Ρυθμού/ Κατάστασης. Για το σκοπό αυτό 

έγινε χαρτογράφηση του λόγου αναμενόμενων/ παρατηρούμενων 
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ρυθμών σεισμικότητας για διαφορετικές τιμές παραμέτρων και για όλες 

τις περιόδους μελέτης. Επιπλέον έγινε εκτίμηση του ΢υντελεστή 

Γραμμικής ΢υσχέτισης (Pearson) και του διαστήματος εμπιστοσύνης του 

(95%).  Σέλος, ως συμβολή στην πιθανοκρατική εκτίμηση της σεισμικής 

επικινδυνότητας, έγινε ο υπολογισμός της πιθανότητας υπέρβασης 

μεγέθους 6.0 και 6.5 σε κάθε μια από τις περιοχές μελέτης εντός ενός 

χρονικού ορίζοντα διάρκειας μίας δεκαετίας. Η εκτίμηση της πιθανότητας 

αυτής έγινε λαμβάνοντας υπόψη τον μέσο ρυθμό σεισμικότητας σε κάθε 

περιοχή, με τη χρήση ενός μη-παραμετρικού εκτιμητή πυρήνα της 

κατανομής των μεγεθών.  

Εν συνεχεία παρουσιάζονται τα αποτελέσματα της εφαρμογής του 

μοντέλου ρυθμού-κατάστασης για όλες τις περιοχές μελέτης, καθώς και 

πίνακες με τις τιμές των παραμέτρων και τις χρονικές περιόδους που 

μελετήθηκαν σε κάθε περιοχή. Αναλυτικότερα για κάθε περιοχή 

παρουσιάζονται: Οι αναμενόμενοι ρυθμοί σεισμικότητας, οι χάρτες με 

τους λόγους αναμενόμενων/ παρατηρούμενων ρυθμών σεισμικότητας, οι 

συντελεστές γραμμικής συσχέτισης για επιλεγμένο εύρος παραμέτρων 

και για όλες τις περιόδους μελέτης και οι πιθανότητες γένεσης ισχυρών 

σεισμών με μέγεθος μεγαλύτερο του 6.0 και του 6.5 για ορίζοντα 10 ετών. 

Σέλος γίνεται συγκέντρωση και ενοποίηση των αποτελεσμάτων και 

παρουσιάζεται η μεταβολή του συντελεστή συσχέτισης σε σχέση με το 

πλήθος των δεδομένων και το χρονικό διάστημα που αυτά καλύπτουν. Η 

δυνατότητα πρόγνωσης του μοντέλου ελέγχεται σε σχέση με τα 

επίκεντρα των πρόσφατων (μετά τον Ιούνιο του 2012) ισχυρών (Μ>5.8) 

σεισμών που συνέβησαν στην περιοχή μελέτης. Έγινε ποιοτική και 

ποσοτική εκτίμηση του κατά πόσο τα επίκεντρα αυτά εντοπίζονται σε 

περιοχές όπου το μοντέλο προβλέπει αυξημένους ρυθμούς σεισμικότητας 

και τα αποτελέσματα παρουσιάζονται σε ένα χάρτη, μαζί με τις 
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αντίστοιχες πιθανότητες γένεσης. Διαπιστώθηκε ότι 7 από τους 8 

σεισμούς αυτούς συνέβησαν εντός ή πολύ κοντά σε περιοχές αυξημένης 

αναμενόμενης σεισμικής δραστηριότητας.    

΢το τρίτο κεφάλαιο παρουσιάζεται αρχικά η ιδέα και οι 

προσπάθειες που έχουν γίνει διεθνώς για την ανάπτυξη και την 

εφαρμογή του αντίστροφου μοντέλου Ρυθμού/ Κατάστασης. ΢ύμφωνα με 

το μοντέλο αυτό, οι μεταβολές του ρυθμού σεισμικότητας όπως αυτός 

καταγράφεται από πυκνά σεισμολογικά δίκτυα μπορεί να δώσει 

σημαντικές πληροφορίες σχετικά με την χωρική και χρονική μεταβολή 

του πεδίου των τάσεων. Γίνεται η περιγραφή των εξισώσεων που διέπουν 

την μέθοδο αντιστροφής και των δεδομένων στα οποία έγινε η εφαρμογή 

του μοντέλου αυτού (Ευπάλιο 2008-2012, ΢άμος-Κουσάντασι 2007-2012, 

Καραμπουρούν 2007-2012, Κορινθιακός Κόλπος 1975-2013, Λευκάδα 1999-

2013, Δυτική Κρήτη 2009-2014 ). ΢ε κάθε περίπτωση γίνεται περιγραφή του 

τρόπου υπολογισμού των τιμών των παραμέτρων (ρυθμοί σεισμικότητας 

αναφοράς, χαρακτηριστικός χρόνος εκτόνωσης, ρυθμός τεκτονικής 

φόρτισης, γινόμενο Ασ). Εν συνεχεία περιγράφονται τα αποτελέσματα τα 

οποία αφορούν την χρονική μεταβολή του πεδίου των τάσεων όπως αυτή 

προκύπτει από τις μεταβολές στους ρυθμούς σεισμικότητας. Για τα τρία 

πρώτα σετ δεδομένων τα οποία περιέχουν περισσότερους σεισμούς και 

καλύτερα προσδιορισμένα επίκεντρα γίνεται επιπλέον ανάλυση: 

Τπολογισμός των χωρικών μεταβολών του πεδίου των τάσεων και 

σύγκριση/ συσχέτιση με τα αντίστοιχα αποτελέσματα που προκύπτουν 

από την εφαρμογή του μοντέλου ελαστικής εξάρμωσης. Ιδιαίτερη έμφαση 

δόθηκε στην εκτίμηση των αποτελεσμάτων σε κοντινές και μακρινές 

αποστάσεις από τα επίκεντρα των ισχυρότερων σεισμών, ενώ έγινε 

αναγνώριση συστάδων σεισμικότητας και συσχέτιση τους με τις 

μεταβολές του πεδίου των τάσεων. Σο κεφάλαιο κλείνει με συζήτηση 
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σχετικά με την προσέγγιση αντιστροφής, τις αβεβαιότητες και τα 

προβλήματα που συνοδεύουν τη μέθοδο, καθώς και τη συνολική 

εκτίμηση των αποτελεσμάτων.       

΢το τέταρτο κεφάλαιο γίνεται οι σύνοψη των αποτελεσμάτων της 

διατριβής και αναφέρονται οι προοπτικές για μελλοντική έρευνα 

προκειμένου να βελτιωθεί η απόδοση της μεθοδολογίας. 
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Chapter 1. Introduction 

1.1 Seismicity Rate Changes – Aim of the Study  

Although small earthquakes are not taken into consideration for 

seismic hazard assessment they play an important role in monitoring and 

understanding the physical processes that take place in earth’s lithosphere. 

Since seismicity is directly associated with physical quantities and mechanical 

properties of the crust such as strain accumulation, stressing rate and 

frictional response of the rupture zones, earthquakes provide a major source 

of information that cannot be obtained by direct measurements. Spatial and 

temporal seismicity rate anomalies are usually reported as the most frequent 

intermediate-term precursory phenomenon. These changes can be observed 

for periods lasting for some days to few years prior to a strong earthquake 

and extend over areas larger than the rupture zone of the impending 

earthquake (Fedotov, 1965; Mogi, 1977, 1985). It is therefore commonly 

accepted that anomalies in the seismicity rate of the small magnitude events 

may be precursors of a potential strong earthquake in many cases, since they 

alter the stronger earthquake probabilities introducing time-dependency to 

seismic hazard assessment. Changes in seismicity patterns are consequently 

likely to be correlated with changes in stress, as evidenced by aftershock 

sequences, or by more subtle seismicity dynamics caused by the nucleation 

processes of large earthquakes (Marsan and Wyss, 2010). Other phenomena 

that may induce changes in earthquake production rates are post seismic 

deformation (afterslip), pore fluid diffusion, magma intrusion in volcanic 

areas, viscoelastic relaxation, aseismic slip (creeping), tidal triggering and 

anthropogenic activities. Quantitative measures of a change in seismicity 

rates are also required, especially when trying to detect specific patterns (e.g. 

relative quiescence) prior to large shocks, as an attempt to identify precursory 
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phenomena that could be used for earthquake prediction strategies (Marsan 

and Wyss, 2010). 

The causative connection between the evolution of stress and 

seismicity rates was studied and quantified by Dieterich (1994) who proposed 

a formulation that associated shear stress changes with seismicity rate 

variation following the Rate/State dependent friction concept. Later this 

perspective was modified by introducing the more complex static Coulomb 

failure stress concept (ΔCFF or ΔCFS), incorporated into the Rate/State model 

(Reasenberg and Simpson, 1992; Scholz, 2002). Following this concept, the 

evolution of seismicity depends on the initial, unperturbed seismicity rate 

(named as reference rate), stress changes, friction coefficient, secular tectonic 

stressing rate and constitutive properties of the rocks in the fault zones. 

Positive Coulomb stress changes amplify the reference seismicity, and 

therefore small stress changes are capable to produce large changes in 

seismicity rate in areas of high reference seismicity (Toda et al., 2005). 

Similarly, seismicity rate depressions in the stress shadows are evident only 

in areas with high recorded seismicity rates immediately beforehand. 

 The first goal of the present study is to investigate how the stress 

changes caused by successive strong main shocks perturb the seismicity rates 

through a Rate/State dependent friction model. The approach applied 

incorporates the physical properties of the fault zones (characteristic 

relaxation time, fault constitutive parameters, effective friction coefficient) 

with a probabilistic estimation of the spatial distribution of smoothed 

seismicity rates, derived from the application of a Probability Density 

Function (PDF). In doing so, the expected rates were calculated and 

compared with the observed ones after each main shock and before the 

following one. The qualitative and quantitative correlations were also 

investigated between the observed seismicity rates at the inter-seismic 
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periods and the expected ones, as they were predicted by the Rate/State 

model. The calculations aim to identify areas of increased expected seismicity 

rates as candidates to accommodate a major earthquake in the future (Toda 

and Stein, 2003). Results strongly depend on the model parameters and their 

influence in the model performance was tested by the evaluation of a 

parametric (Pearson) correlation coefficient and its confidence intervals, 

resulting from different input parameter values applying into the testing 

regions and periods. Seismicity rate results were filtered by certain criteria 

and constraints in an attempt to overcome model uncertainties and to 

provide more reliable results for specific areas of major interest, i.e. in areas 

with increased ΔCFF values. By this procedure the model sensitivity was 

tested, and parameter values that appear to simulate more realistically the 

tectonic procedures taking place in the crust were evaluated. Thus, despite 

the ambiguities and the difficulties involved in the experimental parameter 

value determination, the simulated results will provide evidence for their 

potential fluctuation through a detailed data analysis. This time–dependent 

approach is expected to contribute to the evaluation of the future seismic 

activity and the seismic hazard assessment. As an implication of time-

dependent seismic hazard, exceedance probabilities of earthquakes with 

M≥6.0 or M≥6.5 are provided for the next decade and the spatial distribution 

of the expected rates is illustrated as well. 

The second goal of the study is to investigate seismicity rate changes in 

both space and time domain and to utilize these changes in order to obtain 

information concerning the stress field variations. Up to the present only a 

few studies that calculate stress changes from earthquake occurrence rates 

obtained from catalogs have been accomplished. Few studies have achieved 

successful results because of the nonlinearity of earthquake rate changes with 

respect to both stress changes and time (Dieterich et al, 2000). The analysis is 
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carried out by considering the changes of earthquake production rates. The 

selected data correspond to certain areas and come from recent catalogues 

with adequate level of completeness before and after a main shock 

occurrence. After explicitly determining the physical quantities incorporating 

in the modeling stress changes were sought for both space and time along 

with their possible connection with spatio-temporal earthquake clustering 

and fault interactions. The spatial distribution of aftershock productivity rates 

is compared with the static stress changes due to the coseismic slip at 

different depths inside the seismogenic layer, defined from the vertical 

distribution of the aftershocks. Seismicity rates of the smaller magnitude 

events with M≥Mc for different time increments before and after the main 

shock are then derived from the application of a Probability Density Function 

(PDF). The differences between the earthquake occurrence rates before and 

after the main shock are compared and used as input data in a stress 

inversion algorithm based upon the Rate/State dependent friction concept in 

order to provide an independent estimation of stress changes (previously 

calculated by elastic dislocation model). The stress patterns derived from 

these two (forward and inverse) approaches are compared with each other 

and their correlation is quantified along with its confidence intervals. 

Different assumptions and combinations of physical and statistical 

parameters are tested for the model performance and robustness to be 

evaluated. Simulations provide a measure of how accurate and practical is 

the use of seismicity rate changes as a stress meter for both positive and 

negative stress steps. 

1.2 Seismotectonic Features of the Broader Aegean Region 

The Aegean region and the surrounding areas are considered as one of 

the most active tectonic regions of the Alpine - Himalayan belt, containing 

active volcanoes, exhibiting the highest deformation and seismicity rates in 
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the Mediterranean domain and consisting of several major rupture zones 

with diverse seismotectonic properties (Fig. 1.1). The most prominent tectonic 

feature of the broader Aegean area is the subduction of the eastern 

Mediterranean lithosphere under the Aegean microplate along the Hellenic 

Arc (Papazachos and Comninakis, 1969), which has been recognized as a 

subduction zone with a Wadati – Benioff seismic plane. This zone is gently 

dipping at an angle of 30o at its shallow part until 100km depth and then is 

descending with a steeper angle of 45o (Papazachos and Comninakis, 1971; 

Papazachos et al., 2000). Seismic tomography studies also illustrated the 

deeper branches of the subducted lithosphere up to a depth of 600 km 

(Spakman et al., 1988, Papazachos and Nolet, 1997). As a consequence of this 

subduction, an extended zone of reverse faulting is evident along the Hellenic 

arc. Papadimitriou and Karakostas, (2008) described that the Hellenic Arc is 

laterally bounded by Subduction - Transform Edge Propagators (STEPs) in 

the plate boundaries that are ongoing tearing of oceanic lithosphere near the 

horizontal terminations of subduction trenches (Govers and Wortel, 2005), 

the dextral Cephalonia Transform Fault (CTF) in the west (Scordilis et al., 

1985) and the sinistral Rhodos Transform Fault (RTF) in the east (Papazachos 

and Papazachou, 2003). The subduction of the African plate’s northern 

oceanic edge along the Hellenic Arc is occurring at a faster rate than the 

northward motion of this plate (Bellier et. al, 1997) and because of this, the 

Hellenic Arc is moving in southward direction relative to Eurasia (McKenzie, 

1970; McClusky et. al, 2000) resulting to an extensional regime within the 

Aegean and western Turkey. 

The North Anatolia Fault (NAF) is one of the longest active right 

lateral fault systems, which extends for approximately 1,500 km, from eastern 

Turkey through the Marmara Sea where it bifurcates into at least two sub-

parallel branches. The westward propagation of the NAF is the second 

dominant effect in the region which sustains the existence of strike slip faults, 
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most of them dextral, along the North Aegean Trough (NAT) and the 

surrounding area. McKenzie (1978) showed that the northward motion of the 

Arabian platform pushes the smaller Anatolian plate westwards along the 

NAF, continuing along the NAT which is the boundary between the Eurasian 

and Aegean plates. A wide extensional regime governs the Aegean Sea due to 

the combined effect of Anatolia westward motion and subduction rollback, 

leaving almost no significant contraction and reverse faulting in the 

aforementioned regions. These rapidly extending areas, with a N-S rate of 

extension of around 40-60mm/yr, across the whole province, lie between 

Crete and Bulgaria, including the Greek mainland and western Turkey, as 

well as the southern Bulgaria, the former Yugoslavian republics and Albania 

(McKenzie, 1978; Le Pichon and Angelier, 1979; Jackson and McKenzie, 1988, 

Ambrasseys and Jackson, 1990). 

The third major tectonic effect is due to the convergence between 

Apulian plate and the Hellenides, Albanides and Dinarides (McKenzie, 1972; 

Ritsema, 1974). This convergence is a continental-type collision on an orogen 

that is characterized by significant neotectonic activity (Cloetingh et al., 2007). 

During the Tertiary, the Apulian continental margin was affected by 

compressional tectonics due to the continuing collision. Subduction of Apulia 

beneath the Hellenic margin of the upper European Plate took place in the 

Miocene (Le Pichon and Angelier, 1979). A belt of thrust faulting runs along 

the southwestern coasts of Croatia and Montenegro and continues south 

along the coastal regions of Albania and northwestern Greece, resulted from 

continental collision between Outer Hellenides and the Adriatic microplate 

(Papadimitriou et al., 2005). The direction of the maximum compression axis 

is almost normal to the direction of the Adriatico - Ionian geological zone. 
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Fig. 1.1. The study area with its main seismotectonic properties. CTF, Cephalonia 

Transform Fault; NAT, North Aegean Trough; NAF, North Anatolian Fault; RTF, Rhodos 

Transform Fault. The dark arrows indicate the orientation of the back arc extension. 

 All of these complex, dynamic plate interactions induce a large scale 

crustal deformation causing very intense seismic activity in the entire site.  

Because of the large expanse and the strong seismotectonic heterogeneity of 

the study area, it is necessary to divide it into smaller ones characterized by 

common seismotectonic properties and accommodating data of similar 

quality and density. Since many devastating earthquakes have been 

repeatedly reported during historical times and recorded during the 

instrumental era, causing extensive damage and loss of lives, the seismic 

hazard assessment is of primary importance priority for the broader Aegean 

region. 
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1.3 State of the Art 

1.3.1 Review studies  

 Many recent studies have been carried out providing information on 

the importance of seismicity rate changes and their association with the 

seismotectonic processes, describing specific mathematical tools for 

evaluation procedures and statistical analyses. Marsan and Wyss (2010) 

review and describe the existing methods developed for measuring seismicity 

rate changes and for testing the significance of these changes (Habermann, 

1981, 1983; Mathews and Reasenberg, 1988; Marsan, 2003; Marsan and 

Nalbant, 2005). They also illustrate these methods with several examples (see 

references therein). Statistical and mathematical approaches of theory and 

data analysis concerning the power law distribution of earthquake rate 

changes have also been carried out (Correig et al., 1997; Parsons, 2002; Coral, 

2003; Console et al., 2003, 2006a; Molchan and Kronrod, 2005; Saichev and 

Sornette, 2006; Marsan and Langline, 2008; Adamaki et al., 2011). Harris 

(2000), Steacy et al. (2005) and Hainzl et al. (2010) summarize the previous 

studies and methods regarding stress transfer, earthquake triggering and 

time-dependent seismic hazard. They review all the methods that incorporate 

seismicity rate changes with static and dynamic stress changes, Rate/State 

friction, fluid flow, viscoelastic phenomena and volcanism. They conclude 

that although such approaches have often proved useful and successful, we 

still need to improve our knowledge about the physics underlying these 

complex natural processes. Felzer (2008) described in detail a procedure to 

calculate the average seismicity rate from an earthquake catalog. Her analysis 

implied correction in magnitudes for rounding and magnitude errors, b-

values determination along with their standard error, completeness 

thresholds estimations for selected periods and calculation of seismicity rates 

via different methods. Moreover, the author estimated the potential bias and 
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error produced by earthquake clustering and finally she applied her method 

to the California earthquake catalog from 1850-2006. Discussion regarding the 

spatial seismicity rates and maximum credible magnitudes for background 

earthquakes is given by Petersen et al. (2008) as well.  

1.3.2 Seismicity Rate changes during the earthquake cycle: The 

early studies  

The occurrence rate of small magnitude events is often extrapolated to 

estimate the earthquakes rate of larger size shocks, or to calculate the 

probability of a strong event occurrence. In doing so, the use of G-R law has 

been routinely incorporated into many regional seismic hazard assessment 

studies (Cornell, 1968; Frankel et al., 1996). Seismicity rate of smaller 

magnitude events is proportional to the rate of the regional stress increase 

(tuning parameter) and this is in turn proportional to the rate of occurrence of 

the larger earthquakes. Observations favor the hypothesis that seismicity rate 

of smaller earthquakes in a region is only weakly dependent on time if the 

area is sufficiently large. If the smaller earthquakes were correlated with the 

earthquake cycle, then they could be used for the temporal prediction of 

earthquakes (Kossobokov et al., 2000). This technique is though questionable: 

the same authors still notice that the large ‘‘characteristic’’ earthquakes do not 

fall on an extrapolated Gutenberg–Richter curve. Moreover it is often 

observed that the frequency magnitude distribution demonstrates different 

slope for stronger events than for the smaller ones. In the Aegean region the 

change of the slope takes place around M~7 which is attributed to the 

maximum magnitude saturation for individual seismic sources (Papazachos 

et al., 1999). Extreme events exceeding the extrapolation have been 

characterized as "Dragon Kings", a phenomenon also observed in many 

dynamic systems exhibiting power law distributions (Sornette, 2009; Sachs et 

al., 2012)  
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Wyss and Habermann (1979) performed a systematic search for 

seismicity rate changes in the fault segment of the Kurile island arc. They 

defined seismic clusters, background seismicity rates and seismic quiescence. 

They found that in most of the segments and for most of the time the 

seismicity rates were fairly constant except for one seismic enhancement and 

a seismic quiescence period within two sections of the arc. They also 

quantified these anomalies, calculated the statistical significance and 

combined their duration with the main shock dimensions. Habermann and 

Wyss (1984) attempted to discrete the background seismicity rates from 

anomalies in seismic activity by studying earthquake production rate changes 

as potential precursors in the Imperial Valley, California. They mostly 

focused their work on the determination and identification of background 

seismicity but also on the detection of its changes with respect to the 

magnitude. 

Jones and Hauksson (1997) examined seismicity rates for events of M ≥ 

3.0 in southern California from 1945 to 1996 in terms of the seismic cycle 

concept (Imamura, 1937; Fedotov, 1965; Mogi 1969, 1981; Shimazaki, 1978; 

Reasenberg and Simpson, 1992; Sykes, 1996). They found that high seismicity 

level preceded both the 1952 Kern County (M=7.5) and 1992 Landers (M=7.3) 

earthquakes, and low activity occurred right after them. They also noted that 

the seismicity rate (M≥3.0) was almost constant from 1969 to 1992. As they 

pointed out, neither the Kern County nor the Landers shock could be 

considered as a plate boundary events. Ellsworth et al. (1981) found that the 

only statistically significant variation in the seismic cycle around the 1906 

earthquake was the rate decrease that was observed right after that 

earthquake. Maeda and Wiemer (1999) investigated the precursory seismic 

quiescence of about 1.5 year prior to the 1987 M=6.7 Chiba-Toho-Oki 

earthquake, in central Japan. Significance tests for seismicity rate changes 
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were also performed. They used data from two independent catalogs and the 

quantitative analysis they carried out showed that the precursory quiescence 

and rate increase is not unique, since changes in occurrence rates of this 

duration and significance often occur in both datasets. Such variations in 

rates of earthquake production could probably not be detected in a real time 

forecast. They concluded that quiescence is present but it is very difficult to 

be distinguished from background seismicity fluctuations at a considerably 

high confidence level. 

1.3.3 Seismicity rate changes and static Coulomb stress changes 

The most popular strategy followed in seismicity rate studies is their 

connection with the Coulomb stress changes, commonly based upon 

Dieterich (1994) Rate/State formulation.  Toda et al. (1998) investigated how 

the 1995 Kobe earthquake transferred stress to nearby faults, altering their 

proximity to failure and consequently changing earthquake probabilities. 

They quantified the spatial correlation between the seismicity rate change 

and Coulomb stress variation. The correlation was found to be significant for 

stress changes greater than 0.2-1.0 bars and the non-linear dependence of 

seismicity rate changes on stress variations was compatible with a Rate/State 

dependent formulation of earthquake occurrence. They used their analysis in 

order to derive probabilities of strong earthquake occurrence as an 

implication for time dependent seismic hazard. 

Stein (1999) associated the static Coulomb stress changes with 

seismicity rate changes in the broader region of California and translated the 

results into earthquake probabilities in order to assess time dependent 

seismic hazard. Interpretation of data analysis results showed that the 

variance of the stress field after a strong earthquake can influence not only 

the evolution of seismic activity but also the time to failure for an impending 

earthquake. The study showed that in the case of the 1994, Northridge 
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earthquake, 65% of the observed seismicity rate changes were correlated with 

the calculated Coulomb stress changes. There was also discussion on 

earthquake triggering caused by dynamic (Belardinelli et al., 1999; Kilb et al., 

1998) and tidal (Vidale et al., 1998a, 1998b; Lockner and Beeler, 1999) stress 

changes. 

Wyss and Wiemer (2000) investigated the interaction between the 

Landers earthquake and the two largest earthquakes followed (Big Bear and 

Hector Mine), as well as the sustained fluctuations of seismicity rates in 

neighboring areas of southern California. They found out that decreases in 

earthquake production rates were not noticed as clearly as the increases but 

the pattern of both increases and decreases approximately matches the one 

predicted by the Coulomb stress changes. They interpreted the observed 

changes in earthquake occurrence rates by proposing a qualitative model of 

the crust. Seismicity rates changes and stress transfer before the occurrence of 

large earthquakes was the subject of discussion of Bowman and King (2001). 

They described a simple physical based model connecting static stress 

changes with the accelerated moment release prior to a large main shock (also 

see Mignan et al., 2006). They applied their model in California for all the 

earthquakes with Μ≥6.5 that took place since 1950 and assumed that this 

model can be applied without significant modification in any active tectonic 

region. Nevertheless, they pointed out that it is not easy to perform such 

analysis in an earthquake-predictive sense, since the properties of the fault 

segments to be ruptured are not well constrained before the main shock 

occurrence. 

Wang and Chen (2001), applied a 3 dimension model to investigate 

stress transfer caused by the M=7.3 Chi-Chi earthquake in 1999. A wide range 

of effective friction coefficient was applied in their approach. They also 

carried out statistical tests to find out if the stress distribution of the pre-
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shock sequence significantly differed from that of the post-shock sequence 

and showed that the distributions of ΔCFF before and after the main shock 

varied significantly. In general, enhancement of seismic activity was observed 

in regions which experience positive ΔCFF but in some stress shadows the 

observed rates were not as low as predicted for depths shallower than 10km. 

This was attributed in different processes such as dynamic stress triggering or 

cumulative influence of static stress changes caused by the smaller 

magnitude aftershocks. The same earthquake sequence was the subject of 

Wang et al. (2003) study. The authors searched for seismicity rate changes in 

connection with both static and dynamic stress variation due of the main 

shock. Static stress changes were found to influence significantly (but not 

purely) seismicity rate changes and therefore they sustained the primary 

triggering mechanism. Although these changes were small, their influence 

was significant especially for depths between 0km and 10km and for a period 

up to 2 weeks after the main shock. The authors believe that they did not 

obtain sufficient information to draw conclusions about the role of dynamic 

stress changes as an important physical triggering factor. 

The changes of moderate-size earthquake production rates before and 

after the 1992 Landers earthquake were investigated by Du and Sykes (2001). 

Their analysis regarded the Coulomb failure stress evolution since 1812 in 

Southern California, by considering circular regions and equal-area annuli 

centered on the epicenter of the Landers main shock. The changes in the 

frequency of moderate-size events were most prominent within a circular 

region with a radius of about 160km from the Landers epicenter. The most 

pronounced changes before 1992 do not indicate a relation to stress buildup 

to the Landers sequence itself. Finally it was not clear which ones of these 

fluctuations in seismicity rates may be precursory to large events, and which 

ones sustained random variations or were related to other physical processes. 
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Using the accumulative stress changes in California, Toda and Stein 

(2002) calculated the probability of an impending earthquake in Parkfield. 

Their analysis included spatial and temporal investigation of seismicity rate 

changes after strong earthquake occurrence in the region. Strong correlation 

was found between the variation of the stress field and seismicity rate 

changes and the estimated probability of a Parkfield earthquake was reduced 

by 22% according to the given stress history. The obtained results can explain 

why this earthquake did not occurred during the 1980’ but fail to explain its 

absence in the next decade. Finally a high probability for an M≥6.0 in 

Parkfield until 2011 was derived. Marzocchi et al. (2003) simulated the long 

term interaction among remote earthquakes. After the generation of synthetic 

catalogues and the calculation of the stressing rate variation induced by 

remote earthquakes, they estimated the changes in seismicity rates on simple 

seismogenic fault model. They found that the post-seismic stress changes 

induced by remote earthquakes were not negligible compared to the tectonic 

loading rates. Studying southern California seismicity it resulted that the rate 

of seismicity experienced a major change at about the time of occurrence of 

the remote Chile (1960) and Alaska (1964) earthquakes. A significant change 

in stressing rate was also produced due to these two events.  

Toda and Stein (2003), used a large data sample of small events 

following the 1997 Kagoshima doublet, Japan in order to test the spatio-

temporal distribution of seismicity as it is predicted by a Rate/State 

dependent friction model. They focused their analysis on off-fault regions as 

the sample in these areas is considered to be more sufficient and reliable and 

pointed out the weaknesses and uncertainties regarding the model 

performance and the parameter value determination. According to their 

results dynamic stress changes play secondary role in seismic activity 

variation and seismicity rate enhancement in positive ΔCFF areas is more 
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profound than seismicity rate decreases in stress shadows. Finally they 

calculated earthquake probabilities for M≥5.0 and M≥6.0 in positive ΔCFF 

regions for a 10 year horizon.  

Helmstetter and Sornette (2003b) used the southern California 

seismicity and assumed that any earthquake may trigger other earthquakes 

and that foreshocks, main shocks and aftershocks are physically 

indistinguishable. An interesting result they obtained was that the precursory 

modification of seismic activity before a main shock is independent of its 

magnitude and therefore large earthquakes are not more predictable than the 

smaller ones. They also demonstrated that the rate of foreshocks before large 

events is increased at large distances and up to decades before the main 

shock. Woessner et al., 2004 applied an objective spatio-temporal mapping 

approach and formulated a measure of the statistical significance of rate 

changes within the decaying aftershock sequence of Kagoshima, Japan, 1997. 

They compare their method with the ones of Toda and Stein (2003) and Stein 

(2003). In particular, their mapping showed that a statistically significant rate 

decrease followed the Kagoshima main shock in different areas from those 

Toda and Stein (2003) estimated. Their quantitative analysis showed that both 

off-fault and onto-fault aftershock activity was increased but also decreased 

locally by the nearby second mainshock. The coseismic rate changes for off-

fault aftershocks could be adequately explained by static stress changes. 

Toda et al. (2005) attempted to forecast the evolution of seismic activity 

in southern California by the application of a Rate/State model. The evolution 

of seismicity was found to be strongly depended on the background 

seismicity rates. Even small changes in static stress yielded significant 

seismicity rate increase in regions with high reference seismicity rates. 

Similarly, seismicity rate depression in stress shadows was only obvious in 

areas exhibiting intense background activity. For this reason background 
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seismicity rate has to be determined as accurately as possible. In some cases 

enhancement in the rates of earthquake occurrence could not be explained by 

the static stress changes. In these cases other physical processes such as 

dynamic stress changes and pore fluid effects had to be taken into account. 

Finally the authors presented the probabilities that an earthquake with M≥5.0 

will occur in the study area between 2005 and 2011. 

The relation between aftershock rates following the Chi-Chi 

earthquake in Taiwan (1999) and coseismic ΔCFF was the subject of Ma et al. 

(2005) study. Once more, seismicity rate increases in areas which experience 

positive Coulomb stress changes was confirmed. The spatial distribution of 

seismicity prior and following the main shock appears to be identical but the 

number of shocks differs significantly. Contrarily to Felzer and Brodsky 

(2005), they found 4 zones with negative ΔCFF where seismicity was also 

depressed, supporting the presence of stress shadows. These results were 

derived due to the rich data (low MC) available for a long period before the 

main shock. Felzer and Brodsky (2005) studied the rates of aftershock 

decrease after strong earthquakes in California in order to test the stress 

shadow hypothesis. For this purpose they applied a time ratio metric i.e. they 

calculated the ratio of the time between the main shock and the first event to 

follow it and the time between the last earthquake to precede the main shock 

and the first event to following. Large values of this ratio indicate a long wait 

for the first earthquake to follow the main shock and thus a potential stress 

shadow. On the other hand small values of the time ratio indicate the 

presence of aftershocks. They found that stress shadows were absent after the 

occurrence of the 4 main shocks they considered. Moreover, they noticed 

significant seismicity rate decreases in large areas and periods when no stress 

shadow was predicted. According to their suggestion the aftershocks were 

either triggered by a mix of dynamic and static stress changes or they were 
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entirely triggered by dynamic stress changes. Relatively to this issue, the 

Coulomb failure stress concept argues that seismicity rate decrease is 

observed in faults with specific focal mechanism and not to the whole 

seismicity. Therefore a stress shadow should be followed by a variation of the 

average focal mechanism in a specific area. Mallman and Parsons (2008), 

studied 119 earthquakes with Ms≥7.0 worldwide and found that significant 

variations of the average focal mechanism was observed in only two cases. 

After performing statistical analysis they found out that there was indeed a 

decrease of the population of certain types of focal mechanisms after a main 

shock. Concluding, they noted that stress shadows presence is quite rare and 

difficult to detect, but their existence is confirmed. 

Parsons (2005c) investigated if a sudden stress perturbation is able to 

revise earthquake probability as well as the earthquake occurrence rates. He 

also attempted to calculate the stress change threshold for this probability to 

become significant. Parsons applied different models and performed tests for 

many values of parameters such as the dip and the rake of the fault and the 

coefficient of friction. Disparity resulting from interaction probability 

methodology was also examined. For a fault with a well-understood 

earthquake history, a minimum stress change to stressing rate ratio of 10:1 to 

20:1 is required to significantly skew probabilities with greater than 80–85% 

confidence level. That ratio must be closer to 50:1 to exceed 90–95% 

confidence levels. In practical terms, this would be a large earthquake or 

other stress perturbation happening closer than a few tens of kilometers from 

a fault zone of well-documented earthquake history that is loaded at a 

moderate rate. 

Seismicity rate study in order to investigate the Parkfield-Coalinga 

interaction over the years preceding the 1983 Coalinga earthquake was 

carried out by Tiampo et al. (2006). To achieve this goal they applied the 
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Pattern Informatics (P.I.) method. P.I. index quantifies changes in the number 

of small events in local regions in relation to the seismicity rate over the entire 

region, or, in other words, as it relates to larger spatial scales. They found that 

significant anomalous seismicity changes occurred during the mid-1970s in 

this region prior to the Coalinga earthquake that illustrate a reduction in the 

probability of an event at Parkfield, while the probability of an event at 

Coalinga is seen to increase. This suggests that the one event did not trigger 

or hinder the other, rather that the dynamics of the earthquake system are a 

function of stress field changes on a larger spatial and temporal scale. Strong 

evidence was also provided that a temporal change in the regional stress field 

can be detected by using algorithms that quantify the anomalous activity in 

seismicity in terms of seismic moment release and stress rate. 

Peng et al., (2007) analyzed and compared seismicity rates 

immediately before and after 82 main shocks in Japan with magnitudes 

between 3 and 5, by using waveform recorded by a borehole array. The 

method they carried out allowed them to obtain almost 5 times as many 

aftershocks in the first 200 sec as listed in the JMA catalogue. They discovered 

that the early aftershocks decay on lower rates in comparison with the later 

ones. The seismicity rate in the last 200 sec prior to the main shock appeared 

steady instead of increasing with time. They noted that this behavior was 

compatible with the ETAS and the Rate/State models if heterogeneous stress 

change along the fault was assumed. 

Catalli et al. (2008), developed a Rate/State model to simulate the 

seismicity rate changes during the 1997 Umbria- Marche earthquake 

sequence in Italy. They considered ΔCFF caused by the coseismic slip of 6 

earthquakes with (5.0<Μ<6.0) and 39 smaller ones. Their main goal was to 

study the sensitivity of simulated results in the selection of model 

parameters, especially Aσ, the values of which cannot be measured in the 
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earth’s crust. They applied a likelihood-based method in order to find out the 

best fit of Aσ and the results they obtained showed that the main features of 

the temporal evolution of seismicity were in good agreement with the real 

data, although the observed temporal fluctuations displayed a more complex 

pattern. Before them, Nostro et al. (2005) studied the stress interactions 

during the sequence and found that 7 out of the 8 larger events took place in 

areas where static stress changes were positive. Moreover 82% of the 

epicenters of all shocks were found to be in the aforementioned locations 

(considering resolution of stress field in optimal oriented planes – OOPs). 

Nevertheless less than half of the available focal mechanisms were in 

agreement with these OOPs. They therefore inferred that stress transfer itself 

is not capable to illustrate the spatial distribution of seismicity rate changes 

and the focal mechanisms of the aftershocks.  

The M=7.9, Wenchuan earthquake that occurred in China in 2008, was 

studied by Toda et al. (2008). The results of their analysis indicated seismicity 

rate increases as well as increases in ΔCFF in a wide area. They showed that 3 

of the major neighboring fault segments were about 0.2-0.5 bars closer to 

failure after the main shock. Nearby areas were found to be in high seismic 

risk region, since many of these segments haven’t ruptured for a long period 

and therefore an impending earthquake is expected to be devastating. The 

expected seismicity rate of smaller events was estimated along with the 

probabilities of occurrence of an M≥6.0 and M≥7.0 in the regional fault 

systems for a ten years horizon. These probabilities were found to be much 

higher in comparison with previous estimates, a fact that indicates the 

importance of time-dependency in seismic hazard assessment. 

Aron and Hardebeck (2009) studied the relationship between 

seismicity rate changes and modeled ΔCFF from the 2003 M=6.5 San Simeon 

and the 2004 M=6.0 Parkfield earthquakes in Central California. They found 
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that both static and dynamic stress changes can adequately explain the 

observed aftershock deficiency, but a short burst of seismicity at specific areas 

where the modeled ΔCFF were negative can only be due to dynamic 

triggering. Chan et al. (2010) attempted to forecast the Italian seismicity 

through a spatio-temporal physical model. They considered the Rate/State 

stress transfer imparted by all of the M>4.0 earthquakes that occurred during 

2007-2008. Their approach consisted of two parts. The evaluation of the 

reference seismicity rate through a time independent forecast and a 

Rate/State model application to evaluate the seismicity rate changes. The 

combination of the results of these two steps provided a time-dependent 

seismicity rate estimation. They concluded that the time dependent part of 

the model showed only marginal improvement to the forecasting accuracy in 

comparison with the time-independent one. The forecasting performance was 

also better when a non-declustered catalog was used. 

Cocco et al. (2010) focused in the impact of physical model parameters 

imparted in the Rate/State model and the correlations between them. They 

studied the spatio-temporal evolution of seismicity for the 1992 Landers 

earthquake sequence and they proposed an optimal strategy to constrain 

model parameters for near-real-time forecasts. This required a robust 

validation through retrospective modeling and statistical tests. They 

demonstrated that different sets of model parameters could yield the same 

rates of aftershock decay. They also defined and applied ‘background’ and 

‘reference’ seismicity rates and resolved stress changes by two alternative 

strategies (OOP’s and prescribed receiver faults).  

After applying 5 different source models to calculate ΔCFF, Xie et al. 

(2010) focused on seismicity rate changes as a function of time on every fault 

under the influence of ΔCFF. They used as case study the M=7.9 Wenchuan, 

China earthquake in 2008. Their results indicated that the spatial distributions 
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of aftershocks correlated well with the regions where stress was calculated to 

increase using the related models. The spatial distributions of stress changes 

were correlated well with the spatial patterns of the aftershocks. They finally 

compared their results with other studies (i.e. Toda et al., 2008; Shan et al., 

2009). 

Console and his colleagues published during the last decade a series of 

studies for investigating seismicity rate changes by pure stochastic, or 

combined stochastic-physical based models (Console at al., 2003; 2006a; 

2006b; 2007; 2010a; 2010b; 2010c; Murru et al., 2009). After implementing 

these approaches for earthquake clustering, stress transfer and forecasting in 

different areas (Greece, Italy, New Zealand) they finally proposed 3 grid-

based models which they submitted to the CSEP ETH Testing Center 

(Falcone et al., 2010): The first model for short-term forecasts is a purely 

stochastic epidemic type earthquake sequence (ETAS) model. The second 

short-term model is an epidemic rate-state (ERS) forecast based on a model 

that is physically constrained by the application to the earthquake clustering 

of the Dieterich Rate/State constitutive law. The third forecast is based on a 

long-term stress transfer (LTST) model that considers the perturbations of 

earthquake probability for interacting faults by static Coulomb stress 

changes. While the first two models only use the information contained in a 

seismic catalog (time, latitude, longitude, depth, magnitude), the LTST model 

also uses geological and geodetic information. Since then these models are 

being tested for their efficiency. 

1.3.4 Seismicity rate changes and dynamic triggering 

Seismicity rate changes have also been studied in terms of fault 

mechanics and dynamic triggering (Kilb et al., 2000; Voisin et al., 2000; 

Gomberg, 2001; Poliakov et al., 2002; Kilb et al., 2002; Gomberg et al., 2003; 

Perfettini et al., 2003b). Parsons et al. (1999) introduced a three dimensional 
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inventory of the southern San Francisco Bay area faults and used it to 

calculate stress applied by the 1989 M=7.1 Loma Prieta earthquake. They also 

compared seismicity rates preceding and following the 1989 earthquake in 

respect to the focal mechanism and the type of slip in each fault segment. 

Gomberg et al. (2000) examined theoretically the predictions of the timing of 

earthquake failure by introducing formulas for seismicity rate changes 

caused by stress perturbations based upon the Rate/State friction concept and 

the Coulomb failure stress. They found that clock advances predicted by 

Rate/State models asymptotically become equivalent to Coulomb predictions 

under a variety of conditions. They showed that the faults which demonstrate 

increased aftershock rates are those that are on the brink of failure at the time 

of the main shock. 

Felzer et al. (2002) investigated the potential triggering of 1999 Hector 

Mine earthquake in California from the aftershocks following the 1992 

Landers earthquake and not the main shock itself. Based upon the 

assumption that each aftershock can trigger aftershocks with the same rate as 

the previous ones, they showed that most of the aftershocks following an 

M>7.0 main shock are a result of secondary triggering. They also provide 

statistical evidence to support the hypothesis that the magnitude of any 

single aftershock is statistically independent on the magnitude of the main 

shock.  

By using the Epidemic Type of Aftershock Sequence (ETAS) model, 

Helmstetter and Sornette (2003a), showed that the proportion of aftershocks 

that are directly triggered is equal to the proportion of the events that are 

indirectly triggered by the main shock. The importance of those indirectly 

triggered aftershocks casts therefore doubts on the relevance of prediction of 

aftershock rates based upon the Coulomb stress changes due to the main 

shock only. Helmstetter and Sornette (2003c) also applied the ETAS model in 
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a predictive way, in order to forecast the future rates of triggered seismicity 

decay. The importance of small earthquakes for stress transfer and 

earthquake triggering was also studied by Helmstetter et al. (2006). Felzer 

and Brodsky (2006) investigated the decay of aftershock linear density with 

distance and under some assumptions they concluded that the probability of 

aftershock triggering is directly proportional to the amplitude of seismic 

waves. On the contrary Richard-Dinger et al. (2010) criticized their work 

suggesting that dynamic triggering does occur but the aftershock decrease 

with distance does not provide evidence of such triggering. 

Ziv (2003) and Ziv and Rubin (2003) studied triggering processes and 

aftershock sequences in quasi-static fault models, governed by Rate/State 

depended friction. They showed that the increase of seismicity rates far from 

the rupture zone is a consequence of multiple stress transfer and that very 

distant aftershocks are not directly triggered by the main shock. Instead they 

are secondary aftershocks induced by the main shock aftershocks (Felzer et 

al., 2002). They also explained why in some cases at the early stages of an 

aftershock sequence the simulated seismicity rates exceeded the predicted 

rate and in the later stages simulated seismicity rates fall below the predicted 

rate. 

Hardebeck (2004) introduced a general method for translating stress 

changes into earthquake probability changes which can potentially be used 

with any fault model. For this purpose she applied two physical based 

models in the case study of 1992 Landers earthquake sequence where the 

data is reliable, to minimize the uncertainties. Tests for whether the 

computed earthquake probability changes following a stress change is 

significant with respect to the uncertainties were also carried out. 

Nevertheless she concluded that the results were significant for time intervals 

of about half to ten years after the main shock, period relatively short in 
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comparison with the mean recurrence time and therefore it can be applied 

only for low slip-rate faults. 

Gomberg et al. (2005a, 2005b), studied models of seismicity rate 

changes caused by the application of static stress perturbation to a population 

of faults and compared the results with those derived from Dieterich (1994) 

model. The model they applied is related with the ones proposed by Stein et 

al. (1997) and Hardebeck (2004). They suggested that the probability of failure 

for a specified fault segment depends on the stress variations but also on the 

maturity of the fault, i.e. how close to their failure times they are. A 

probabilistic approach of this problem is much more convenient that a 

deterministic one and the changes in earthquake production rates strongly 

depend on the state of the faults and the constitutive laws that describe their 

behavior. 

Pollitz and Johnston (2006) investigated the influence of static and 

dynamic stress changes on the aftershock rates. For this purpose they 

compared the rates of aftershock productivity after strong earthquakes with 

those after aseismic and impulsive events. They found that in the first case 

the rates were significantly higher and persisted for weeks after the main 

shock. This suggests that at least in the near field, dynamic stress changes 

associated with the passage of seismic waves is the dominant cause of 

aftershocks which can lead to immediate or delayed triggering. 

Using two different fault models, Kaneko and Lapusta (2008) 

simulated several plausible scenarios of spontaneous earthquake nucleation. 

They investigated their response to static shear stress steps and inferred the 

corresponding aftershock rates. They found that nucleation processes at 

weaker patches are characterized by aftershock rates similar to spring-slider 

models although there are notable deviations. On the other hand the 

nucleation processes at rheological transitions and the corresponding 
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aftershock rates are significantly different. A two-node stochastic model for 

aftershocks was established by Bebbington (2008) and was applied in order to 

estimate the parameter values of the Rate/State dependent friction model of 

Dieterich (1979). The author estimated parameter Aσ and the stressing rate 

from three earthquake sequences in Japan, assuming different aftershock 

volumes, magnitude cutoff and time windows. The comparison of the values 

he obtained with the ones published by other authors were found to be in 

good agreement. 

1.3.5 Other phenomena associated with seismicity rate changes 

Seismicity rate changes caused by transient aseismic processes such as 

fluid flow and fault creep and magma intrusion were studied by LLenos et al. 

(2009). For this purpose they tried to combine the two most common 

approaches for seismicity rate studies, the ETAS model (Ogata, 1988) and the 

frictional Rate/State model (Dieterich, 1994). They identified the parameters 

that relate to one another in the two models and examine their dependence 

on stressing rate. Stressing rate transients were found to increase the 

background seismicity rates without affecting aftershock productivity. Fluid 

diffusion and its relation with earthquake triggering were also discussed by 

Hainzl and Ogata (2005) and Hainzl and Kraft (2006). 

Helmstetter and Shaw (2009) used the Dieterich (1994) formulation in 

order to model seismicity rate triggered by after-slip. They derived 

relationships and compare the results with aftershock data from California. 

The postseismic behavior of faults was found to be more complex than 

previously predicted on the basis of steady state approximation of the friction 

law. Depending on model parameters and the initial friction the fault exhibits 

either decaying afterslip, slow earthquakes of aftershocks. Finally they noted 

that the whole process is very complex and not only many assumptions were 
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made in modeling performance, but also important processes such as fluid 

flow, viscous deformation and dynamic stress changes were neglected. 

Perfettini and Avouac (2007) studied the aftershock sequence followed 

the 1992 Landers earthquake and showed that the postseismic deformation 

resulted mainly from frictional afterslip, probably deeper than the 

seismogenic zone. They interpreted this fact due to the transition with depth 

from a rate-weakening to a rate-strengthening rheology. Recent 

investigations of Wang et al. (2009, 2010, 2012) also suggest a strong influence 

of the after-slip, (besides the aftershocks considered) and viscoelastic 

deformation on the development of the stress distribution. They performed 

their analysis in the 1999 Izmit aftershock sequence (North Anatolian Fault) 

and in the sequence followed the 2004 Parkfield earthquake in Southern 

California. Their results showed that early post-seismic displacements 

following the main shocks can be in principal explained by stress-driven 

creep in response to coseismic stress perturbations, and the large aftershocks 

located in the zone loaded by the main shock. According to their analysis, 

post-seismic activities (including aseismic relaxation and large aftershocks) 

can be reasonably explained by stress relaxation processes. The data for 

constraining coseismic slip could thus be enriched post-seismically, especially 

based on geodetic measurements in the first month following the main shock. 

The contribution from aftershock‐induced elastic relaxation was generally 

less than 10% of the observed post-seismic displacements, but it could be 

influential at some individual sites. 

The temporal evolution of background seismicity rate during the 1997-

1998 Umbria-Marche earthquake sequence in Italy, was investigated by 

Lombardi et al. (2010). The ETAS model was applied to distinguish the 

background seismicity rate from the coseismic triggered rate of aftershocks. 

The stationary ETAS model, which assumed stable background seismicity 
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rate, failed to reproduce the observed pattern of earthquake production rates. 

The most likely explanation was the underestimation of background 

seismicity rate in the beginning of the sequence which lasted for a few 

months. This happened because the main shock occurrence activated 

transient driving processes causing the variation in background seismicity 

rates. According to the authors these processes deal with fluid flow and pore-

pressure relaxation which were promoted by the coseismic stress changes 

generated by the repeated main shocks. 

Belardinelli et al. (2011) investigated the correlation between seismicity 

rates and ground uplift rates, based upon stress transfer from an inflating 

deformation source in Campi Flegrei caldera during the 1982-1984 unrest. 

The model they proposed was able to simulate adequately the maximum 

amplitudes and the duration of the observed seismicity rates during this 

period but it failed to reproduce the seismicity rates after the end of 1984, 

possibly because of the different deformation source that acted after the 1982-

1984 uplift. They also concluded that seismicity rate changes can be affected 

by either decreasing or increasing the stressing rate in a volcanic region. 

Seismicity rate analysis in volcanic region was also performed by Toda et al. 

(2002) who found that the seismicity rate is proportional to the calculated 

stressing rate, and that the duration of aftershock sequences is inversely 

proportional to the stressing rate. 

The evolution and relationship between the stress field and the rates of 

earthquake production via cellular automaton models was attempted by 

Weatherley et al. (2000). During the approach of their crack model to 

criticality, the rate of events of all sizes increased and the stress deficit of 

small adjacent regions correlated. This provided the necessary conditions for 

a large event generation in the crack model. Large events occurred almost 

randomly in the partial stress drop model. Fluctuations of stress deficit in the 
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model were found to be consistent with small fluctuations about a mean-state 

of high stress with the event sizes following a power-law distribution. These 

features identify the partial stress drop model as a self-organized critical 

system, a system which remains perpetually close-to-failure in large events. 

Similar approaches were performed by Jaumé et al. (2000) as well. Following 

the concept of self organized criticality, the precursory scale (Χ) approach has 

also been applied for seismicity rate research (Evison and Rhoades, 2002, 

2004; Papadimitriou et al., 2006). 

1.4 Relevant research performed in the study area 

The first who investigated seismicity patterns with the purpose to 

identify earthquake prone regions was Papazachos (1980) who divided the 

Aegean and the surrounding area into 19 seismic zones on the basis of 

seismotectonic criteria such as seismicity rates and focal mechanisms. Later 

this map was modified (Hatzidimitriou et al., 1985) although only small 

differences in comparison with the original one were introduced. This 

division was performed by the author in order to determine constant 

background rates in each area so he can identify deviations of the observed 

seismicity rates from this background rate. Two quiescence periods were 

identified before the occurrence of 2 strong events (M>7.0) in south 

Peloponnese, (1947), and the Ionian islands, (1953), respectively. Within the 

west part of Hellenic arc he observed a decrease of seismicity rate since 1961, 

suggesting that a strong earthquake (M>7.0) may occur during the next ten 

years or so. Papazachos and Comninakis (1982) also spotted two seismic 

quiescence periods 1932-1947 and 1967-1981 and interpreted this seismicity 

rate anomaly as a potential precursor of a M>7.0 earthquake expected in 

southwest Peloponnese. Their results also partially agreed with the ones 

obtained by Wyss and Baer (1981) for the same region and the adjacent 

eastern regions of the Hellenic arc, who observed an 80% drop of seismicity 
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rates during 1962-1977 with respect to the rate of the former period 1950-

1962. 

Comninakis and Papazachos (1980) studied the space-time distribution 

of the intermediate depth earthquakes in the Hellenic subduction zone and 

investigated regularity patterns of seismicity rates. They detected subsequent 

periods of high (1926-1948) and low rate (1901-1925 and 1949-1980) seismic 

activity for earthquakes with M>6.2. They also detected a similar period of 

enhanced seismic activity (M>7) during the eighteenth century which 

demonstrated similar clustering characteristics with the one occurred during 

1926-1948. According to these observations they stated that an intermediate 

depth increased seismic activity will possibly initiate in 2005 and last for 

about 2 decades. 

Papadimitriou and Papazachos (1985) investigated seismicity rate 

evolution in the Aegean and surrounding area through the ‚seismic gap‛ 

concept. After introducing a modified definition of seismic gap more 

appropriate for the available data and the regional conditions, they 

determined the average return period and the background seismicity rates. 

Afterwards they identified 11 such gaps where seismicity rates were reduced 

by more than 15% in respect to the background seismicity rate, suggesting the 

potential for the generation of strong earthquakes (M≥6.0 or M≥6.5) within 

the following decade.   

Latousakis and Drakatos studied the temporal evolution of seismicity 

rates during several aftershock sequences that took place in the broader 

Aegean region (e.g. Corinth Gulf, North Aegean, Cephalonia Transform 

Zone, Central Aegean) from 1971 to 1998. They published the results of their 

work in a series of papers during the 1990’s (Latoussakis et al., 1991; 

Latoussakis and Drakatos, 1994; Drakatos et al., 1994; Drakatos and 

Latoussakis, 1996; Drakatos, 2000). Based upon Omori law (Omori, 1894), the 

Akaike Information Criterion (AIC - Akaike, 1974) and the method firstly 
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applied by Matsu’ura (1986), they found that the occurrence rate of 

aftershocks is significantly reduced prior to a relatively strong event. After 

these time increments characterized as ‘relative quiescence’, seismicity rates 

increase again following the strong event occurrence, as it is predicted by the 

Omori law. 

Evison and Rhoades (2000) used the earthquake catalogue of the 

Aristotle University of Thessaloniki and identified 10 sequences of precursory 

swarms related to major main-shock events along the Hellenic subduction 

zone. They found significant correlation among these cases and relevant 

activity recorded in New Zealand and Japan. They concluded that in many 

cases, precursory swarms are closely related to main-shock occurrence. The 

interpretation they provided for this observation was that the swarms are 

part of a long term seismogenic process which culminates in a major 

earthquake (Evison and Rhoades, 1998). Console et al., 2006b applied a series 

of time-invariant, long-range, and short-range forecasting models utilizing 

the non declustered instrumental catalogue of Greece from 1981 to 2002 and 

they showed that time-dependent models fits better to data in comparison 

with time-invariant ones. They thus concluded that in order to perform a 

robust and reliable forecast, both spatial and temporal variation of seismicity 

rate changes should be considered. 

Papadimitriou et al. (2005) studied the seismicity rate variations of 

moderate-size earthquakes (M>5) that occurred before and after the 1956, 

M=7.7 Amorgos earthquake, in Aegean Sea. They investigated seismicity rate 

changes in association with static stress variation by constructing an 

evolutionary model, combining coseismic slip and tectonic loading on the 

major fault segments of the study area.  They found that the rates of the 

moderate-size events just before the main shock appear to be considerably 

increased when they are compared to those of either prior to subsequent 

periods. The changes in the occurrence rates were found to be more striking 
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for distances of 100-150 km from the main shock. The stress shadow resulted 

from the accumulated stress interaction may explain the remarkable 

quiescence in strong earthquakes after 1957. 

Karakostas (2008, 2009) distinguished the two main directions usually 

followed in seeking for characteristic patterns before a strong event 

occurrence: the accelerated moment release (Bufe and Varnes 1993, Bowman 

et al., 1998) and stress transfer between faults in a fault network. The 

accelerating moment release model has been proved to hold in areas almost 

ten times the fault length. In areas of smaller dimensions (three to four times 

the fault length) precursory decelerated moment release has been detected 

either from the temporal variation of the Benioff strain release (Papazachos et 

al. 2005), or from the seismicity rates (Papadimitriou et al. 2005). Karakostas 

(2009) studied seismicity rate changes in association with the pre-stress field 

before the occurrence of 5 strong (M≥6.2) earthquakes in Greece during 1995-

2006. The spatio-temporal distribution of smaller magnitude events was 

examined in comparison with the stress pattern necessary for the generation 

of the strong earthquakes. Increased seismicity rates were found in most of 

the cases in areas of positive stress changes. Seismicity rates appear to return 

to the background levels after a short period of about 2-3 years. Some years 

prior to the main shock occurrence a significant decrease of the rates of 

intermediate size events (M≥4.5) was observed. These results support the use 

of the seismicity rate as an expression of seismicity increase, as it comes from 

complete samples, like the ones used in the present study, that follow the 

Gutenberg–Richter relation. 
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Chapter 2. Rate/State Modeling 

2.1 Introduction 

In this chapter the basic principles of Rate/State modeling are 

presented along with the description and determination process of the 

involved parameters. The Dieterich (1994) Rate/State dependent friction 

model combined with static Coulomb stress changes (ΔCFF) was applied for 

investigating the spatio-temporal evolution of seismicity rate changes in 

specified areas of the broader Aegean region. The coseismic slip of the 

stronger earthquakes (Mw≥5.8) was considered to contribute to the stress 

field evolution along with the continuous tectonic loading on major faults. 

These stress field variations alter the unperturbed (reference) seismicity rates 

as they were calculated for selected time intervals, named as ‘learning 

periods’. Stress changes are calculated just after each strong event occurrence 

and their influence is then examined in connection with the smaller 

magnitude earthquake occurrence rates. Qualitative and quantitative 

comparison between the smoothed observed seismicity rates and the 

expected ones, as they were forecasted by the Rate/State model were 

investigated for the interseismic periods (named as ‘study’ or ‘forecasting’ 

periods) between subsequent strong earthquakes. The influence of the 

Rate/State parameters in the model efficiency is explored by evaluating the 

Pearson linear correlation coefficient between simulated and observed 

earthquake occurrence rates along with its 95% confidence limits. The 

calculations aim to identify areas of expected increased seismicity rates as 

candidates to accommodate enhanced seismic activity. Seismicity rate results 

are filtered by certain criteria and constraints, in an attempt to overcome 

model uncertainties and to provide more reliable results for specific areas of 

major interest, that is, in areas with increased positive Coulomb stress 
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changes values. The obtained results are demonstrated along with the 

evaluation of the forecasting model ability. This latter issue is also 

investigated in connection with the latest strong earthquakes occurred in the 

Aegean region after the ending point of the model forecasting period, i.e. 

January 2013.  

2.2 Method -  Rate/State Model Principles & Description 

It is usually evident that deviations of seismicity rates that are 

considered as normal in a regional scale, may be connected with seismicity 

bursts or even an impending strong earthquake, since these changes alter the 

earthquake occurrence probabilities introducing time-dependency to seismic 

hazard assessment. According to Rate/State dependent friction concept, the 

constitutive properties and system interactions that result to the onset of the 

unstable slip must be defined in order to specify the time t, at which a 

particular source nucleates. This time is defined as 

   t = F[C, τ(t)]  ,                (2.1) 

where C represents the initial conditions and τ(t) stands for some 

given stressing history. In general, the initial conditions, C=C(n, r, r ), are a 

function of the nucleation sources, n, the background seismicity rate, r, and 

the stressing rate, r . The evaluation of seismicity rate changes in terms of 

Coulomb static stress changes is performed on the basis of a Rate/State 

model, proposed by Dieterich (1994). The model anticipates that a sudden 

positive stress step, results to an immediate increase of the seismicity rate, 

which is temporary and attenuates as a function of time following Omori’s 

decay law. Similarly, a sudden stress drop brings on a seismicity rate 

depression, which also tends to recover with time to the initial (unperturbed) 

rate, due to the effect of the constant tectonic loading. These rate changes can 

be observed either along the fault which caused the main shock (onto-fault 
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aftershocks), or in nearby faults (off-fault aftershocks) up to a distance, 

proportional to the final slip distribution regardless the dynamics of the 

rupture (Gomberg et al., 2003). There is one important distinction to be made 

between onto-fault and off-fault aftershocks. Whereas onto-fault aftershocks 

are second order phenomena compared to the mainshock in terms of the 

seismic moment release, off fault triggered events may have similar or even 

larger magnitude than the triggering event. This is because they are occurring 

on fresh unruptured fault segments rather than on the residual patches 

within or near the mainshock rupture where the stresses have, overall, been 

relaxed (Scholz, 2002). The target is focused on these off-fault aftershocks also 

because they occur far enough from the source fault, where the stress changes 

are not influenced from slip details (Toda and Stein, 2003). Contrarily, along 

fault aftershocks occurrence is strongly influenced by short scale slip 

discontinuities, often not being simulated by the assumed slip model with 

uniform slip across the fault.  

The proposed formulation and its applications (e.g. Toda et al., 1998; 

Toda et al., 2005; Catalli et al., 2008; Leptokaropoulos et al., 2012) manifested 

that seismicity rate changes strongly depend upon clock–advanced failure, 

stress evolution and reference seismicity rate. Eventually, the changes of the 

earthquake production rates, R, are estimated as a function of ΔCFF, fault 

stressing rate, r , reference seismicity rates, r, and the physical constitutive 

fault properties, expressed by a fault constitutive parameter, A (Dieterich and 

Kilgore, 1996). Seismicity rate, R, is connected with the aforementioned 

parameters as 

            
r

r
R

 
   ,                                                               (2.2) 

where γ, is the state variable for seismicity formulation that evolves 

with time and stressing history. Its value alters because of the stress 
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perturbations, causing seismicity rate changes. This evolution of the state 

variable is demonstrated by equation (B16) of Dieterich (1994) as follows 

dtd r ]1[
1




 


  ,      (2.3) 

where σ is the total normal stress. Product Aσ, controls the direct effect 

of friction in Rate/State model (Cocco et al., 2010). Under constant stressing 

rate the state variable is equal to 

r




1
0   .      (2.4) 

By substitution of (2.4) into (2.2), it is shown that when stress 

perturbation is absent, seismicity rate, R, remains constant and equal to the 

reference rate, r. If a strong earthquake occurs in the region, it alters the stress 

field and the state variable changes into a new value 

           A

CFF

nn e




 1
 ,    (2.5) 

where γn-1 is equal to γ0 for the first perturbation. ΔCFF is the 

coseismic  Coulomb stress changes, given by 

    nCFF  
 ,      (2.6) 

where Δτ, is the shear stress change, Δσn, is the normal stress change 

and μ΄, the apparent coefficient of friction, including pore pressure effects 

and temporal changes of effective normal stress (Linker and Dieterich, 1992; 

Simpson and Reasenberg, 1994; Harris and Simpson, 1998). It is profound 

from (2.5) that a positive stress step causes a decrease of γ value. This means 

that if the fault slips at a higher rate, then it yields a higher earthquake 

production rate (Toda et al., 2005). Equation (2.5) is applied to estimate the 

new value of the state variable γ, after a large earthquake occurring in the 

region. This change in the state variable derived from (2.5), is transient and 

recovers with time inversely to the fault tectonic stressing rate . For the next 

inter-event time step, the new value of state variable is given by 
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  ,     (2.7) 

where Δt is a time increment used to recalculate the state variable 

value at each time step and γn+1 and γn are the values of the state variable at 

the beginning and the end respectively, of the time increment when every 

strong event occurs. In the absence of a new stress perturbation, the state 

variable tends to reach its initial value, γ0, with time, due to the influence of 

the tectonic loading. Note that the indicators, n, and n+1, correspond to the 

value of the state variable just after the first major event and just before the 

next one, respectively. Therefore the effect of the subsequent stress change on 

seismicity strongly depends on the seismicity rate (a manifestation of the 

state variable – or equivalently the fault stressing rate) immediately 

beforehand (Toda and Stein, 2003). 

Following Dieterich (1994) the characteristic relaxation time for the 

perturbation of earthquake rate, ta (or aftershock duration), defined as the 

time required by the perturbed seismicity rate to recover to the reference 

seismicity level, is related to the other parameters as 

                         
r

a

A
t








 
.     (2.8) 

The forecasted seismicity rates R are calculated from (2.2), by 

substitution of the value of state variable γ which corresponds to each case. 

This value may yield either because of a sudden stress perturbation caused 

by a strong earthquake (γ from (2.5)), or because of the tectonic loading at an 

inter-event period between two major shocks (γ from (2.7)). Finally the 

seismicity rate equation, as a function of time, t, has the form (Dieterich and 

Kilgore, 1996) 

  
1exp1exp 






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

 

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



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CFF
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. (2.9) 
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In the following sections we explicitly describe the evaluation 

procedure of the aforementioned physical quantities and the parameters that 

are incorporated in the Rate/State formulation. 

2.2.1    Rupture Models Determination 

Earthquakes nucleated on active fault surfaces that are often 

approximated with rectangles dipping within the brittle layer of the earth’s 

crust. Fault planes are adequately described by the use of geometric 

parameters such as the length, L, and the width, w, as well as the fault plane 

solution. The dimensions of the aforementioned parameters can be evaluated 

from the spatial distribution of the aftershocks following the main event, but 

such information is either unavailable or insufficient in most of our case 

studies because of the limited density and efficiency of the National 

Seismological Network in certain areas. Therefore, in order to calculate the 

rupture parameters that are necessary for the model application, empirical 

relationships were employed when field observations or relevant information 

from previous investigations were not available. These relationships were 

taken from Papazachos et al. (2004) who collected worldwide data and 

proposed scaling laws for different seismotectonic environments, according 

to which fault length (in km) can be calculated as a function of the earthquake 

magnitude. Different relationships were obtained for strike slip faults (2.10a), 

for continental dip-slip (either normal of reverse) faults (2.10b) and for thrust 

faults in subduction zones (2.10c) 

 30.259.0log  ML , (2.10a) 

 86.150.0log  ML , (2.10b) 

 19.255.0log  ML . (2.10c) 

Estimates from equations (2.10) and the respective relations proposed 

by Wells and Coppersmith (1994) were found to be in good agreement in 

several cases. Fault widths were estimated from the dip angle of the fault and 
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the distance measured down–dip from the surface to the upper and lower 

edges of the rectangular dislocation plane, respectively, as 
)sin(dip

h
w 

 

, 

where h, is the width of the seismogenic layer. The seismogenic layer 

typically lies between approximately 2 and 20 km, in the back arc region, as it 

comes from the focal depth determinations of the larger events (Papazachos 

et al., 2009, Fig. 2.1), and from studies of aftershock sequences with accurate 

depth determinations (e.g. Papazachos et al., 2000; Karakostas et al., 2003, 

2010, 2012; Tan et al., 2014). The value of h adopted in this study was 12km 

(3-15 km). The estimation of the rupture widths associated with low angle 

thrust faulting along the subduction zone was accomplished after the 

constraint L≥W was fulfilled (Lin and Stein 2004; Messini et al., 2007). 

 
Fig. 2.1. Depth distribution of earthquake foci in the back arc area of the Aegean. 83% of the 

better located M≥2.5 events after August 2008 have depths≤20km (red bars), whereas 85.5% 

of all recorded events after 1981 are located at depths≤20km (blue bars). 

The average coseismic slip, 



u , was calculated from the seismic 

moment, Mo, of an earthquake as 

 wLuGSuGMo   ,         (2.11) 

where G is the shear modulus and S is the fault surface (S=Lw). The 

along strike and downdip components of the slip vector were computed in 
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terms of the geometry of each segment. The shear modulus G was set here 

equal to 3.3∙105 bars for the back arc area (Stein et al., 1997; Papadimitriou and 

Sykes, 2001; Toda et al., 2005) and 5.0∙105 bars for the subduction zone: 

According to Bird and Kagan (2004) this later value encompasses both crustal 

and mantle values and therefore it is more appropriate for oceanic 

convergent boundaries and subduction zones. The Poisson ratio was fixed at 

ν=1/4 (Stein et al., 1997; Parsons et al., 1999; Papadimitriou and Sykes, 2001; 

Pollitz and Sacks, 2002; Ganas et al., 2005). 

2.2.2   ΔCFF Calculation  

Coulomb stress changes were calculated by application of the constant 

apparent friction model (2.6) from the coseismic displacements of the 

stronger (M≥5.8) events that occurred in the study area since the beginning of 

a given learning period. Nostro et al. (2005) showed that this approach 

provides similar results with the isotropic poroelastic model (Beeler et al., 

2000; Cocco and Rice, 2002). According to this latter model the pore pressure 

changes depend on the volumetric stress changes such that ΔP=-BΔσkk/3. 

Following this formulation it yields 








 


3

kk
n BCFF


   ,  (2.12) 

where Δσkk, is the alteration of the trace of the stress tensor and B is the 

Skempton’s coefficient which theoretically ranges from 0, for dry soil, to 1, for 

fully saturated soil. Robinson and McGinty (2000) estimated the values of the 

stress tensor components from geodetic results, earthquake focal mechanisms 

and P-wave polarity data. In such way they determined the orientation of σ11 

σ22 and σ33 and also the magnitude of the deviatoric stress and combined 

these results with dislocation theory to study the aftershock distribution of 

1994 Arthur’s Pass earthquake (New Zealand).  The apparent friction 

coefficient, μ’, is related to the above parameters as: μ’=(μ-α)(1-B), where, α, 

is the Linker and Dieterich (1992) parameter to account for the temporal 
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changes of the effective normal stress. If in the fault zone Δσ11=Δσ22=Δσ33, so 

that Δσkk/3= Δσ, then the apparent coefficient of friction is defined as μ’=μ(1 - 

B). Catalli et al. (2008) derived values of μ’=0.45 when they applied the 

isotropic poroelastic model and μ’=0.27 when they applied the constant 

apparent friction model. Cocco et al. (2010) used the value of 0.4 for the 

apparent coefficient of friction, yielding from α=0.25, μ=0.75 and B=0.47. Stein 

et al. (1997), Nalbant et al. (1998) and Paradisopoulou et al. (2010) applied a 

value of apparent friction coefficient, μ’=0.4 whereas Papadimitriou and 

Sykes (2001) set μ’= 0.6 for NAF, Western Turkey and North Aegean. 

Calculations performed with different values of μ’ (0.2–0.9) in the study of 

2001 Skyros sequence, confirm that the resulted ΔCFF values are generally 

insensitive in μ’ fluctuation (Karakostas et al., 2003). The value adopted in 

this study was μ’=0.4, whereas additional calculations carried out with μ’=0.6 

yielded identical results.  

2.2.3 Determination of Long Term Slip Rates (Stressing Rate)   

The determination of the stressing rate on the major faults of the study 

area is necessary for the expected seismicity rate estimation. It is assumed 

that the stressing rate is time independent and its spatial distribution is 

uniform. The values of stressing rate are used to determine the state variable 

γ, applied in the Rate/State model, for each time step. In the present study, 

the slip rates on the major faults as they were defined from geodetic data 

(McClusky et al., 2000; Reilinger et al., 2006) were used in order to determine 

the stressing rates onto them. For the calculations, only 60% of the geodetic 

slip rate value was considered for accounting the seismic part of the secular 

tectonic motion. Different values for seismic coupling along the NAF and its 

surroundings have been proposed and they vary between 20-75% (Ward, 

1998; Ayhan et al., 2001; Bird and Kagan, 2004), but most of them suggest a 

value close to 60%. Here a constant stressing rate, averaged from the one 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



76 
 

upon each fault segment is considered for each sub-area, uniform throughout 

the seismogenic layer (both along strike and dip direction). Nevertheless, not 

a unique value of the uniform stressing rate was employed in the 

calculations, but a trial with a broad range of values was attempted in each 

case study in order to cope with the uncertainties yielding from the 

evaluation process and also to take into account different level of seismic 

coupling.  

2.2.4 Characteristic Relaxation Time and Product Aσ 

Characteristic relaxation time expresses the amount of time necessary 

to be elapsed until the rates of earthquake production restore to the values 

that prevailed before the main event occurrence. It becomes then clear that 

tectonic stressing rate governs the duration of the stress perturbation effects 

on the seismicity rate. This effect is stronger on faults with low stressing rates 

because they require more time to recover to their initial conditions (Toda et 

al., 2002; Parsons, 2002; Llenos et al., 2009). The estimate of characteristic 

relaxation time in the shallow crust under hydrostatic effective normal stress 

leads to values from months to decades (Beeler et al., 2014 and references 

therein). Dieterich (1994) pointed out that ta values range from 0.2 to 12 yrs 

for different regions worldwide, suggesting a value of 10.2years for shallow 

earthquakes (h<70km) and for magnitudes greater than 6.0. Perfettini and 

Avouac (2004) obtained a ta=8.5 when studying the 1999 Chi-Chi aftershock 

sequence, consistent with an average value of ~7yrs (ranging from 5 to more 

than 10 years) as derived by Rousset et al. (2012) for the same aftershock 

sequence. Toda et al. (2005) estimated characteristic relaxation time varying 

from 7-66 years for various fault segments in Southern California, whereas 

Toda and Enescu (2011) arbitrary assigned a spatially variable of ta for the 

Japanese Arc, being <20yrs offshore, in a close distance from the trough and 

getting much higher values (up to 100yrs) in the mainland. According to an 
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alternative approach, the ratio of the mean recurrence time to the 

characteristic time, tr/ta, is found ranging between 10-50 (Tajima and 

Kanamori, 1985; Wesson, 1987; Dieterich, 1994). Given that the average 

recurrence time of the strongest events in the broader Aegean site is assumed 

to be approximately 250 years, it results to a characteristic relaxation time 

between 5–25 years. However, following Dieterich (1994) the tested values of 

ta in the present study were extended in some cases covering a broader range 

from 2.5 to 30 years.  

The former values of stressing rate and characteristic time were set in 

equation (2.8) to obtain a wide range of Aσ values for each case studied. The 

attempt to estimate from direct measurements separately the A and σ values 

is very difficult, especially in the earth’s interior. From laboratory 

observations, parameter A was found taking values in a range between 0.005 

to 0.015 for various rock types, temperatures and pressure conditions 

(Dieterich, 1994; Scholz, 1998). Harris and Simpson (1998) suggested that 

acceptable values of A should be between 10-4 – 103, whereas the effective 

normal stress, σ, depends on depth, regional stress, fault orientation and pore 

pressure (Hainzl et al., 2010). Most commonly the combined parameter Aσ is 

considered as a product instead, which describes the frictional resistance of 

the fault segments, i. e. the instantaneous response of friction to a sudden 

change of slip speed (Toda and Stein, 2003). Regarding the results of previous 

studies, the range of Ασ is found between 0.01bars to 6–9bars (Harris and 

Simpson, 1998; Catalli et al., 2008), with values between 0.4bars – 1bars being 

more popular in many investigations (Stein et al., 1997; Stein, 1999; 

Belardinelli et al., 1999; Guatteri et al., 2001; Toda and Stein, 2003; Toda et al., 

2005; Ghimire et al., 2008; Hainzl et al., 2010). Several recent studies though, 

suggest lower values of Aσ. For example Hainzl et al. (2013) applied values 

varying from 0.0016 bars to 0.16bars) whereas Maccaferi et al. (2013) accepted 

a value of 0.05 bars for their analysis in the extensional regime of Iceland. The 
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role of Ασ was analyzed by Catalli et al. (2008) who showed that the total 

number of triggered events in a given time interval after a main shock 

increases, when Ασ decreases, also in agreement with Belardinelli et al. 

(2003). 

To summarize, characteristic relaxation time and stressing rate was 

determined and product Aσ was derived by their values. This means that in 

addition to the reference seismicity rate (see the following section), only two 

out of these three parameters needed to be defined. Therefore, the Rate/State 

model is constituted of 3 free parameters and the influence of their variance 

on the results has to be evaluated. Hainzl et al. (2009) introduced the 

coefficient of variation (CV), as a fourth free parameter. They fixed the value 

of ta and fitted the remaining parameters using the maximum likelihood 

method. There is also a connection between stressing rate,  , and the 

reference seismicity rate, r, since the seismic moment released by the 

reference seismic activity should be equal to the seismic moment induced by 

tectonic loading over long periods (Hainzl et al., 2010). According to Kostrov 

(1974), there is a linear relationship between these two parameters as 

V

r
Mr 0 , where 0M  is the scalar value of summed seismic moment tensor 

divided by the number of earthquakes and V, stands for the volume of the 

seismogenic layer.   

2.2.5   Reference Seismicity Rate Evaluation 

From now on the definition based on Cocco et al. (2010) for reference 

and background rates will be adopted throughout the manuscript: 

"Reference" seismicity rate refers to a time-independent spatially smoothed 

seismicity rate calculated by using a non-declustered catalogue. On the other 

hand, we refer to "background" seismicity rate, as a time-independent 

average seismicity rate computed in a predefined time window from a 

declustered catalogue.  
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A common issue of debate is whether reference or background 

seismicity rates are the most appropriate input data for seismicity rate 

studies. The main argument of those who use declustered datasets (or 

equivalently background seismicity rates) is that two kinds of seismicity can 

be distinguished in general: the first one is the time independent seismicity, 

which is supposed to be constant in time, given a constant fault stressing rate 

and can be considered as normal for a certain region (Habermann and Wyss, 

1984). The second is the triggered one, such as aftershock sequences which 

decay with time according to the Omori’s law. The later type of seismicity is 

not characteristic of one region and quite often it is removed from the 

datasets for specific kind of analyses. The methods that have been developed 

to discriminate the dependent from independent fraction of seismic activity 

are divided into conventional and stochastic approaches. The methods 

forming the first group can be classified into two classes: window based and 

link based methods. The window-based methods remove the smaller 

earthquakes in a space-time window around a larger event, usually named as 

main shock (Utsu, 1969; Gardner and Knopoff, 1974; Keilis–Borok and 

Kossobokov, 1986; Molchan and Dmitrieva, 1992). Most commonly, the larger 

the magnitude of the main shock the bigger the window size. The link-based 

methods remove events which are within a compromised space-time distance 

to an earlier event (Reasenberg, 1985; Frohlich and Davis, 1990; Davis and 

Frohlich, 1991). 

In these conventional declustering methods, it is difficult to find 

optimal parameters for the sizes of space-time windows or the link distance 

and therefore the declustering output may be quite sensitive to such 

subjective choices. Moreover shortcoming of conventional declustering is that 

removing earthquakes in the catalogue may cause losses of potentially useful 

information. For these reasons stochastic declustering methods were 
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developed. Most of these models for the space-time-magnitude occurrences 

of earthquake clusters are in the form of branching point process 

(Adamopoulos, 1976; Kagan, 1991; Musmeci and Vere-Jones, 1992; Rathbun, 

1993; Ogata, 1998; Ogata et al., 2003; Ogata, 2004; Zhuang et al., 2002, 2004; 

Console and Murru, 2001; Console et al., 2003, Marzocchi and Lombardi, 

2008). These models generally classify seismicity into two components, the 

background and the clustered, where each earthquake, whether it be from the 

background component (or generated by another event), produces (triggers) 

its own offspring (aftershocks) according to some branching rules (Zhuang et 

al., 2004).  

It is shown in many recent studies however,  that the independent 

fraction of seismicity, as it is assumed, actually exhibits temporal fluctuations 

which can be noticeable even during short time scales (Hainzl and Ogata, 

2005; Tsukakoshi and Shimazaki, 2006; Lombardi et al., 2010). Regardless the 

cause of these anomalies (coseismic stress perturbations, fluid flow, pore 

pressure relaxation), the fact is that even the most recent and sophisticated 

declustering algorithms (Zhuang et al., 2002; 2005; 2011; Marzocchi and 

Lombardi, 2008, Tibi et al., 2011; Jacobs et al., 2013) cannot ensure that the 

remaining seismicity will correspond to a time independent, stationary 

physical process, in many of the cases. On the contrary it is preferred to use 

reference seismicity rates coming from non-declustered catalog (Catalli et al., 

2008; Cocco et al., 2010; Leptokaropoulos et al., 2012), from the recorded 

seismicity and a certain stressing history, to predict the evolution of the 

occurrence rates in any space-time window. 

It must be pointed out that in this sense, the reference seismicity rate 

cannot be considered as the rate of earthquake occurrence in the absence of 

any stress perturbation (Cocco et al., 2010). In order to observe the actual 

reference seismicity rate one should wait for a long time (about the double of 
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the characteristic relaxation time, ta) after any stress perturbation in the study 

area (Console and Catalli, 2006). Ideally, to obtain the reference seismicity 

rate, one should average seismicity rates over centuries or at least over a 

period much longer than the characteristic relaxation time (Toda et al., 2005). 

Since strong earthquakes are sufficiently frequent and the instrumental 

records cover a period of approximately one century, it is unrealistic for any 

available data set to contain only unperturbed events reflecting the actual 

reference seismicity earthquake occurrence rate.  

In the present study, reference and also observed seismicity rates for 

any inter-event time interval are computed by spatially smoothing the 

seismicity. The selected smoothing technique is more properly applied in 

areas as small as data adequacy permits. This happens because the spatial 

smoothing intrinsically present, delineates realistically the real seismicity 

rates in datasets with similar statistical properties i.e. data density and 

variance. For this purpose a probability density function (PDF) of epicenters 

distribution was considered. This function determines the seismicity rates at 

the center of each cell of a normal grid superimposed on each study area and 

these values are considered constant in time as the same is considered for the 

secular tectonic stressing rate. The PDF is estimated by a bivariate kernel 

density estimator of the form (Silverman, 1986; Efron, 1993) 
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with Xi, Yi, being the epicentral coordinates (longitude, λ and latitude, φ, 

respectively), x and y, representing the boundaries (geographical 

coordinates) of each cell center (on which the PDF value is estimated), n, is 
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the number of events, inside each cell and h, is the bandwidth (or window 

width, or smoothing parameter) having the same units as Xi, Yi, x, y. The 

kernel determines the regularity and the shape of the estimator, whereas the 

window width controls the degree of smoothing. From equations (2.13) and 

(2.14) the probability is derived 
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which is twice the integral of the Gaussian distribution with mean zero 

and variance of 1/2. Finally the seismicity rate is estimated for the given time 

period, Δt, as R=n/Δt. This corresponds to the real seismicity rate of the given 

time period and is compared with the value of expected seismicity rate for 

the respective period resulted from (2.9). 

2.2.5.1 Selection of bandwidth, h 

As shown in equations 2.13 and 2.15, the value of probability density, 

P, is a function of the bandwidth, h, which represents the expanse of the area 

which is being influenced by each value P and therefore it determines the 

degree of smoothing. In general, high values of the window width represent 

better systematic variations, whereas lower values are usually set for 

revealing random local fluctuations. The bandwidth may have a single value, 

h, two values depending on the x and y coordinates variance, hx and hy, 

respectively, or being adaptive when the smoothing is performed around 

each epicenter (rather than around each cell), and increases when the data 

become sparse (e.g. Helmstetter et al., 2006a; Werner et al., 2010, Botev et al., 

2010). In the present study the division into the subareas was done by taking 

into account a relatively homogenous seismicity rate level and therefore we 

applied the first approach. Calculation of hx and hy provided identical values 
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with the single one in the sub-areas and therefore the constant smoothing 

factor assumption could be applied with sufficiency.  

Several methods were proposed for a proper h value estimate such as 

the second derivative of the probability density function (Silverman, 1978), 

the optimal data–based selection of the smoothing parameter (Hall et al., 

1991), several variations of the cross validation method (Sain et al., 1994) and 

the rule of thumb (Silverman, 1986). In general, high values of the window 

width represent better the systematic variation, while smaller values make 

random fluctuations clearer. In the present study the Silverman’s (1986) 

formulation was applied 

    6

1


 Kh   ,             (2.17) 

where σ2=0.5(sxx + syy) and  sxx and syy are sample variances of Xi and Yi, 

respectively, and K the number of events included in the period of interest. 

An example of different smoothing level (bandwidth) applied in seismicity 

from 1965 to 1981 in North Aegean and Corinth Gulf is demonstrated in Fig. 

2.2.  

Lower values are preferable because in such way each earthquake has 

a limited area of influence and consequently low seismicity areas should be 

better distinguished.  The applying values of bandwidth though, fluctuate 

between 0.04ο to 0.30ο (or alternatively radius of 4.5km to 33.3km). 

Silverman’s (1986) formula for appropriate h estimation in respect to the data 

number and variance provides values between 0.07o-0.14o depended upon the 

selected sub-areas and the respective data sets used for the analysis. 
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Fig. 2.2. Smoothed seismicity rates in North Aegean (upper frames) and Corinth Gulf (lower 

frames). Blue dots correspond to earthquakes with M≥MC that occurred in the two sites from 

1964 to 1981. Lower bandwidth values reveal local seismicity rate peaks whereas higher 

values over-smooth the seismicity rate all over the study area.   

2.2.6 Model Evaluation quantification of the Results 

Once the modeled seismicity rates were calculated (2.9), they were 

compared with the observed ones (2.15) for the respective inter-event time 

windows constituting the study periods. A comprehensive qualitative 

representation was accomplished by mapping the ratio of expected/observed 

seismicity rates in the study areas. The closer this ratio to unity the better the 

forecasting ability that the model provides. The comparisons were performed 

for all calculated pairs except those with extremely low values of seismicity 

rates (<0.0001 events∙cell–1∙yr–1) which correspond to areas with very low 

seismic activity, associated with minor faults or even large epicentral errors. 

This constraint provides statistically more robust results because the 

comparison of seismicity rates in relatively less active areas with different 

properties is avoided.  
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Quantitative comparison was accomplished by calculating the 

Pearson’s linear correlation coefficient (PCC) and its 95% confidence intervals 

for a variety of combinations of parameter values. Although PCC is a 

parametric coefficient, assuming the normality of the data set, in all examined 

cases the sample size is adequately large, exceeding 400 observations, such 

that the central limit theorem can be recalled to approximate normality. 

Significance testing for PCC was also performed by estimating the 

corresponding p-value that is the highest level of significance at which the 

null hypothesis, stating that PCC=0, can still be rejected. In all cases where 

PCC>35% the p-value was found less than 10-5 indicating that there is a linear 

relationship between observed and expected seismicity rates. The linear 

correlation was estimated in all cases (i.e. the study areas and the respective 

time windows), once for the entire data set and once more, only for the data 

accommodated in areas experiencing positive ΔCFF. This approach was 

selected for two reasons: First, as already shown in previous studies, most of 

the subsequent large earthquakes occur in such areas (Toda and Stein, 2003). 

Moreover, onto-fault aftershocks inevitably occur in areas of apparent stress 

shadow because of the weakness of the applying rupture model to simulate 

stress changes in the near field. This apparent misfit is avoided by targeting 

on remote (off-fault), positive ΔCFF areas, as already mentioned in previous 

sections. 

2.2.7 Contribution to Probabilistic Seismic Hazard Assessment 

The corner stone of the analysis carried out is to provide a more 

comprehensive and accepted in the common consensus measure of the 

estimated seismicity rate changes, which can be also incorporated for 

probabilistic seismic hazard assessment implications. Strictly settled, the goal 

of probabilistic seismic hazard analysis (PSHA) is to quantify the rate (or 

probability) of exceeding various ground-motion levels (traditionally Peak 
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Ground Acceleration, PGA) at a site (or a map of sites) given all possible 

earthquakes (first formulized by Cornell, 1968). According to Senior Seismic 

Hazard Analysis Committee (SSHAC), ‚PSHA is a methodology that 

estimates the likelihood that various levels of earthquake-caused ground 

motions will be exceeded at a given location in a given future time period. 

The results of such an analysis are expressed as estimated probabilities per 

year or estimated annual frequencies‛. PSHA therefore, comprises two main 

components: an earthquake rupture forecast, which provides the probabilities 

for a complete set of fault rupture scenarios, and a ground-motion model, 

which predicts the intensity of seismic shaking at a site, conditional on the 

earthquake scenario (McGuire, 2004; Wang and Jordan, 2014). The 

contribution of this thesis to PSHA is to provide the exceedance probabilities 

of a predefined magnitude during a specified time period in particular sites 

(seismic sources) of the broader Aegean region.  

Previous studies assessing seismic hazard by probabilistic means have 

been accomplished in the study area. Stein et al. (1997) translated the 

calculated coseismic stress changes due to M≥6.7 earthquakes along NAF 

(1939-1992), into earthquake probability gains. In doing so they used an 

earthquake nucleation constitutive relation, which includes both permanent 

and transient effects of the sudden stress changes, and managed to assess and 

update seismic hazard for their study area. Parsons et al. (2000) calculated the 

probability of strong shaking in the vicinity of Istanbul for a time horizon of 

10 and 30 years. They considered the time-dependent effect of the coseismic 

Coulomb stress change variations caused by the 1999 Izmit earthquake and 

calculated 62±15% and 32±12% probabilities of PGA>0.35g for the next 30 and 

10 years, respectively.  In a similar but far more detailed study, Parsons 

(2004) estimated time-dependent probabilities by applying different 

approaches incorporating stress transfer. He derived probability values for a 

M≥7.0 earthquake ranging from 21%-53% to take place in the Marmara Sea 
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region during 2004-2034. Papaioannou and Papazachos (2000) introduced 

and applied a procedure for assessing stationary and time-dependent seismic 

hazard for 144 broad sites (seismogenic sources) in the Aegean area. They 

estimated stationary seismic hazard in terms of macroseismic intensity, peak 

horizontal ground acceleration and velocity at each one of these 144 sites. 

Time dependent seismic hazard was assessed in terms of the occurrence 

probability of strong ground motion with macroscopic intensity greater than 

VII at each one of the aforementioned sites for the period 1996-2010. 

Tsapanos et al. (2004), applied the methodology developed by Kijko and 

Graham (1998, 1999) and the PGA attenuation relation proposed by Margaris 

et al. (2001), to produce hazard maps for Greece and the surrounding areas, 

including 7 major cities. The levels of seismic hazard at the sites of the seven 

Greek cities were assessed in terms of probabilities that a given PGA value 

will be exceeded at least once in 1, 50 and 100 years at the sites of the cities. 

The new map showed that spatial distribution of seismic hazard corresponds 

well with the features of shallow seismicity within the examined region.  

Probabilistic seismic hazard assessment in Greece was also carried out 

by Tselentis and Danciu (2010) and Tselentis et al. (2010), from engineering 

ground motion parameters and acceleration response/ elastic input energy 

spectra, respectively. In the first study the authors concluded with 

probabilistic hazard maps for the ground motion parameters estimated for a 

fixed return period of 475 years. From these maps the estimated values were 

reported for 52 Greek municipalities and additionally probabilistic 

macroseismic intensity maps were obtained as well. In the second paper, 

probabilistic hazard maps were reproduced by determining the seismic 

hazard at grid points covering their study region. 

Paradisopoulou (2009) provided a new insight on seismic hazard 

evaluation by translating the calculated stress changes into earthquake 
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probabilities applying an earthquake nucleation constitutive relation, 

combining both permanent and transient effects. More specifically, following 

the methodology and formulation published by Stein et al., 1997, she 

evaluated the probability of a strong (M≥6.5) earthquake occurrence in some 

of the active fault segments of the broader Aegean area, for a time horizon 

equal to 30 years. For the probability calculations 4 different approaches were 

followed. A Poisson model given the average return periods of M≥6.5 

earthquakes; a conditional probability estimate (Hagiwara, 1974) assuming a 

lognormal distribution and given the average return periods of M≥6.5 

earthquakes. The expected seismicity rates were estimated given the 

conditional probability incorporating the permanent stress change effect. In 

addition to conditional probability the permanent effect of stress changes was 

introduced to provoke or the inhibit time-to-failure. Then expected seismicity 

rates were used to estimate the conditional probability including the transient 

influence of stress changes and finally 3 values were obtained in each case 

corresponding to the minimum, average and maximum probability for a 30-

year period. She concluded that in several cases there was a significant 

difference among the probabilities with respect to the consideration of stress 

effects and therefore these stress changes should not be excluded from 

probability calculations. 

In this thesis the exceedance probability of an M≥6.0 and M≥6.5 event is 

estimated in the selected study areas for a 10-year time period. As stated in 

Toda et al. (2003), one can easily transform maps of the expected number (or 

probability) of M≥Mi events into the number (or probability) of earthquakes 

of any magnitude for any time period, given a magnitude-frequency relation.  

Here, the magnitude distribution is estimated for each sub-area (seismic 

source) according to a non-parametric approach rather than determining the 

parameters of a specified theoretical distribution (i.e. Gutenberg-Richter law). 

This decision was made after Lasocki and Papadimitriou (2006) found that 
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there are significant declinations from a simple power law in 3 seismic active 

areas of Greece (Cephalonia Transform Zone, North Aegean and Thessalia) 

and this fact has impact on evaluation of return periods and consequently, 

hazard estimation. The model free, unbounded estimation (Kijko et al., 2001; 

Lasocki and Orlecka-Sikora, 2008) applied in this study ensures a satisfactory 

agreement between the average return period estimates and actual 

observations (description of the method and formulation is given in 

Appendix D). The exceedance probabilities for M≥6.0 and M≥6.5 were 

estimated in each sub-area of the broader Aegean region for a time horizon of 

a decade, given the expected seismicity rates as they were estimated in 

Chapter 2. The 95% confidence intervals of probabilities were established by 

estimating the 95% confidence bounds for the non-parametric kernel 

estimator of cumulative distribution function of magnitude by the means of 

bootstrap resampling. 

2.3 Applications  

After explicitly describing the procedure of forecasting seismicity 

followed in this study, the results of its application in selected areas of the 

broader Aegean region are demonstrated. A total of 6 different sites (namely 

Corinth Gulf, Central Ionian Sea, South Aegean, Western Turkey, North 

Aegean and Thessalia) differing in seismotectonic properties where studied 

(Table 2.1). However, three of these sites (North Aegean, South Aegean and 

Western Turkey) were large enough to exhibit considerable internal 

inhomogeneity. The probabilistic seismicity rate evaluation that was selected 

for the purpose of this study is more properly applied in smaller areas as 

described in section 2.2.5. In order to compromise both constraints (data 

sufficiency and homogeneity) each one of the previously mentioned areas 

were further divided into 4 smaller sub-areas in which these preconditions 

regarding the data were fulfilled.  
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Table 2.1.  Information on datasets and parameter values that applied in the 6 study sites and 

their sub-areas (given in the first column) that are studied in the present thesis. The second 

column shows the duration of the study periods selected, the third column the Completeness 

magnitude, MC, as calculated for each application and the fourth column provides the forecasting 

(study) periods tested. The fifth, six and seventh columns show the Rate/State model parameter 

range that was estimated i.e. the stressing rate, the characteristic relaxation time and product Aσ 

respectively. The range of the bandwidth value selected to smooth reference and observed 

seismicity rates is given in eighth column.      

Region 
Learning 

Periods 
MC 

Study 

Periods 

  
(bar/yr) 

ta 

(years) 
Aσ (bar) h (o) 

Corinth Gulf 
1970-1981 3.7 

1981-1992 

1992-1995 

1995-1999 

1999-2008 

2008-2013 
0.01-0.10 2.5-25 0.025-2.5 0.04-0.24 

1985-1995 3.5 
1995-2008 

2008-2013 

Central Ionian 

Sea 

1973-1983 4.3 
1983-1997 

1997-2003 

2003-2012 0.025-0.15 2-30 0.05-4.5 0.04-0.24 

1989-1997 3.6 
1997-2003 

2003-2012 

South Aegean 1 
1971-1997 4.0 1997-2008 

2008-2012 

0.005-0.06 2.5-25 0.0125-1.5 0.04-0.24 

1981-1997 3.7 

South Aegean 2 
1971-2004 4.3 2004-2007 

2007-2012 1991-2004 3.9 

South Aegean 3 
1991-2009 4.1 

2009-2012 
2001-2009 3.7 

South Aegean 4 
1971-1996 4.4 1996-2008 

2008-2012 1991-1996 4.1 

Western Turkey 1 1991-1999 3.7 
1999a-1999b 

1999b-2010 
0.04-0.25 2.5-25 0.10-6.25 0.04-0.30 

Western Turkey 2 1979-1992 3.8 

1992-2003 

2003-2005a 

2005a-2005b 

2005b-2010 

0.01-0.08 5-30 0.05-2.4 0.04-0.24 

Western Turkey 3 1987-1996 4.1 
1996-2008 

2008-2010 
0.01-0.10 5-30 0.05-3.0 0.04-0.26 

Western Turkey 4 1991-1995 3.7 

1995-1999 

1999-2000 

2000-2002 

2002-2010 

0.01-0.06 5-30 0.05-1.8 0.04-0.28 

North Aegean 1 

1970-1981 

3.5 

1981-1982 

1982-1983 

1983-2001 

2001-2012 

0.005-0.08 2.5-25 0.0125-2.0 0.04-0.24 

North Aegean 2 4.1 
1981-1983 

1983-2001 

2001-2012 
0.01-0.15 2.5-25 0.025-3.75 0.04-0.24 

North Aegean 3 4.1 

1981-1982 

1982-1983 

1983-2001 

2001-2012 

0.01-0.08 2.5-25 0.025-2.0 0.04-0.24 

North Aegean 4 3.8 
1981-1997 

1997-2012 
0.01-0.08 2.5-25 0.025-2.0 0.04-0.24 

Thessalia 1970-1980 3.6 
1980-1995 

1995-2012 
0.01-0.08 2.5-30 0.025-2.4 0.04-0.24 
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2.3.1 Area 1 – Corinth Gulf   

2.3.1.1  Introduction 

Corinth Gulf region (Fig. 2.3) is dominated by intense extensional 

deformation and exhibits high seismic activity, since it consists one of the 

most rapidly deforming continental extension areas in the Mediterranean 

domain. This rift has been generalized as an East-West trending, asymmetric 

half-graben with North-South oriented extension controlled by a series of en-

echelon north dipping normal faults along the southern coast together with 

minor south dipping antithetic faults along its northern boundary (Roberts 

and Jackson, 1991; Armijo et al., 1996; Bell et al., 2008). 

During the Quaternary, the Aegean extension was accelerated by the 

southwestward propagation of the North Anatolian fault (NAF), which has 

reactivated the structure of the Corinth rift approximately 1 Ma ago (Armijo 

et al., 1996). Presently, the rift extension is accommodated in a narrow band 

off–shore, presenting an extension rate that is greater in the western part (15 

mm/yr) compared with the central (10 mm/yr) and the eastern part (<5 

mm/yr) (e.g., Davies et al., 1997; Clarke et al., 1998; Briole et al., 2000). The 

total extensional deformation is related to some combination of the three 

following processes: back arc extension due to subduction at the Hellenic 

Trench (McKenzie, 1972; Doutsos et al., 1988); westward propagation of the 

North Anatolian fault (Taymaz et al., 1991; Armijo et al., 1996); gravitational 

collapse of lithosphere thickened in the Hellenides orogeny (Jolivet, 2001). 

Detailed descriptions of these motions can be found in Briole et al. (2000), 

Avallone et al. (2004) and Bernard et al. (2006). 
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Fig. 2.3. Morphological map of the study area (indicated by the rectangle). Seismicity with 

M≥3.7 that occurred in the study area since 1970 is shown along with the fault plane 

solutions of the strongest shocks (their epicenters are depicted by yellow stars) that were 

taken into account for the ΔCFF calculations incorporated in the Rate/ State model. 

 

The Corinth Gulf is not only the one of the most active sites but also 

the most accessible one to observations because only its central part is below 

the sea level (Briole et al., 2000). The highest seismic activity recently is 

concentrated mostly in the western part of the gulf, with considerably lower 

seismicity in the central part. The deployment of either temporal or 

permanent local dense seismological networks in the western part of the 

Corinth gulf has revealed a continuous high seismic activity in this area in the 

last two decades (Rigo et al., 1996, Hatzfeld et al., 2000; Lyon–Caen et al., 

2004; Bernard et al., 2006; Pacchiani and Lyon–Caen, 2010). Information on 

the strong earthquakes in the Corinth Gulf, both historical and instrumental, 

is provided by Ambraseys and Jackson (1990, 1997), Papazachos and 

Papazachou (2003) and  Ambraseys (2009) whereas implementations in co-

seismic stress transfer was recently accomplished by Console et al. (2013). 
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2.3.1.2  Data 

For the seismicity rate variation analysis in Corinth Gulf the data from 

the Hellenic Unified Seismological Network (HUSN) was elaborated. Corinth 

Gulf sustains one of the best monitored areas of the Aegean region, since the 

adequately dense National seismological network and the local morphology 

conduce to satisfactory azimuthal coverage, and thus low completeness 

magnitude threshold and considerable hypocentral accuracy. Mc was 

estimated for overlapping 10-year windows by the Modified Goodness-of-Fit 

Test (MGFT – Leptokaropoulos et al., 2013). This approach led to an almost 

uniform spatially MC equal to 3.7 since 1970 (2438 events during 43 years 

period) and 3.5 since 1985 (2860 events for 28 years time interval). For this 

reason two different reference rate periods were considered: One that 

corresponds to the period 1970-1981 and another one which includes the data 

occurred from 1985 to 1995. The origin time, epicentral location, seismic 

moment and focal mechanism of the strongest events (M≥5.9) that were taken 

into account for Coulomb stress changes calculations are shown in Table 2.2. 

The 4 out of the 5 forecasting periods correspond to the inter-event time 

periods between successive strong main-shocks (1981-1992, 1992-1995, 1995-

1999,1999-2008), except for the last one that begins on 8th of June 2008 and 

ends on 31st of December 2012.  

Table 2.2. Source parameters of the 11 earthquakes with M≥5.9 modeled for coseismic static 

Coulomb stress changes calculations. 

Event Date 
Epicentral 

Coordinates 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

1981 24FEB 38.070oN 23.040oE 6.7 8.75 262 42 -80 1 

1981 25FEB 38.141oN 23.089oE 6.4 3.97 241 44 -85 1 

1981 04MAR 38.203oN 23.249oE  6.3 2.70 230 45 -90 1 

1992 18NOV 38.340oN 22.440oE 5.9 0.85 265 43 -99 2 

1995 15JUN 38.370oN 22.150oE 6.5 6.10 277 33 -76 3 

1999 07SEP 38.062oN 23.537oE 6.0 0.92 115 57 -80 4 

2008 08JUN 37.945oN 21.544oE 6.5 4.60 301 74 7 2 

1. Taymaz et al., 1991; 2. Global CMT; 3. Bernard et al. (1997); 4. Kiratzi and Louvari (2003);  
 

 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



94 
 

2.3.1.3   Parameters values 

In this application a constant stressing rate was considered on each 

fault segment, uniformly distributed throughout the seismogenic layer (both 

along strike and dip direction), as shown in Table 2.3. The values of stressing 

rate at the center of each fault segment were estimated from the slip rates of 

these segments, as they were defined from geodetic data analysis (Reilinger 

et al., 2006) assuming 60% of the geodetic slip value to account for the seismic 

part of the secular tectonic motion (Table 2.3). The average values of   were 

found to be 0.02 – 0.085 bar/yr, nevertheless a more widespread range from 

0.01 to 0.10 bar/yr was examined in this study. The characteristic relaxation 

time was selected to be between 2.5–25 years (see section 2.2.4). The 

previously mentioned values of stressing rate and characteristic time yield to 

a wide range of Aσ values, between 0.025 and 2.5 bars. The bandwidth was 

given values between 0.04ο to 0.24ο (or alternatively radii of 4.5km to 26.7km), 

whereas according to equation (2.17) an h~0.07o was suggested. All ΔCFF 

calculations were done at the depth of 9 km, which represents approximately 

the nucleation depth in this area (Karakostas et al., 2012). The effective 

friction coefficient was set μ’=0.4 whereas the shear modulus, G, and 

Poisson’s ratio, ν, were fixed at 3.3∙105 bar and 0.25, respectively. 

 

Fig. 2.4. Major fault segments in Corinth Gulf and their code names (Table 2.3). 
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Table 2.3. Information on the major regional fault segments (Fig. 2.4) on which tectonic loading is considered for the Rate/State model calculations. 

Columns represent in turn: the code name of segment, its boundaries, strike, dip, rake, length, width, sense of slip (N: for normal, Ob: for oblique,), slip 

components along strike (positive for sinistral slip) and vertical to it (positive for normal slip) and the stressing rate. 

SN 
Fault Boundaries Strike 

(ο) 

Dip 

(ο) 

Rake 

(ο) 

Length 

(km) 

Width 

(km) 

Type of 

slip 

SS 

(mm/y) 

DS 

(mm/yr) 

Stressing Rate 

(bar/yr) οΝ οΕ οΝ οΕ 

S1 38.087 23.207 38.045 23.021 244 44 -85 16.8 21.6 Ν 1.2 -5.2 0.0400 – 0.0850 

S2 38.045 23.021 38.037 22.851 268 45 -80 14.4 21.2 Ν 1.2 -5.2 0.0400 – 0.0850 

S3 38.037 22.851 38.131 22.721 271 45 -80 11.5 21.2 Ν 1.0 -5 0.0400 – 0.0675 

S4 38.131 22.721 38.211 22.497 295 30 -80 21 30 Ν 0.8 -4.4 0.0300 – 0.0600 

S5 38.211 22.497 38.317 22.152 293 30 -95 31.2 30 Ν 0.4 -4.4 0.0231 – 0.0463 

S6 38.317 22.152 38.337 21.854 308 34 -76 17.5 27 Ν 0.6 -4.2 0.0307 – 0.0512 

S7 38.337 21.854 38.305 21.748 275 34 -70 12.7 27 Ob 1.8 -2.4 0.0181 – 0.0295 
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2.3.1.4   Results – Discussion 

  
Fig. 2.4. Ratio of expected/observed seismicity rates for Corinth Gulf area, with reference 

seismicity rate obtained from 1970-1981 (M>3.7). Red colors show that the excepted values are 

overestimated in comparison with the observed ones whereas blue colors show higher 

observed seismicity rates than the simulated ones. White areas correspond to ratio value 

between 0.5-2, suggesting sufficient model performance. Parameter values applied are: 

h=0.07o, r =0.03bar∙yr–1  and ta=5yrs Aσ=0.15bar). 
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Fig 2.4 shows the comparison of the Rate/State modeling results with 

the observed seismicity rates during the inter-event time periods between the 

successive strong events shown in Table 2.2.  Reference seismicity rate is 

calculated from the period 1970-1981. For the first 2 study periods (1981-1992 

and 1992-1995) sites where the forecasted seismicity rates are either 

underestimated or overestimated are both evident. The ratio of 

expect/observed seismicity rates is generally closer to 1 in the central and 

western part of the study area. The next two periods (1995-1999 and 1999-

2008) demonstrate extended areas where the model forecasts seismicity rates 

similarly with or slightly lower than the observed ones. In the last study 

period (2008-2012) the pattern quality is identical with the one of the first two 

periods, although there are fewer cells where expected seismicity rates are 

higher than the observed ones. The qualification of the model performance is 

given in Fig. 2.5. It is shown that the two first periods (1981-1992 and 1992-

1995) the correlation coefficient is lower than 0.5 with an exception in the case 

of high bandwidth values (h>0.12o) which are in general inappropriate for the 

given dataset. On the other hand, for the subsequent periods 1995-1999 and 

1999-2008 there is much stronger correlation between real and synthetic 

seismicity rates reaching up to 80%. The last study period (2008-2013) 

demonstrates a PCC value of approximately 0.5 and it is the most sensitive 

together with 1992-1995 in bandwidth fluctuation. Assuming only positive 

ΔCFF areas doesn't lead to a considerable influence in none of the cases and 

the correlation is only changed by less than 10%. Stressing rate between 0.02 

and 0.03 bars/yr and characteristic relaxation time of 5yrs seems to provide 

the best fitting of the model to the observed data, especially for the periods 

where the PCC is sufficiently high (1995-1999, 1999-2008). 
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Fig. 2.5. Quantitative evaluation of the difference between observed-synthetic seismicity rates 

during the inter-event time periods for Corinth Gulf area (colored lines). Solid lines indicate 

the value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence 

intervals for each coefficient are also depicted by fainted lines. The upper frame figures 

yielded from the entire data set, whereas the figure below by taking into account only those 

cells experiencing positive ΔCFF. Reference seismicity rate corresponds to the period 1970-

1981. 

 

The second approach regards seismicity rates forecasted after the 

Aigion, 15th June 1995 earthquake, and assuming reference seismicity rate 

estimated from 1985 to 1995 (Fig. 2.6). Now the ratio of expected/observed 

rate is close to unity in larger number of cells in comparison with the previous 

approach (Fig. 2.4). There are still some areas where the forecasted rates are 

underestimated in all the testing periods. Moreover, the expected rates are 

overestimated in a considerable fraction of the study area for the period 2008-

2012. The correlation coefficient is also improved in all cases when the 

reference seismicity rate is estimated from a more recent period (fig. 2.7): PCC 

is almost constant above 75% for the first two forecasting periods (1995-1999 

and 1999-2008) and reaches up to 90%, whereas for 2008-2013 it is close to 

60%. These values of PCC are also slightly improved when only positive 

ΔCFF are considered for 1992-1995 and 2008-2013 while they are almost 
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identical for the second period (1999-2008). It is also evident here that the 

highest PCC is generally achieved for lower values of ta and r . 

 

Fig. 2.6. Ratio of expected/observed seismicity rates for Corinth Gulf area, with reference 

seismicity rate obtained from 1985-1995 (M>3.5). Red colors show that the excepted values are 

overestimated in comparison with the observed ones whereas blue colors show higher 

observed seismicity rates than the simulated ones. White areas correspond to ratio value 

between 0.5-2.0, suggesting sufficient model performance. Parameter values applied are: 

h=0.07o, r =0.03bar∙yr–1 and ta=5yrs (Aσ=0.15bar). 
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Fig. 2.7. Quantitative evaluation of the difference between observed-synthetic seismicity rates 

during the inter-event time periods for Corinth Gulf area (colored lines). Solid lines indicate 

the value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence 

intervals for each coefficient are also depicted by fainted lines. The upper frame figures 

yielded from the entire data set, whereas the figure below by taking into account only those 

cells experiencing positive ΔCFF. Reference seismicity rate corresponds to the period 1985-

1995. 

2.3.1.5   Contribution to Seismic Hazard Assessment 

The expected seismicity rates after 2008 were estimated by considering 

the influence of coseismic (due to M≥5.9 earthquakes) and tectonic stress 

changes on the reference seismicity rates during 1970-1981 (M≥3.7, Fig. H1). 

The unbounded non-parametric magnitude distribution of the 2438 events 

(M≥3.7 during 1970-2012) was then considered in connection with the 

averaged estimated expected seismicity rate, to calculate the exceedance 

probabilities for the next decade. These probabilities were found equal to 

75.7% (with 95% confidence bounds at 73.8% -77.9%) and 42.6% (with 95% 

confidence bounds at 39.2% - 48.8%) for an earthquake with magnitude 

higher than 6.0 and 6.5, respectively. As shown in figure H1, the expected 

rates and consequently the exceedance probabilities are not spatially uniform. 

The highest probabilities are calculated for the western part of the area, 

whereas in the central and eastern part these probabilities are expected 
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considerably lower. The stress changes associated with the mostly recent and 

strongest events (1995, M=6.5; 2008, M=6.4) have produced a characteristic 

pattern of expected rates (both increased and decreased) in the eastern part of 

Corinth Gulf. It is noteworthy that the epicenter of the first strong (M=5.5) 

earthquake of the 2010, Efpalio sequence (see chapter 3) was located in 

enhanced predicted rate (and high probability) area. 

 

Fig. H1. Snapshot of the expected seismicity rates (M≥3.7) estimated for the period after 2008 

in the Corinth Gulf.   

 

2.3.2   Area 2 – Central  Ionian Sea 

 2.3.2.1  Introduction 

The Central Ionian area (Fig. 2.8), namely the Cephalonia and Lefkada 

Islands, constitutes the most active zone of shallow seismic activity in the 

Aegean and nearby regions. It consists of the transition zone between the 

Hellenic subduction to the south and the continental collision between the 

Apulian and the Aegean plates to the north. McKenzie (1978) indicated the 

existence of transform motions, mainly interpreting the orientation of slip 

vectors from a few focal mechanisms that were available at that time. The 

dextral strike-slip character of the Cephalonia Transform Fault Zone (CΣFZ) 

was first evidenced by Scordilis et al. (1985) and then was further supported 

by Kiratzi and Langston (1991) and Papadimitriou (1993). 
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The CΣFZ is the most prominent feature of tectonic origin in the study 

area sustaining a dextral strike-slip fault system that accommodates frequent 

strong earthquakes, clustered in space and time possibly due to the stress 

transfer between adjacent fault segments (Papadimitriou 2002; Karakostas 

and Papadimtriou, 2010). It consists of two main segments, namely the 

Cephalonia and Lefkada segments (Papazachos et al. 1998, Louvari et al. 1999) 

that differ slightly in their strike and the magnitude of the maximum 

observed earthquake. CTFΖ follows the submarine Cephalonia valley west of 

the island chain from Lefkada to Cephalonia and separates the slowly 

northward- and northwestward-moving (<5 mm/yr with respect to Eurasia) 

northern Ionian Islands from the rapidly southwestward moving (7–30 

mm/yr) central Ionian Islands (Peter et al., 1998; Hollenstein, 2006; 

Hollenstein, 2008). Papadimitriou and Papazachos, (1985) showed that the 

occurrence frequency for the stronger (M>6.5) events in the study area is 

almost constant during the last four centuries with one such shock per 

decade. The maximum observed earthquake magnitude in Cephalonia equals 

to 7.4 and in Lefkada to 6.7 (Papazachos and Papazachou, 2003). Moreover 

moderate magnitude events are also very frequent, oftentimes located 

onshore, constituting an additional threat from the seismic hazard view point. 
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Fig. 2.8. Morphological map of the study area (indicated by the white polygon). Seismicity 

with M≥4.1 in the study area since 1970 is shown along with the fault plane solutions of the 

strongest shocks (their epicenters are depicted by yellow stars) that were taken into account 

for the ΔCFF calculations incorporated in the Rate/State model. Note that two of the main 

shocks occurred outside the study area and they are connected with thrust faulting, but they 

took place close enough to alter the regional stress field.  

 

2.3.2.2   Data 

The data used in the following analysis come from the catalog of the 

Hellenic Unified Seismological Network (HUSN). This catalog demonstrates 

diverse completeness magnitude thresholds since 1964 due to the continuous 

evolution and expansion of the National seismological network. MC was 

estimated for overlapping 10-year time windows (per 5 years) by the means of 

the MGFT technique (Leptokaropoulos et al., 2013). According to the results 

derived from this method, 2 datasets were selected for seismicity rate change 

calculations, exhibiting different sample size and duration: The first dataset is 
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complete above M=4.3 since 1973 (875 events during 40 years) whereas the 

second one includes earthquakes since 1989 with MC=3.6 (2071 events during 

24 years). Information on the source models of the strongest (M≥6.0) events 

that were taken into account for Coulomb stress changes calculations is given 

in Table 2.4. The forecasting periods correspond to the inter-event time 

intervals between successive strong main shocks (1983-1997, 1997-2003), 

except for the last one that starts after the 14th August 2003 Lefkada 

earthquakes and terminates on 31st of December 2012.  

Table 2.4. Source parameters of the 11 earthquakes with M≥6.0 modeled for coseismic static 

Coulomb stress changes calculations. 

Event Date 
Epicentral 

Coordinates 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

1983 17JAN 38.030oN 20.220oE 6.8 20.8 39 45 175 1 

1983 23MAR 38.290oN 20.260oE 6.1 1.92 31 69 174 1 

1997a 18NOV 37.420oN 20.619 oE 

 
6.6 6.46 354 20 159 2 

1997b 18NOV 37.360 oN  20.650 oE 6.1 1.70 354 20 159 2 

2003 14AUG 38.744oN 20.539oE 6.3 2.90 15 80 170 3 

1. Papadimitriou et al. (1993); 2. Kiratzi and Louvari (2003); 3. Papadimitriou et al. (2006) 

 

2.3.2.3   Parameters values 

The stressing rate was considered as constant and uniformly 

distributed throughout the seismogenic layer. The estimated values of the 

stressing rate at the center of each one of the major fault segments (fig. 2.9), 

were calculated from the respective slip rates as they were defined from 

geodetic data analysis (McClusky et al., 2000; Reilinger et al., 2006). These 

stressing rates exhibit a significant variation between 0.06bar/yr to 0.16bar/yr 

(Table 2.5). Following this observation, the values of   applied in Rate/State 

modeling were selected to cover a range from 0.025 – 0.15 bar/yr. The 

characteristic relaxation time is ranging between 2–30 years (see section 2.2.4). 

The previously mentioned values of stressing rate and characteristic time 

yield product Aσ values ranging between 0.05 and 4.5 bars. The smoothing 

parameter was given values from 0.04ο to 0.24ο (or alternatively radii of 4.5km 
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to 26.7km), whereas according to equation (2.17) an h~0.13 for M>4.3 and 

h~0.06o for M>3.6 was suggested. All ΔCFF calculations were accomplished at 

the depth of 8 km in agreement with Karakostas et al. (2004). The effective 

friction coefficient was set μ’=0.4 whereas the shear modulus, G, and Poisson’s 

ratio, ν, were fixed at 3.3∙105 bar and 0.25, respectively. 

 

 Fig. 2.9. Major fault segments in Cephalonia Transform Fault Zone and their code names 

(Table 2.5.). 
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Table 2.5. Information on the major regional fault segments (figure 2.9) on which tectonic loading is considered for the Rate/State model calculations. 

Columns represent: the code name of segment, its boundaries, strike, dip, rake, length, width, sense of slip (T: for Thrust, RL: for Right Lateral), slip 

components along strike (positive for sinistral slip) and vertical to it (positive for normal slip) and the stressing rate. 

SN 
Fault Boundaries Strike 

(ο) 

Dip 

(ο) 

Rake 

(ο) 

Length 

(km) 

Width 

(km) 

Type of 

slip 

SS 

(mm/y) 

DS 

(mm/yr) 

Stressing Rate 

(bar/yr) οΝ οΕ οΝ οΕ 

S1 38.871 20.632 38.509 23.509 18 59 -180 43.2 17.9 RL 6.0 0.0 0.1257 

S2 38.509 23.509 37.838 19.991 39 45 -180 89.5 23.3 RL 2.5 0.0 0.1620 

S3 37.838 19.991 37.755 20.021 336 45 -85 11.0 21.6 T 2.0 -11.0 0.0871 

S4 37.755 20.021 37.497 20.229 295 30 -80 35.6 21.2 T 1.0 -9.0 0.0606 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



107 
 

2.3.2.4   Results – Discussion 

First the results derived considering reference seismicity rate during 

1973-1983 are presented (Fig. 2.10) In the first testing period (1983-1997) there 

is significant overestimation of the expected seismicity rates in the northern 

part of the study area, whereas a generally good agreement between observed 

and simulated seismicity rates is evident in the central part. The PCC (Fig. 

2.11) in this period (1983-1997) is between 0.4-0.6 and it roughly exceeds 0.6 if 

only positive ΔCFF areas are considered. The second period (1997-2003) 

indicates overestimation of the simulated seismicity rates in significant part of 

the study area, mostly on the north and central region. The correlation 

coefficient is also fluctuating between 0.4-0.6 and it does not seem to get 

improved when positive ΔCFF cells approach is followed. For the last period 

the expected seismicity rates are once more generally higher than the 

observed ones, with some exceptions in the central part of the area. The 

correlation is also weak with the PPC values close to 0.4 which are getting 

even lower when areas inside positive stress changes lobes are taken into 

account.  

 
Fig. 2.10. Ratio of expected/observed seismicity rates for Cephalonia Transform Fault Zone, 

with reference seismicity rate obtained from 1973-1983 (M>4.3). Red colors show that the 

excepted values are overestimated in comparison with the observed ones whereas blue colors 

show higher observed seismicity rates than the simulated ones. White areas correspond to 

ratio value between 0.5-2, suggesting sufficient model performance. Parameter values applied 

are: h=0.13o,  ta=5yrs and r =0.03bar∙yr–1 (Aσ=0.15bar). 
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Fig. 2.11. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for Cephalonia Transform Fault Zone (colored 

lines). Solid lines indicate the value of Pearson linear Correlation Coefficient (PCC) whereas 

its 95% confidence intervals for each coefficient are also depicted by fainted lines. The upper 

frame figures yielded from the entire data set, whereas the figure below by taking into 

account only those cells experiencing positive ΔCFF. Reference seismicity rate corresponds to 

the period 1973-1983. 

 

However, the model performance is much more different when 

reference seismicity rate with M>3.6 for theperiod 1989-1997, is assumed (Fig. 

2.12). In this approach the areas where the ratio expected/observed seismicity 

rate is approximately 1 are significantly extended and even if a bias towards 

lower values is present, it is still much lower than in figure 2.10. This is also 

confirmed from the quantitative analysis (Fig. 2.13) where the PCC exceeds 

70% and 80% for the first (1997-2003) and the second (2003-2012) period, 

respectively, regardless the influence of negative stress changes. These results 

indicate that smaller magnitude seismicity leads to sufficient forecasting 

ability, even if the influence on stress changes of past strong events (before 

1997) is neglected. On the other hand, it seems that an 11-year period (1973-

1983) cannot be considered to retrieve reliable reference seismicity rate (Fig. 

2.10). This is because the catalog corresponds to this period does not contain 

an adequate number of M>4.3 earthquakes, so that it cannot be considered as 

representative for the regional seismic activity. 
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Fig. 2.12. Ratio of expected/observed seismicity rates for Cephalonia Transform Fault Zone, 

with reference seismicity rate obtained from 1989-1997 (M>3.6). Red colors show that the 

excepted values are overestimated in comparison with the observed ones whereas blue colors 

show higher observed seismicity rates than the simulated ones. White areas correspond to 

ratio value between 0.5-2, suggesting sufficient model performance. Parameter values applied 

are: h=0.07o,  ta=5yrs and r =0.03bar∙yr–1 (Aσ=0.15bar). 

 

 

Fig. 2.13. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for Cephalonia Transform Fault Zone (colored 

lines). Solid lines indicate the value of Pearson linear Correlation Coefficient (PCC) whereas 

its 95% confidence intervals for each coefficient are also depicted by fainted lines. The upper 

frame figures yielded from the entire data set, whereas the figure below by taking into 

account only those cells experiencing positive ΔCFF. Reference seismicity rate corresponds to 

the period 1989-1997. 
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2.3.2.5 Contribution to Seismic Hazard Assessment 

The expected seismicity rates after 2012 were estimated by considering 

the influence of coseismic (due to M≥6.0 earthquakes) and long term stress 

changes on the reference seismicity rates during 1989-1997 (M≥3.6, Fig. H2). 

The unbounded non-parametric magnitude distribution of the 2070 events 

(M≥3.6 during 1989-2012) was then considered in connection with the 

averaged estimated expected seismicity rate, to calculate the exceedence 

probabilities for the next decade. These probabilities were found equal to 

49.0% (with 95% confidence bounds at 25.8% -68.2%) and 23.2% (with 95% 

confidence bounds at 5.0% - 40.1%) for an earthquake with magnitude higher 

than 6.0 and 6.5, respectively. As shown in figure H2, the expected rates are 

estimated to be high in the entire region. However, the highest probabilities 

are expected close to the western shore of Lefkada and Cephalonia Islands. 

Both areas accommodate fault segments that have repeatedly failed during 

the last centuries causing major damage and numerous casualties. In section 

2.4 it is shown that the recent M=6.1 January 2014 earthquake took place in 

such enhanced seismicity rate areas in Cephalonia Island.  

 
Fig. H2. Snapshot of the expected seismicity rates (M≥3.6) estimated for the period after 2012 

in the Central Ionian Area.    
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2.3.3   Area 3 – South Aegean (4 sub-areas) 

2.3.3.1   Introduction 

The investigation of earthquake production rate changes resulted from 

the regional stress field evolution in the seismogenic sources along the 

Hellenic Arc is attempted in this section. The Hellenic Arc constitutes one of 

the most rapidly deforming parts of the Alpine-Himalayan belt. Intense 

shallow and intermediate depth seismic activity is known from both historical 

reports and instrumental recordings encompassing frequent devastating 

earthquakes (Fig. 2.14). The strongest earthquake (M8.3) ever reported in the 

Mediterranean region is associated with the southwestern part of the Hellenic 

Arc, near Crete Island, in AD 365 (Papazachos and Papazachou, 2003; 

Papadimitriou and Karakostas, 2008; Shaw, 2012).  

The subduction zone extends over a distance of approximately 1000km 

between the two Subduction-Transform Edge Propagators (STEP) of the 

dextral Cephalonia Transform Fault Zone to the northwest (Scordilis et al., 

1985) and the sinistral Rhodos fault to the east (Papazachos and Papazachou, 

2003). The existence of a Wadati-Benioff zone along the Hellenic Arc was first 

recognized by Papazachos and Comninakis (1971) and it was further 

confirmed from seismic hypocenter studies (Hatzfeld and Martin, 1992; 

Papazachos et al., 2000; Piromallo and Morelli, 2003; Suckale et al., 2009; 

Pearce et al., 2012). This zone is gently dipping at an angle of 30o at its shallow 

part until 100km depth and then is descending with a steeper angle of 45o. 

Seismic tomography studies also illustrated the deeper branches of the 

subducted lithosphere down to a depth of 600 km (Spakman et al., 1988, 

Papazachos and Nolet, 1997). Both compressive and extensional regimes are 

evident in this seismotectonically complex region. Thrust faulting prevails 

because of the convergence between Eurasian and African lithospheric plates, 

(Papazachos et al., 1998) at a rate of about 4cm/yr (Clarke et al., 1998; 
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McClusky et al., 2000), with the maximum compression axis being oriented 

NE-SW. The high deformation rates are adequate to induce a roll-back at the 

Hellenic Trench leading to significant extension of the overriding plate with 

the back-arc stretching direction being oblique to the trench roll-back 

direction (LePichon and Angelier, 1979). As a result, E-W striking normal 

faulting with N-S oriented T-axis also occurs in the back-arc region, whereas 

N-S striking normal faulting with E-W extension is present parallel to the arc. 

Finally, strike slip faults with reverse components are evident in the 

subducting plate with the T-axis trending parallel to the dip of the Wadati-

Benioff zone and the maximum compression being parallel to the arc (Taymaz 

et al., 1991; Papazachos and Kiratzi, 1996; Papazachos et al., 1998; Yolsal-

Çevikbilen and Taymaz, 2012).  

 
Fig. 2.14.  Morphology and spatial distribution of earthquake epicenters since 1971 along the 

Hellenic Subduction Zone. The 4 sub-areas (A-D) demonstrate different data density and 

completeness level. The strongest (M≥6.0) earthquakes’ fault plane solutions are also shown 

as lower hemisphere (red - before June 2012, black - after June 2012) projection and their 

epicenters are depicted by stars. The inset shows the main regional seismotectonic features: 

The subduction zone (Hellenic Arc), the Rhodes Transform Fault - RTF and the Cephalonia 

Transform Fault – CTF at the southeastern and western termination of the Hellenic arc and 

the North Anatolian Fault – NAF The white polygon indicates the study area. 
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2.3.3.2   Data 

The study area (Fig. 2.14) was too large to be treated throughout as 

one, for two reasons: Firstly, it comprises areas where deformation style is 

spatially differentiating and secondly because the smoothing technique we 

adopted in our analysis cannot be applied in large areas with significantly 

diverse data density. To compromise both constraints explained in Section 

2.3, the study region was divided into 4 sub-areas (A-D in Fig. 2.14), which 

exhibit identical seismotectonic features and seismicity density. In order to 

overcome uncertainties regarding the epicentral locations especially before 

1981 (when the first telemetric seismic National Network was enhanced) and 

secure lower completeness magnitude threshold, two reference rate periods 

(or learning periods) are tested in each one of the 4 selected sub-areas: one 

period with longer duration and higher magnitude threshold (and thus 

smaller sample size) and another one exhibiting shorter duration but lower 

completeness magnitude. Shallow seismicity at focal depths of less than 60km 

that occurred in the study area since 1971 was considered. Then the 

completeness magnitude, Mc, was separately evaluated for each sub-area and 

for 10-year time windows since 1971, by the MGFT method proposed by 

Leptokaropoulos et al. (2013). The older periods (1971-1981) were preferred 

unless there was significantly higher number of events in a more recent 

period (after 1981), such that the finally selected datasets containing sufficient 

data and having as long duration as possible for being more representative 

for seismicity properties manifestation. Eventually two learning periods, 

shown in grey cells in Table 2.6, with different duration and MC were 

considered to calculate the reference seismicity rates for each sub-area to 

balance between large sample size and adequate time span. The source 

parameters of the 11 earthquakes used to compute coseismic ΔCFF in the 

current analysis are shown in Table 2.7. 
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Table 2.6. Properties of the data sets selected for each sub-area. Model applications were 

performed for the periods shown in gray cells. 

  Area A               MC     Events   Area B            MC    Events Area C            MC     Events Area D            MC     Events 

1971-1980 4.0       3430 1971-1980 4.3      496 1971-1980 4.4        372 1971-1980 4.4      1334 

1981-1990 3.7       7308 1981-1990 4.2      493 1981-1990 4.4        297        1981-1990 4.4      1128 

1991-2000 3.6       7089 1991-2000 3.9      974 1991-2000 4.1        567 1991-2000 4.1      1810 

2001-2012 3.6       5037 2001-2012 3.7    1068 2001-2012 3.7        904 2001-2012 3.7      1742 

 

Table 2.7. Source parameters of the 11 earthquakes with M≥6.0 modeled for coseismic static 

Coulomb stress changes calculations. 

Event Date 
Epicentral 

Coordinates 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

1996 20JUL 36.131oN  27.460oE 

 
6.1 1.53 6 58 -119 1 

1997a 13OCT 36.440 oN  22.160 oE 

 
6.3 3.19 322 19 108 1 

1997b 18NOV 37.420oN 20.619 oE 

 
6.6 6.46 354 20 159 1 

1997c 18NOV 37.360 oN  20.650 oE 6.1 1.70 354 20 159 1 

2004 17MAR 34.770 oN  23.397 oE 
oE 

6.0 1.10 82 80 177 2 

2008a 14FEB 36.570 oN  21.868 oE 

 
6.7 14.65 288 10 73 3 

2008b 14FEB 36.430 oN  22.026 oE 

 
6.1 1.67 312 18 93 3 

2008c 20FEB 36.360 oN  21.907 oE 

 
6.0 1.36 344 88 -155 3 

2008d 08JUN 37.950 oN  21.537 oE 

 
6.4 4.60 301 74 7 2 

2008e 15JUL 35.670 oN  27.690 oE 

 
6.4 4.80 261 81 -36 2 

2009 01JUL 34.350 oN  25.400 oE 6.4 5.85 295 32 108 2 

1 Kiratzi and Louvari (2003); 2 Global CMT; 3 Roumelioti et al. (2009);  

 

2.3.3.3   Parameters values 

All ΔCFF calculations were performed at the depths of 10km, 15km, 

and 20km which correspond to majority of focal depths in the study area (Fig. 

2.15). Note also that the depth of 20km is shown to represent the shallow 

seismogenic layer along the Hellenic trench (Papazachos et al., 2000). Two 

values of the shear modulus, G, were tested, 3.3∙105 bars and 5.0∙105 bars. 

According to Bird and Kagan (2004) this later value encompasses both crustal 

and mantle values and therefore it is more appropriate for oceanic convergent 

boundaries and subduction zones. The receiver faults were selected to have 

the focal mechanisms of the strongest events occurred in each one of the 

study sub-areas. Finally, the apparent coefficient of friction, μ’, and the 

Poisson ratio, ν, were considered equal to 0.4 and 0.25, respectively. 
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Fig. 2.15. Histogram of the vertical distribution of the stronger (M>4.5) earthquake foci in the 

study area, as determined by AUTh (red) and GCMT (blue). 

 

For the expected seismicity rates evaluation the characteristic 

relaxation time, ta, was considered to take values between 2.5yr-25yrs. The 

tectonic loading was found ranging from 0.005bar/yr to 0.06bar/yr, as 

determined by Paradisopoulou (2009), who elaborated GPS data (Reilinger et 

al., 2006). The aforementioned values of ta and r , lead to an Aσ to be in the 

range  between 0.0125 – 1.5 bars. Finally, the values of the bandwidth, h, were 

selected ranging from 0.04o – 0.24o (or equivalently 4.5km – 27km). 

2.3.3.4   Results – Discussion 

Once the modeled seismicity rates were calculated, they were 

compared with the observed ones for the respective inter-event time windows 

constituting the study periods. Regarding the depth, it was shown that 

selecting 15km for ΔCFF calculations leads to slightly better correlation in all 

areas except area B, where the computation at 10km depth yields 

considerably better results. Calculations at 20km depth provide almost 

identical results with the ones performed at 15km depth. Finally, correlation 
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is improved for a small average value of ~3% when the larger shear modulus 

of 50GPa is applied instead of 33GPa. A summary of the datasets and 

parameter values used for the quantitative analysis in each sub-area is given 

in Table 2.3. 

Table 2.8. Information on learning (or reference rate) and testing periods selected for each sub-

area 

Sub-area Learning Periods Testing Periods 
ΔCFF 

Calculations 
Shear Modulus   

A 
1971-1997 

1981-1997 

1997-2008 

2008 (February-June) 

2008-2012 

10km 

15km 

25km 

33GPa 

50Gpa 

B 
1971-2004 

1991-2004 

2004-2007 

2007-2012 

C 
1991-2009 

2001-2009 
2009-2012 

D 
1971-1996 

1991-1996 

1996-2008 

2008-2012 

 

Seismicity rate evaluation after 1997 was attempted for sub-area A, 

where 7 strong (M>6.0) earthquakes (3 in 1997 and 4 in 2008) took place. The 

June 2008 event occurred outside the area borders but it was close enough to 

influence the regional stress field. Firstly, the reference seismicity rate was 

calculated for the time interval 1971-1997 (MC=4.0, Fig. 2.16). In the first period 

(1997-2008) the correlation is strong with most of the area demonstrating an 

expected/observed seismicity rate ratio close to unity. The period 2008-2012 is 

not long enough to contain sufficient earthquakes number and therefore the 

correlation coefficient is relatively lower. Areas where the modeled rates are 

either overestimated or underestimated are both evident in this case. Slight 

improvement of the results for the first period (1997-2008) were derived when 

reference seismicity rates were evaluated from 1981-1997 (MC=3.7 – Fig. 2.17), 

whereas for the second period (2008-2012), although even more events are 

available, the correlation does not show any improvement with a significant 

number of earthquakes taking place in stress shadows. The quantitative 

analysis (Fig. 2.18 and Fig. 2.19) shows that there is a relatively high 
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correlation between observed and modeled seismicity rates for the first of the 

study periods. This correlation is even stronger in areas experiencing positive 

ΔCFF values and reaches over 70% in most cases. For the period between 20 

February 2008 and 8 June 2008 correlation is null (~0) most probably due to 

the very small span of the time window, and consequently insufficient data 

number for the statistical analysis to be carried out. Finally, moderate 

correlation appears for the period 2008-2012, especially for positive ΔCFF 

areas. This relatively low correlation seems to be independent of the reference 

seismicity rate period selection, since PCC value is similar in both cases. It is 

rather because most of the earthquakes occurred after the main shocks were 

onto fault aftershocks, that took place in the close vicinity of the fault 

segments connected with these main events and therefore it is very likely that 

the correlation will be improved in the future.  

 
Fig 2.16. Ratio of expected/observed seismicity rates for sub-area A, given the reference 

seismicity rate calculated during 1971-1997 (M>4.0).  Red colors show that the excepted 

values are overestimated in comparison with the observed ones whereas blue colors show 

higher observed seismicity rates than the simulated ones. White areas correspond to ratio 

value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameters values applied are: h=0.08o, 

ta=10yrs, τr=0.01 bar/yr. 
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Fig. 2.17. Ratio of expected/observed seismicity rates for sub-area A, given the reference 

seismicity rate calculated during 1981-1997 (M>3.7). Red colors show that the excepted values 

are overestimated in comparison with the observed ones whereas blue colors show higher 

observed seismicity rates than the simulated ones. White areas correspond to ratio value 

between 0.5-2, suggesting sufficient model performance. Calculations are not performed in 

gray areas because of data insufficiency. Parameters values applied are: h=0.08o, ta=10yrs, 

τr=0.01 bar/yr. 

 

 
Fig. 2.18. Quantitative evaluation of the difference between observed-synthetic seismicity rates 

during the inter-event time periods for sub-area A (colored lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence intervals for 

each coefficient are also depicted by fainted lines. The upper frame figures yielded from the 

entire data set, whereas the figure below by taking into account only those cells experiencing 

positive ΔCFF. Reference seismicity rate corresponds to the period 1971-1997. 
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Fig. 2.19. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area A (colored lines). Solid lines indicate 

the value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence 

intervals for each coefficient are also depicted by fainted lines. The upper frame figures 

yielded from the entire data set, whereas the figure below by taking into account only those 

cells experiencing positive ΔCFF. Reference seismicity rate corresponds to the period 1981-

1997. 

 

Figures 2.20 and 2.21 show the ratio of expected/observed seismicity 

rates for sub-area B, with reference seismicity rates evaluated from 1971-2004 

and 1991-2004, respectively. Although calculations were performed for a 

smaller number of cells in figure 2.20, due to higher completeness threshold, 

the ratio is found to be closer to 1 in a broader area. This is also confirmed 

from the quantitative analysis (Figs. 22 & 23), where it is shown that the 

correlation in all cases is 0.10-0.20 units higher when reference rate since 1971 

is considered. This fact suggests that the 34-year period is more representative 

for the reference seismicity rate to be calculated than the 14-year period (1991-

2004), although it contains smaller number of earthquakes. Regarding the 

correlation in respect to ΔCFF, it is shown that for the first testing period 

(2004-2008) the PCC is only slightly improved when positive ΔCFF areas are 
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considered regardless the selected learning period. The accumulating co-

seismic slip due to the 2008 events spread stress shadow all over the study 

area, thus PCC was not calculated for the second period, in the lower frames 

of figures 2.22 and 2.23.  

 
Fig. 2.20. Ratio of expected/observed seismicity rates for sub-area B, given the reference 

seismicity rate calculated during 1971-2004 (M>4.3). Red colors show that the excepted values 

are overestimated in comparison with the observed ones whereas blue colors show higher 

observed seismicity rates than the simulated ones. White areas correspond to ratio value 

between 0.5-2, suggesting sufficient model performance. Calculations are not performed in 

gray areas because of data insufficiency. Parameters values applied are: h=0.08o, ta=10yrs, 

τr=0.02 bar/yr. 
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Fig. 2.21. Ratio of expected/observed seismicity rates for sub-area B, given the reference 

seismicity rate calculated during 1991-2004 (M>3.9).  Red colors show that the excepted 

values are overestimated in comparison with the observed ones whereas blue colors show 

higher observed seismicity rates than the simulated ones. White areas correspond to ratio 

value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameters values applied are: h=0.08o, 

ta=10yrs, τr=0.02 bar/yr. 
 

 

 
Fig. 2.22. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area B (colored lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence intervals for 

each coefficient are also depicted by fainted lines. The upper frame figures yielded from the 

enteire data set, whereas the figure below by taking into account only those cells experiencing 

positive ΔCFF. Reference seismicity rate corresponds to the period 1971-2004. 
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Fig. 2.23. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area B (colored lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence intervals for 

each coefficient are also depicted by fainted lines. The upper frame figures yielded from the 

entire data set, whereas the figure below by taking into account only those cells experiencing 

positive ΔCFF. Reference seismicity rate corresponds to the period 1991-2004. 

 

The 1 July 2009 event was the only M≥6.0 shallow event that occurred 

in sub-area C during the study period. This area is also remotely located from 

the closest stations of the regional seismic network, resulting to a 

completeness magnitude higher than in sub-areas A and B (MC=4.1 after 1991, 

MC=3.7 after 2001). Therefore, calculations were only performed in 

approximately half of the region where the data set was adequate. There is a 

significant number of cells though, where the ratio of expected/observed 

seismicity rate is close to 1 (Fig. 2.24) for both reference data sets considered 

(1991-2009, left frame; 2001-2009, right frame). The modeled rates are 

generally overestimated in the northern part of the area (where the reference 

seismicity rates were higher) and underestimated in the southern part. 

Nevertheless, the quantitative analysis (Fig. 2.25 and Fig. 2.26) implies that the 

19-year learning period (1991-2009) lead to a PCC which is up to 0.25 units 

higher than the respective values derived from the 9-year learning period 
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(2001-2009). If a reference rate before 1991 was considered, then the 

completeness magnitude would be raised to 4.4 and therefore the earthquake 

number in the data sample would be dramatically decreased (Table 2.6). This 

implies that not only a low magnitude threshold is necessary for such 

analysis, but also an adequate time span, relatively representative of the 

normal regional (reference) activity should be selected. Finally, in all 

approaches there is a distinct improvement of correlation when only cells 

experiencing ΔCFF>0 are taken into consideration leading to a PCC higher 

than 60% is some cases. 

 
 
Fig. 2.24. Ratio of expected/observed seismicity rates for sub-area C, given the reference 

seismicity rate calculated during 1991-2009 (M>4.1, left frame) and 2001-2009 (M>3.7, right 

frame). Red colors show that the excepted values are overestimated in comparison with the 

observed ones whereas blue colors show higher observed seismicity rates than the simulated 

ones. White areas correspond to ratio value between 0.5-2, suggesting sufficient model 

performance. Calculations are not performed in gray areas because of data insufficiency. 

Parameters values applied are: h=0.1o, ta=10yrs, τr=0.01 bar/yr. 
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Fig. 2.25. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area C (colored lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence intervals for 

each coefficient are also depicted by fainted lines. The upper frame figures yielded from the 

entire data set, whereas the figure below by taking into account only those cells experiencing 

positive ΔCFF Reference seismicity rate corresponds to the period 1991-2009. 

 

 
Fig. 2.26. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area C (colored lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence intervals for 

each coefficient are also depicted by fainted lines. The upper frame figures yielded from the 

entire data set, whereas the figure below by taking into account only those cells experiencing 

positive ΔCFF. Reference seismicity rate corresponds to the period 2001-2009. 
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The influence of 2 strong earthquakes (20 July 20 1996 and 15 July 2008) 

to the reference seismicity rates estimated from 1971-1996 (Fig. 2.27) and 1991-

1996 (Fig. 2.28) was examined for area D. The completeness magnitude of the 

catalog is also high as in area C (Table 2.6) and therefore there is a limited 

number of cells where calculations could be performed for the second study 

period (2008-2012). On the contrary the simulated seismicity rate results seem 

to be satisfactory for the 1st testing period (1996-2008) when a large part of the 

study area demonstrates ratios of expected/observed seismicity rates between 

0.5-2.0, for both learning periods considered. The PCC as a function of 

bandwidth, characteristic time and stressing rate is shown in Figure 2.29 and 

Figure 2.30. The first testing period (1996-2008) exhibits high correlation 

(>60%) when all data are considered and it remains almost identical when 

calculations concern only positive ΔCFF cells. The correlation is somewhat 

improved when the reference seismicity rate from 1991-1996 is considered 

and becomes even stronger when positive ΔCFF areas are only taken into 

account. The second study period (2008-2012) demonstrates lack of 

correlation, in all tested aforementioned approaches, probably because of the 

short duration and the data shortage.  
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Fig. 2.27. Ratio of expected/observed seismicity rates for sub-area D, given the reference 

seismicity rate calculated during 1971-1996 (M>4.4).  Red colors show that the excepted 

values are overestimated in comparison with the observed ones whereas blue colors show 

higher observed seismicity rates than the simulated ones. White areas correspond to ratio 

value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameters values applied are: h=0.08o, 

ta=10yrs, τr=0.02 bar/yr. Parameters values applied are: h=0.08o, ta=10yrs, τr=0.02 bar/yr. 

 

 
Fig. 2.28. Ratio of expected/observed seismicity rates for sub-area D, given the reference 

seismicity rate calculated during 1991-1996 (M>4.1).  Red colors show that the excepted 

values are overestimated in comparison with the observed ones whereas blue colors show 

higher observed seismicity rates than the simulated ones. White areas correspond to ratio 

value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameters values applied are: h=0.08o, 

ta=10yrs, τr=0.02 bar/yr. Parameters values applied are: h=0.08o, ta=10yrs, τr=0.02 bar/yr. 
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Fig. 2.29. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area D (colored lines). Solid lines indicate 

the value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence 

intervals for each coefficient are also depicted by fainted lines. The upper frame figures 

yielded from the entire data set, whereas the figure below by taking into account only those 

cells experiencing positive ΔCFF. Reference seismicity rate corresponds to the period 1971-

1996. 

 
Fig. 2.30. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for sub-area D (colored lines). Solid lines indicate 

the value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence 

intervals for each coefficient are also depicted by fainted lines. The upper frame figures 

yielded from the entires data set, whereas the figure below by taking into account only those 

cells experiencing positive ΔCFF. Reference seismicity rate corresponds to the period 1991-

1996. 
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2.3.3.5 Contribution to Seismic Hazard Assessment 

This part of the analysis was also performed separately for each sub-

area due to the diversity of data properties and assumptions. Figure H3 

shows the expected seismicity rates after 2012 in sub-area A of South Aegean. 

These rates were estimated by considering the influence of coseismic (due to 

M≥6.0 earthquakes) and long term stress changes on the reference seismicity 

rates during 1981-1997 (M≥3.7). The unbounded non-parametric magnitude 

distribution of the 7308 events (M≥3.7 during 1981-2012) was then considered 

in connection with the averaged estimated expected seismicity rate, to 

calculate the exceedance probabilities for the next decade. These probabilities 

were found equal to 79.4% (with 95% confidence bounds at 73.9% -87.9%) and 

44.7% (with 95% confidence bounds at 35.7% - 61.2%) for an earthquake with 

magnitude higher than 6.0 and 6.5, respectively. The expected rate pattern has 

been considerably influenced by all strong (M≥6.0) earthquakes occurred in 

2008. Moreover, the signature of the previously events that took place in 1997 

can be still distinguished. The highest earthquake probabilities are expected 

in the central and northern part of sub-area A. Contrarily at the southern part, 

there is a sequence of areas where the seismicity rates are expected to be both 

high and low.  

 

Fig. H3. Snapshot of the expected seismicity rates (M≥3.7) estimated for the period after 2012 

in the Sub-Area A of South Aegean. 
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The expected seismicity rates after 2012 were estimated for sub-area B, 

by considering the influence of coseismic (due to M≥6.0 earthquakes) and 

long term (tectonic) stress changes on the reference seismicity rates during 

1991-2004 (M≥3.9, Fig. H4). The unbounded non-parametric magnitude 

distribution of the 974 events (M≥3.9 during 1991-2012) was then considered 

in connection with the averaged estimated expected seismicity rate, in order 

to calculate the exceedance probabilities for the next decade. These 

probabilities were found equal to 60.4% (with 95% confidence bounds at 

55.8% - 66.4%) and 34.4% (with 95% confidence bounds at 16.1% - 43.0%) for 

an earthquake with magnitude higher than 6.0 and 6.5, respectively. Figure 

H4 shows that the highest expected rate areas are located at the north-east 

part of sub-area B, close to the shores of Crete. It is noted that high probability 

values are expected in the vicinity of the fault that ruptured during the 365, 

M=8.3 earthquake. In addition the October 2013, M=6.5 earthquake took place 

in such high estimated probability area (see section 2.4).   

 

Fig. H4. Snapshot of the expected seismicity rates (M≥3.9) estimated for the period after 2012 

in sub-area B of South Aegean.   
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The low amount of available seismic data resulted to a spatially limited 

seismicity rate forecast for sub-area C of South Aegean. The expected 

seismicity rates after 2009 are shown in Figure H5. These rates were estimated 

after considering the influence of coseismic (due to M≥6.0 earthquakes) and 

tectonic stress variations on the reference seismicity rates, calculated from the 

period 2001-2009 (M≥3.7). The unbounded non-parametric magnitude 

distribution of the 904 events (M≥3.7 during 2001-2012) was then considered 

in connection with the averaged estimated expected seismicity rate, to 

calculate the exceedance probabilities for the next decade. These probabilities 

were found equal to 80.1% (with 95% confidence bounds at 66.5% -86.1%) and 

55.1% (with 95% confidence bounds at 39.4% - 67.6%) for an earthquake with 

magnitude higher than 6.0 and 6.5, respectively. The inadequate data 

corresponding to the western part of the area didn’t allow robust expected 

rate calculations. On the other hand, the reference rates are expected to be 

considerably enhanced in the south-eastern part of sub-area C. In section 2.4 

is demonstrated that an M=6.1 event that took place on June 2013, was located 

inside an increased earthquake probability area.   

 

Fig. H5. Snapshot of the expected seismicity rates (M≥3.7) estimated for the period after 2012 

in sub-area C of South Aegean.    
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The expected seismicity rates after 2012 were estimated for sub-area D 

of South Aegean, by considering the influence of coseismic (due to M≥6.0 

earthquakes) and tectonic stress changes on the reference seismicity rates 

during 1991-1996 (M≥4.1, Fig. H6). The unbounded non-parametric 

magnitude distribution of the 1810 events (M≥4.1 during 1991-2012) was then 

considered in connection with the averaged estimated expected seismicity 

rate, in order to calculate the exceedance probabilities for the next decade. 

These probabilities were found equal to 78.0% (with 95% confidence bounds 

at 65.4% - 83.4%) and 49.4% (with 95% confidence bounds at 29.2% - 58.0%) 

for an earthquake with magnitude higher than 6.0 and 6.5, respectively. 

Figure H6 illustrates that the highest expected rate areas are located at the 

central and western part area D, with significantly increased probabilities 

expected close to the coasts of Karpathos Island. On the other hand, decreased 

seismicity rates are expected eastern of Rhodos Island.  

 

Fig. H6. Snapshot of the expected seismicity rates (M≥4.1) estimated for the period after 2012 

in sub-area D of South Aegean.    
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2.3.4   Area 4 – Western Turkey (4 sub-areas) 

  2.3.4.1 Introduction 

The study area in this section comprises Western Turkey (Fig. 2.31), a 

region where the complex interaction of Eurasian, Arabian, and African 

lithospheric plates has resulted to high deformation and consequently 

seismicity rates. The most prominent tectonic characteristic of the broader 

area is the subduction and rollback of the Eastern Mediterranean plate 

beneath the Aegean microplate along the Hellenic Arc since the early Miocene 

(Papazachos and Comninakis, 1969, 1971), which has resulted to a significant 

N-S oriented extension regime in the Aegean and the adjacent areas. The 

second geodynamic process that affects the study area is the westward 

propagation of the Anatolian block away from the Arabian–Eurasian plate 

collision zone along the North and East Anatolian Fault Systems (McKenzie, 

1972; Şengör et al., 1985; Bozkurt, 2001). This geodynamic development is also 

confirmed by GPS studies (e. g. Reilinger et al., 2006; Aktuğ et al., 2009). These 

interactions have produced a broad and complex system of normal faults, 

usually bounding the E–W trending extensional basins that are 

characteristically placed in parallel, with current rate of extension equal to 6 

mm/yr (McClusky et al., 2000; Noquet, 2012). Secondary structures with NE–

SW trending basins are also evident (Taymaz and Price, 1992; Westaway, 

1993). Dextral strike-slip faulting is dominant along the North Anatolian Fault 

(NAF), one of the longest active right lateral fault systems, which extends for 

approximately 1,500 km, from eastern Turkey, through the Marmara Sea 

where it bifurcates into sub-parallel branches. 
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Fig. 2.31. Morphological map and main seismotectonic properties of the study area and its 

surroundings. Black lines indicate the major active boundaries: the subduction zone (Hellenic 

Arc) and the North Anatolian Fault – NAF with its westernmost extension, the North Aegean 

Trough (NAT). The Collision Zone between the Apulian and Eurasian plates along with the 

Rhodes Transform Fault - RTF and the Cephalonia Transform Fault – CTF at the southeastern 

and western termination of the Hellenic arc, respectively, are also indicated along with the 

Cyprus Arc at the southeast corner of the map. The white rectangle indicates the study area 

divided into 4 sub-areas. 

2.3.4.2   Data 

We attempt to study seismicity rate variation in terms of the stress field 

evolution during time and therefore we need to initiate our analysis as back in 

time as possible. The most appropriate constraint for such task deals with the 

earthquake data availability and quality. A major problem of the published 

regional catalogs is connected with the magnitude inhomogeneity, since 

different magnitude scales are assigned from different institutions and 

periods. To overcome this obstacle we used a recently compiled equivalent 

moment magnitude, M*W, catalog (Leptokaropoulos et al., 2013), available at 

(ftp://geophysics.geo.auth.gr/pub/users/kleptoka/BSSA-D-12-00174-esupp.html) for 

the study area. This catalog includes earthquakes occurred from 1964 to 2010 
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with M*W ranging from 3.5 to 7.5, with the distribution of these events being 

non-homogeneous in both space and time. Therefore, we divided the study 

area into 4 individual sub-areas (Figure 2.32) exhibiting relatively uniform 

seismotectonic features (similar faulting type, seismicity level) and also 

similar data quality, as suggested by Leptokaropoulos et al. (2013). 

Table 2.10. Source parameters of the 12 earthquakes with M≥5.8 modeled for coseismic static 

Coulomb stress changes calculations. 

Event Date 
Sub-area of 

occurrence 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

1992  NOV 06 2 6.0 1.09 238 85 -167 1 

1995  OCT 01 4 6.3 2.10 309 51 -94 2 

1996  JUL 20 3 6.2 2.40 196 38 -102 1 

1999a  AUG 17 1 7.6 131.0 268 84 180 3 

1999b  NOV 12 1 7.2 47.0 262 53 -177 4 

2000  DEC 15 4 6.0 1.20 285 41 -100 1 

2002a  FEB 03 4 6.4 6.00 269 37 -71 1 

2002b  FEB 03 4 5.8 0.61 236 45 -58 1 

2003  MAR 10 2 5.7 0.43 250 76 -159 1 

2005a  OCT 17 2 5.8 0.60 228 79 -171 5 

2005b   OCT 20 2 5.8 0.70 231 66 -162 5 

2008  JUL 15 3 6.4 4.73 357 65 -179 1 

1: Global CMT, 2: Pinar (1998), 3: Barka et al. (2002), 4: Kiratzi and Louvari (2001), 5: Benetatos et al. (2006) 

 

The next task was to distinguish the starting point and duration of the 

reference and forecast periods for each region, in order to utilize as larger 

dataset as possible, for the seismicity rate analysis. The completeness 

magnitude was calculated for different time windows by applying the 

modified goodness of fit test (MGFT) proposed by Leptokaropoulos et al. 

(2013). This processing led to different starting year, number of events and MC 

for each sub-area, as shown in Table 2.11. The reference seismicity rate 

periods were selected to last until the origin time of the first strong (M*W>5.8) 

event occurrence. The testing periods were set to be equal with the inter-

seismic periods between two successive main shocks occurred individually in 

each one of the study subareas. Nevertheless, the two 1999 (M*W>7.0) events, 

occurred inside sub-area 1, caused such large and extensive stress changes 
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that significantly influenced seismicity rates also in sub-area 4. Consequently 

the ΔCFF’s associated with these events were also taken into consideration for 

the seismicity rate changes variation in this sub-area. Note that instead of 

truncating the dataset by declustering, in order to avoid along-fault 

aftershock influence, we preferred using the entire data set and focus our 

attention to specific target areas of major interest. Such areas are located close 

to the epicenter of the subsequent events, or extending inside positive ΔCFF 

lobes (Toda et al., 2003; Cocco et al., 2010; Leptokaropoulos et al., 2012). 

 
Fig. 2.32. Spatial distribution of earthquake epicenters during 1964-2010 in the study area 

with magnitudes expressed as M*w. The 4 sub-areas (also indicated here) demonstrate 

different data density and completeness level. The fault plane solutions of M≥5.8 events are 

shown as lower hemisphere equal area projection and their epicenters are depicted by stars. 

Information on these strong earthquakes is provided in Table 2.10. 

 
Table 2.11. Properties of the datasets utilized for each sub-area. 

Sub-area Duration Reference Seismicity MC Number of events 
1 20 yrs 1991-1999 3.7 898 

2 32 yrs 1979-1992 3.8 1782 

3 24 yrs 1987-1996 4.1 1439 

4 20 yrs 1991-1995 3.7 627 
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2.3.4.3   Parameters values 

In this area, stressing rates, were obtained from Paradisopoulou et al. 

(2010), who calculated r  as derived from slip rates in each fault segment, 

considered the seismic coupling (King et al., 2001) and concluded to values 

that were in agreement with those from Stein et al. (1997) and Parsons et al. 

(2004). The average values computed for these segments were applied in the 

present study for each sub-area i.e. 0.10, 0.04, 0.025 and 0.03 bars/yr for sub-

areas 1 to 4 respectively. Trials with additional stressing rate values were 

performed ranging from 0.04-0.25 for sub-area 1 and 0.01-0.08 for the other 3 

sub-areas, which represent the minimum and maximum values computed in 

each case. Calculations were performed by considering ta fluctuation between 

2.5-30 yrs.  A wide range of Aσ results from the aforementioned values of 

characteristic relaxation time stressing rate, varying from 0.25-2.5 bars for sub-

area 1 and 0.15-1.2 bars for sub-areas 2, 3 and 4. The applying values of 

bandwidth though, fluctuate between 0.04ο to 0.28ο. Silverman’s (1986) 

formula for appropriate h estimation in respect to the data number and 

distribution provides values between 0.08-0.11 for the three sub-areas. Finally, 

we adopted the value of μ’=0.4 as applied by Stein et al. (1997), Nalbant et al. 

(1998) and Paradisopoulou et al. (2010) for NAF and western Turkey. The 

Poisson’s ratio, ν, and shear modulus, G, were set equal to 0.25 and 3.3∙105 

bar, respectively and the seismogenic layer in the study area was assumed 

extending from 3-15 km depth (Papadimitriou and Sykes, 2001; 

Paradisopoulou et al., 2010). 

 
2.3.4.4   Results – Discussion 

The resulted seismicity rates for the study periods, as derived from 

Rate/State model application and their comparison with the observed ones for 

the respective periods are now presented. The impact of 2 strong earthquakes 
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(17th August 1999, M7.6 and 12th November 1999, M7.2) on regional seismicity 

rates is studied here. As shown in figures 2.33 and 2.34, there is a poor 

observed/expected seismicity rate correlation for the ~100 days period 

between the occurrence of the two strong events. Nevertheless it is evident in 

figure 2.34 that relatively high PCC values (>0.5) are achieved when 

characteristic relaxation time or stressing rate take lower values (<5 yrs and 

<0.05bar/yr, respectively). Given that the stressing rate is well constrained 

along the NAF with values usually much higher than 0.05, it follows from the 

model that ta may be lower than initially assumed. On the other hand, the 

second period (1999b-2010) demonstrates a much stronger correlation 

between real and modeled seismicity rate values, with PCC>0.7. Figure 2.33b 

shows that off-fault seismicity that took place west of the two main shocks 

rupture areas is well simulated by the Rate/State model although some local 

deviations are still present. Note that the influence of these events is not 

modeled for the area beyond the 32 meridian due to the catalog geographical 

limitation. Finally the results are identical if only positive ΔCFF bins are 

considered.  

 
Figure 2.33. Ratio of expected/observed seismicity rates for sub-area 1, for 1999a-1999b (left 

frame Δt=0.24yrs) and 1999b-2010 (right frame Δt=11.1 yrs).  Red colors show that the 

excepted values are overestimated in comparison with the observed ones whereas blue colors 

show higher observed seismicity rates than the simulated ones. White areas correspond to 

ratio value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameter values were taken as: 

h=0.08o,  ta=10yrs and r =0.10bar∙yr–1 (Aσ=1.0bar). 
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Fig. 2.34. Pearson Correlation Coefficient (PCC) estimation (solid lines) and its 95% 

confidence interval (fainted lines) for subarea 1. Upper frames were obtained from the entire 

dataset, whereas the lower frames yielded by taking into account only those cells 

experiencing positive ΔCFF. 

Considering sub-area 2, four strong events are taken into account for 

the Rate/State modeling: The 6th November 1992, M6.0, the 10th March 2003, 

M5.8, the 17th October 2005, M5.8 and the 20th October 2005, M5.8 shocks. The 

forecasted periods correspond to the respective inter-seismic time intervals. 

Significant variations regarding the selection of parameter values are here 

observed (Fig. 2.35 and 2.36). The model seems to perform well for the first 

testing period which has a quite long duration of over 10 years (Fig 2.35a), but 

the PCC is notably lower regarding the subsequent, shorter periods (Fig 2.36). 

Especially for the third period there is no linear correlation obtained during 

this 3-days time increment. Because of the relatively high completeness 

threshold, it is necessary for a testing period to last for several years in order 

for the respective dataset to contain sufficient number of events. Correlation is 

though significantly improved when positive ΔCFF areas are only considered 

(Fig. 2.40, lower frames) and stressing rate together with characteristic time 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



139 
 

are given lower values. Figure 2.39 evidences that expected rates are usually 

lower that the real ones, a fact that also suggests that the actual seismicity 

recovers faster at its reference level (1979-1992). 

 
Figure 2.35. Ratio of expected/observed seismicity rates for sub-area 2, for 1992-2003 (upper 

left frame Δt=10.4yrs), 2003-2005a (upper right frame Δt=2.5yrs), 2005a-2005b (lower left 

frame Δt=0.01yrs) and 2005b-2010 (lower right frame Δt=5.2yrs), with h=0.10o, ta=15yrs and r
=0.04bar∙yr–1 (Aσ=0.6bar). Red colors show that the excepted values are overestimated in 

comparison with the observed ones whereas blue colors show higher observed seismicity 

rates than the simulated ones. White areas correspond to ratio value between 0.5-2, 

suggesting sufficient model performance. Calculations are not performed in gray areas 

because of data insufficiency. 
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Figure 2.36 Pearson Correlation Coefficient (PCC) estimation (solid lines) and its 95% 

confidence interval (fainted lines) for subarea 2. Upper frames were obtained from the entire 

dataset, whereas the lower frames yielded by taking into account only those cells 

experiencing positive ΔCFF. 

In sub-area 3 the coseismic stress changes associated with the 20th July 

1996, M6.0 and the 15th July 2008, M6.4 are incorporated to Rate/State model. 

The first forecast period (1996-2008) exhibits high correlation coefficient 

especially regarding the cells with positive Coulomb stress changes (Fig. 2.38). 

Although the next event occurred in stress shadow zone caused by the 1996 

mainshock, the observed, smaller magnitude seismicity rates, appear to 

correlate well with the simulated ones, with many cells having 

expected/observed seismicity rate ratio close to unity (Fig. 2.37a). The second 

period (2008-2010) exhibits almost no linear correlation. This is due to the 

short duration of the time interval (~2.5 years) and the respective small 

dataset (only 85 events) available. Note that the 2008 event and many of the 

following ones were located at depths larger than 30km. Many cells that 

overestimate and underestimate real seismicity are both detected for this 

period. 
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Figure 2.37. Ratio of expected/observed seismicity rates for sub-area 3, for 1996-2008 (left 

frame Δt=12yrs) and 2008-2010 (right frame Δt=2.4yrs). Red colors show that the excepted 

values are overestimated in comparison with the observed ones whereas blue colors show 

higher observed seismicity rates than the simulated ones. White areas correspond to ratio 

value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameter values were taken as: 

h=0.10o, ta=20yrs and r =0.03bar∙yr–1 (Aσ=0.6bar). 

 

Figure 2.38. Pearson Correlation Coefficient (PCC) estimation (solid lines) and its 95% 

confidence interval (fainted lines) for subarea 3. Upper frames were obtained from the entire 

dataset, whereas the lower frames yielded by taking into account only those cells 

experiencing positive ΔCFF. 
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Four strong events occurred in sub-area 4 since 1995: The 1st October 

1995, M6.3, the 15th December 2000, M6.0, and two events that occurred on the 

3rd February 2002 with M6.4 and M5.8, respectively. These 4 events, together 

with the 2 strong 1999 earthquakes that took place in sub-area 1 are 

considered to influence seismicity rates here. The spatial distribution of the 

expected/observed seismicity rates ratios derived for the 4 testing periods are 

illustrated in Fig. 2.39. The first two periods (1995-1999 & 1999-2000) exhibit 

relatively strong correlation (PCC>0.5) when the entire data set is considered 

(Fig. 2.40, upper frames). When calculations are performed only for positive 

ΔCFF cells (lower frames of Fig. 2.40), the first period (1995-1999) 

demonstrates even higher efficiency whereas the second one fails to describe 

at all seismicity that occurred in positive stress lobes. This is one of the rare 

cases that Rate/State model performs better in stress shadows rather than 

modeling seismicity enhancements. This may be probably because of the 

short duration (1.3 years) of this testing period (mostly concerning aftershock 

productivity), which was abruptly interrupted from the 2000 event. The next 

two periods (2000-2002 and 2002-2010) demonstrate low correlation which 

becomes slightly higher for positive ΔCFF (Fig. 2.40). 
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Figure 2.39. Ratio of expected/observed seismicity rates for sub-area 4, for 1995-1999a (upper 

left frame Δt=3.8yrs) and 1999b-2000 (upper right frame Δt=1.3 yrs), 2000-2002b (lower left 

frame Δt=1.1 yrs) and 2002b-2010 (lower right frame Δt=8.9 yrs).  Red colors show that the 

excepted values are overestimated in comparison with the observed ones whereas blue colors 

show higher observed seismicity rates than the simulated ones. White areas correspond to 

ratio value between 0.5-2, suggesting sufficient model performance. Calculations are not 

performed in gray areas because of data insufficiency. Parameters values are taken as: 

h=0.11o,  ta=20yr and r =0.03bar∙yr–1 (Aσ=0.6bar). 

 Once again the model performance is getting better as we go towards 

lower ta values (<10 yrs). Note that in 2nd and 3rd periods (1999-2000 and 2000-
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2002) the available data are so sparse that calculations have only been 

performed for approximately half of the entire area. The last period (2002-

2010) actually shows many cells with comparable observed and expected 

seismicity rates, but there are still several bins with large differences which 

reduce the total correlation coefficient although the simulation is adequate for 

a considerable part of the region (Fig. 2.43d). The actual PCC for the cells with 

ratio between 0.4 and 2.5, which occupy the half of the area’s cells with 

calculated values, is 0.864.  

 
Figure 2.40. Pearson Correlation Coefficient (PCC) estimation (solid lines) and its 95% 

confidence interval (fainted lines) for subarea 4. Upper frames were obtained from the entire 

dataset, whereas the lower frames yielded by taking into account only those cells 

experiencing positive ΔCFF. 

 

2.3.4.5 Contribution to Seismic Hazard Assessment 

The calculation of exceedance probabilities for earthquakes with M≥6.0 

and M≥6.5 was also performed separately for each sub-area due to the 

different completeness threshold of the corresponding datasets. Figure H7 

shows the expected seismicity rates after 2010 in sub-area 1 of Western 
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Turkey. These rates were determined after considering the influence of 

coseismic (due to M≥6.0 earthquakes) and long term (tectonic) stress changes 

on the reference seismicity rates during 1991-1999 (M≥3.7). The unbounded 

non-parametric magnitude distribution of the 898 events (M≥3.7 during 1991-

2010) was then considered in connection with the averaged estimated 

expected seismicity rate, to calculate the exceedance probabilities for the next 

decade. These probabilities were found equal to 44.8% (with 95% confidence 

bounds at 34.2% - 49.3%) and 32.6% (with 95% confidence bounds at 30.1% - 

33.9%) for an earthquake with magnitude higher than 6.0 and 6.5, 

respectively. In the eastern part of the area the forecasted seismicity rates are 

expected to be low because of the stress shadow induced by the 2 strong 

(M=7.6 and M=7.2) 1999 events and/or the low reference rate. Contrarily, in 

the western part of the area the reference seismicity rates have been amplified 

due to positive stress changes and the earthquake probabilities are high at 

specified sites.       

 

Fig. H7. Snapshot of the expected seismicity rates (M≥3.7) estimated for the period after 2010 

in sub-area 1 of Western Turkey.    

 

The low amount of available seismic data resulted to a spatially limited 

seismicity rate forecast for sub-area 2 of Western Turkey. The expected 
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seismicity rates after 2010 are shown in Figure H8. These rates were estimated 

after considering the influence of coseismic (due to M≥5.8 earthquakes) and 

tectonic stress variations on the reference seismicity rates, calculated from the 

period 1979-1992 (M≥3.8). The unbounded non-parametric magnitude 

distribution of the 1782 events (M≥3.8 during 1979-2010) was then considered 

in connection with the averaged estimated expected seismicity rate, to 

calculate the exceedance probabilities for the next decade. These probabilities 

were found equal to 32.9% (with 95% confidence bounds at 9.5% -46.4%) and 

9.5% (with 95% confidence bounds at 1.0% - 18.9%) for an earthquake with 

magnitude higher than 6.0 and 6.5, respectively. The inadequate data 

corresponding to the eastern part of the area didn’t allow robust expected rate 

calculations. On the other hand, the reference rates are expected to be 

considerably enhanced in the western and south-western part of sub-area 2. 

Nevertheless the calculated probabilities are lower in comparison with the 

sub-area 1, because strong earthquakes (M>6.0) are not so frequent here.    

 

Fig. H8. Snapshot of the expected seismicity rates (M≥3.8) estimated for the period after 2010 

in sub-area 2 of Western Turkey.   
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The expected seismicity rates after 2010 were estimated for sub-area 3 

by considering the influence of coseismic (due to M≥6.0 earthquakes) and 

tectonic stress changes on the reference seismicity rates during 1987-1996 

(M≥4.1, Fig. H9). The unbounded non-parametric magnitude distribution of 

the 1439 events (M≥4.1 during 1987-2010) was then considered in connection 

with the averaged estimated expected seismicity rate, to calculate the 

exceedance probabilities for the next decade. These probabilities were found 

equal to 58.9% (with 95% confidence bounds at 44.5% - 75.0%) and 30.7% 

(with 95% confidence bounds at 20.1% - 42.9%) for an earthquake with 

magnitude higher than 6.0 and 6.5, respectively. As shown in figure H9, the 

expected rates and consequently the exceedance probabilities are not spatially 

uniform. The highest probabilities are concentrated in areas in the south coast 

of Turkey and also in the north, east and south of Karpathos island, whereas 

in the vicinity of Rhodos Island the estimated probabilities are expected 

considerably lower.  

 

Fig. H9. Snapshot of the expected seismicity rates (M≥4.1) estimated for the period after 2010 

in sub-area 3 of Western Turkey.    

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



148 
 

Figure H10 shows the expected seismicity rates after 2010 in sub-area 4 

of Western Turkey. These rates were determined after considering the 

influence of coseismic (due to M≥5.8 earthquakes) and tectonic stress changes 

on the reference seismicity rates during 1991-1995 (M≥3.7). The unbounded 

non-parametric magnitude distribution of the 627 events (M≥3.7 during 1991-

2010) was then considered in connection with the averaged estimated 

expected seismicity rate, to calculate the exceedance probabilities for the next 

decade. The expected seismicity rates are very low in this sub-area in 

comparison with the rest of Western Turkey because the recording levels of 

seismicity are generally lower here. Nevertheless the frequent occurrence of 

strong events (M≥5.8) led to relatively increased earthquake probabilities in 

comparison with the adjacent areas. These probabilities were found equal to 

58.8% (with 95% confidence bounds at 55.4% - 60.9%) and 24.3% (with 95% 

confidence bounds at 7.8% - 30.8%) for an earthquake with magnitude higher 

than 6.0 and 6.5, respectively. As evident in Figure 10, the highest expected 

rates and probabilities are estimated for the central part of the study area. 

 
Fig. H10. Snapshot of the expected seismicity rates (M≥3.7) estimated for the period after 2010 

in sub-area 4 of Western Turkey.    

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



149 
 

2.3.5   Area 5 – North Aegean (4 sub-areas)  

2.3.5.1   Introduction 

The area of interest in this section comprises the North Aegean Sea, 

part of the back arc Aegean region (Fig.2.41). The propagation of the North 

Anatolian fault to the west, sustains the existence of strike slip faults, most of 

them dextral with NE-SW striking, along the North Aegean Trough (NAT) 

and parallel fault branches. McKenzie (1970, 1972, 1978) showed that the 

northward motion of the Arabian plate pushes the smaller Anatolian plate 

westwards along the North Anatolian fault. The rotation of the Anatolian 

plate is transferred in the Aegean area as a simple translation, indicated by 

the subparallel deformational field in this area. This translation occurs along 

the central and southern part of the coasts of Turkey and the neighboring 

Greek islands (Karakostas et al., 2010). The back-arc extension of the Aegean 

due to the subduction of the Eastern Mediterranean oceanic plate under the 

Eurasian (Papazachos and Comninakis, 1971) is the second but most 

prominent dominant effect in the region. Superposition of these two 

deformation fields yields an extension increase in the back arc region, leaving 

almost no significant contraction and reverse faulting in the Aegean. The 

region exhibits the highest deformation rates and seismicity, moving rapidly 

towards the SW, due to the combined effect of Anatolia westward motion and 

subduction rollback (Armijo et al., 2003; Flerit et al., 2004; Papazachos et al., 

2006). 
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Fig. 2.41. Main seismotectonic properties of the Aegean Sea and the surrounding area. NAF, 

North Anatolian Fault; NAT, North Aegean Trough; CTF, Cephalonia Transform Fault; RTF, 

Rhodes Transform Fault. Rectangle indicates the study area. 

Frequent strong earthquakes in the study area are known from both 

instrumental and historical data. Since 1964, 11 strong earthquakes (M≥5.8) 

occurred in the study area with eight of them being associated with dextral 

strike slip faulting, two with oblique normal faulting and one with sinistral 

strike slip fault. As it is shown in figure 2.42, most of these earthquakes are 

associated with the regional major faults. The keen interest for the area’s 

seismic hazard assessment led to the several studies accomplished, among 

them being the ones based upon the stress field changes and evolution, which 

proved to be appropriate to explain the strong events occurrence (Nalbant et 

al., 1998; Papadimitriou and Sykes, 2001, Leptokaropoulos et al., 2012, among 

others). These stress changes are also expected to influence the occurrence 

rates of smaller magnitude seismicity, mostly concentrated along the North 
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Aegean Trough and onto the well defined sub–parallel branches, as well as in 

the south–eastern part where the seismicity is more diffused (Fig. 2.42).  

 
Fig. 2.42. Major faults of the northern Aegean along with M≥4.1 seismicity from 1970-2010 

(indicated as grey circles). Stronger earthquakes with M≥5.0 are denoted as green circles. The 

focal mechanisms of M≥5.8 earthquakes (yellow asterisks indicate their epicenters) are also 

shown. The occurrence date of each one of the strongest events is shown above the beach 

balls. Black lines represent the major fault segments with their code names. Geometric and 

kinematic properties of these segments are shown at Table 2.12. Red lines show the fault 

segments that have been ruptured since 1965, and are associated with M≥5.8 earthquakes.  

 

2.3.5.2   Data 

The data utilized in this section were taken from the Hellenic Unified 

Seismological Network (HUSN). The time interval of investigation covers a 

period of approximately 33 years (19 December 1981 - 31 December 2012), 

with a reference seismicity from the beginning of 1970 up to 19 December 

1981 (12 years learning period), when an increased activity started with 

multiple strong (M≥6.0) main shocks. It is well accepted that going back in 

time leads to lower quality and adequacy of data in comparison with the 
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more recently obtained ones. Past data have to be treated with caution in 

order to ensure their reliable completeness magnitude, Mc, and at the same 

time to certify the largest possible data sample. For this reason the 

calculations were performed separately on data coming from each sub-area. 

The division of these sub-areas was done by taking into account their 

particular features (MC, fault orientation and slip direction, stressing rate). 

Figure 2.43 shows the selected sub-areas along with the seismicity 

distribution (M≥MC) from 1970 to 2010.  

 
Fig. 2.43. Division of the North Aegean into 4 sub-areas according to seismotectonic 

similarities: 1: Sporades, 2: North Aegean Trough (NAT), 3: Central Area, 4: Chios – Lesvos. 

Seismicity between 1970–2010 with M≥5.0 is indicated as red circles, 4.5≤M<5.0 as green 

circles and Mc≤M<4.5 as yellow circles. Mc was individually estimated in each case and is 

M1c=3.5, M2c=4.1, M3c=4.1, M4c=3.8, respectively. 

 

The magnitude of completeness was evaluated separately by the 

modified Goodness-of-Fit test (MGFT) proposed by Leptokaropoulos et al, 
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2013. This method was applied for the learning period and for posterior 

periods, in order to investigate the time dependency of the FMD. The 

examination of the FMD for different periods showed that there is an obvious 

difference between the number of events (individual and cumulative) during 

the learning period, and the consequent ones for all the 4 sub-areas with the 

learning period contains less events than the following ones of the same 

duration (12-year periods), although the gradients of the decay (b-values) are 

almost identical. This procedure resulted to a MC=3.5 in sub-area 1, MC=4.1 in 

sub-areas 2 and 3 and MC=3.8 in sub-area 4. Coulomb stress changes were 

calculated from the coseismic displacements of the stronger (M>5.8) events 

that occurred in the study area during the testing period (19 December 1981 – 

31 December 2012), for which information on the source parameters is given 

in Table 2.12.  

Table 2.12. Source parameters of the 6 earthquakes with M≥5.8 modeled for coseismic Coulomb 

static stress changes calculations.  

Event Date 
Epicentral 

Coordinates 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

1981 Dec 19 39.000 oN  25.600 oE 7.2 22.4 47 77 -167 1 

1981 Dec 27 38.313 oN  24.941oE 6.5 3.82 216 79 175 2 

1982 Jan 18 38.780 oN  24.500 oE 7.0 7.32 233 62 -177 2 

1983 Aug 06 40.700 oN  24.600 oE 6.8 12.1 50 76 177 1 

1997 Nov 14 38.729 oN  25.913 oE 5.8 0.404 58 83 175 3 

2001 Jul 26 39.066 oN  24.248 oE 6.4 5.61 148 76 -1 4 

1: Kiratzi et al. (1991), 2: Taymaz et al. (1991), 3: Louvari et al. (2000), 4: Global CMT 

2.3.5.3   Parameters values 

In this application we considered a steady stressing rate on each fault 

segment, uniform throughout the seismogenic layer (both along strike and 

dip direction). The estimated values of the stressing rate at the center of each 

fault segment (Table 2.13) vary from 0.0093bar/yr to 0.14bar/yr, as they were 

defined from geodetic data analysis (McClusky et al., 2000; Reilinger et al., 

2006) assuming 60% of the geodetic slip value to account for the seismic part 

of the secular tectonic motion (Fig. 2.44). This comparatively narrow range is 
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due to the fact that the geometric and kinematic properties of the fault 

segments were set as constraint in the division of the area and therefore each 

one of the sub-areas includes faults with similar values of stressing rate. The 

average values of   were found to be 0.03, 0.10, 0.04 and 0.025 bar/yr for the 

subareas 1 through 4, respectively. The aforementioned values appear to be in 

agreement with the ones estimated by Straub et al. (1997), Stein et al. (1997) 

and Parsons et al. (2004), which range between 0.01-0.15 bar/yr, for the NAF 

segments. Moreover, a larger range of values (0.005 bar/yr – 0.15 bar/yr) was 

applied in order to test the sensitivity of the Rate/State model in stressing rate 

fluctuation and also to take into consideration a different potential value of 

seismic coupling. The characteristic relaxation time was selected to be 

between 5–25 years (see section 2.2.4). The previously mentioned values of 

stressing rate and characteristic time yield to a wide range of Aσ values, 

between 0.025 and 3.75 bars. In the following calculations h-values between 

0.04ο to 0.24ο were considered (or alternatively radii of 4.5km to 26.7km). 

Seismogenic layer in the study area was found lying between 3–15 km, as it 

comes from the strongest, well located events in the HUSN catalogue and also 

from studies of aftershock sequences with accurate depth determinations 

(Karakostas et al., 2010). All ΔCFF calculations were done at the depth of 8 

km, which represents approximately the nucleation depth. The apparent 

friction coefficient was set μ’=0.4 whereas the shear modulus, G, and Poisson’s 

ratio, ν, were fixed at 3.3∙105 bar and 0.25, respectively. 
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Table 2.13. Information on the major regional fault segments (Fig. 2.44) on which tectonic loading is considered for the Rate/State model calculations. Columns 

represent in turn: the code name of segment, its boundaries, strike, dip, rake, length, width, sense of slip (RL for right lateral, LL for left lateral, Ob: for oblique,), 

slip components along strike (positive for sinistral slip) and vertical to it (positive for normal slip) and the stressing rate. 

SN 
Fault Boundaries 

Strike (ο) Dip (ο) Rake (ο) 
Length 

(km) 

Width 

(km) 

Type of 

slip 

SS 

(mm/y) 

DS 

(mm/yr) 

Stressing 

Rate (bar/yr) οΝ οΕ οΝ οΕ 

S1 40.49 26.60 40.40 26.35 68 55 -145 33 19 RL -12.0 0.6 0.074153 

S2 40.40  26.35 40.48 26.15 119 60 -145 19 17 RL -12.0 3.0 0.072104 

S3 40.48 26.15 40.132 24.832 68 55 -145 121 18 RL -12.0 3.0 0.064454 

S4 40.132 24.832 39.926 24.56  50 76 177 33 15.5 RL -12.0 -0.6 0.086432 

S5 39.926 24.56  39.78 24.322 233 62 -177 26 17 RL -12.0 -0.6 0.086432 

S6 39.78 24.322 39.49 24.155 204 75 -175 34 15.5 RL 0.0; 6.6; 0.013454 

S7 39.49 24.155 39.12 23.76 44 75 175 55 15.5 RL 0.0; 6.6; 0.002511 

S8 39.12 23.76 39.36 23.40 130 68 -6 41 16 LL 0.0 5.4 0.014618 

S9 39.91 26.60 39.85 26.30 76 90 177 26 15 RL -0.6 1.2 0.007993 

S10 39.85 26.30 39.84 26.00 89 90 177 26 15 RL -0.6 1.2 0.007993 

S11 39.84 26.00 39.71 25.24 78 68 -156 67 16 RL -0.6 1.2 0.009311 

S12 39.71 25.24 39.005 24.47 216 81 173 102 15 RL -1.5 0.0 0.014660 

S13 39.005 24.47 39.312 23.97 128 76 -1 57 15.5 LL 0.0 4.8 0.005885 

S14 39.539 26.60 39.445 26.10 76 46 -70 43 21 Ob -0.6 1.2 0.005797 

S15 39.445 26.10 39.42 25.65 86 46 180 38 21 RL -0.6 1.2 0.005933 

S16 39.42 25.65 38.95 25.06 47 77 -167 72 15 RL -7.2 1.2 0.067970 

S17 38.95 25.06 38.758 24.874 216 79 175 26 15 RL -7.2 1.2 0.080075 

S18 38.758 24.878  39.005 24.47 128 76 -1 44 15.5 LL 0.0 4.8 0.006189 

S19 38.698 26.61 38.705 26.40 91 55 -108 17 14 Ob 0.0 3.6 0.024650 

S20 38.705 26.40 38.63 26.25 59 74 -168 14 15.5 RL 0.7 3.6 0.003201 

S21 38.63 26.25 38.56 25.64 81 69 -168 54 16 RL 0.7 3.6 0.004018 

S22 38.56 25.64 38.96 25.065 131 73 -12 66 15.5 LL 0.0 4.8 0.013728 
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Figure 2.44. Major fault segments in North Aegean area and their code names (Table 2.12). 

2.3.5.4   Results – Discussion 

Rate/State formulation as it was discussed in Section 2.2, provided the 

values of expected seismicity rates after a main shock, which were compared 

with the real seismicity rates in the interevent periods as they yielded from 

PDF equations.  Qualitative and quantitative correlations in the four sub-areas 

are shown in figures 2.45 through 2.52. Some interesting conclusions can be 

retrieved for sub-areas 1 and 4, where much more data are available. In 

general, regions with high observed rates can be modeled, as it appears that 

they are expected to accommodate events on higher rates. Areas with higher 

expected rates as resulted from model application seem to fit well with 

characteristic earthquake clusters shown in real seismicity figures. There are 

still some areas of low seismicity rate expectance where much higher activity 
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was observed. Most of these cases are either related with regions of low 

reference seismicity rates or found very close to faults that failed i.e. areas of 

loosely constrained ΔCFF. Regarding sub-areas 2 and 3, some sort of 

correlation can be obtained locally (especially in sub-area 2), but in general 

the data are insufficient to provide a reliable comparison.   

More interesting are the figures showing the quantitative correlation, 

as they provide a measure for comparison between the real and synthetic data 

sets. Figures 2.46, 2.48, 2.50 and 2.52 show the values of PCC along with their 

95% confidence intervals derived for the interevent times for different sets of 

parameter values. The upper frames show the correlation yielded by taking 

into consideration all the cells of the grid, except those with extremely low 

values of seismicity rates (< 0.0005events/cell∙yr), whereas their lower frames 

show the respective values of correlation coefficients by taking into account 

only those cells with positive Coulomb stress changes after a strong event. 

The correlation coefficient is generally increasing as the bandwidth value is 

getting higher, a fact rather expected, because high values of h tend to smooth 

the seismicity rates in the entire area, with the differences between the cells 

gradually disappearing. Regarding the characteristic time and stressing rate 

(or Aσ), it yields that their influence is minor, except perhaps at their lowest 

values.  

 Seismicity rate simulation results for sub-area 1 are shown in figures 

2.45 and 2.46. This sub-area exhibits the lowest completeness level of 

seismicity data (MC=3.5) and is expected to provide the higher quality results. 

The first two periods demonstrate low correlation coefficient because of the 

inadequate data contained in the short time increments (20 days and 1.5 year, 

respectively). However, improved correlation is demonstrated for the two 

later periods especially the last one (2001-2010). For this period the correlation 

coefficients are also much higher for cells that experience positive ΔCFF. This 

means that the method can adequately predict seismicity rate enhancement in 
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areas with increased stress. There is still a significant number of earthquakes 

that occurred in regions with stress decrease. Such events seem to be better 

modeled in the third period (1983-2001) where the mean PCC was higher 

when applied to the whole dataset, rather than for positive ΔCFF areas. 

 

Fig. 2.45. Ratio of expected/observed seismicity rates for North Aegean sub-area 1 for the 4 

study periods tested. Red colors show that the excepted values are overestimated in 

comparison with the observed ones whereas blue colors show higher observed seismicity 

rates than the simulated ones. White areas correspond to ratio value between 0.5-2, 

suggesting sufficient model performance. Calculations are not performed in gray areas 

because of data insufficiency. Parameters values are taken as: h=0.06o, ta=15yr, τ r=0.03bar/yr 

(Aσ=0.45bar). Seismicity data used includes events with M≥3.5. 
 

 
Fig. 2.46. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates in sub-area 1, (Sporades), during the interevent periods (colored lines). Solid lines 

indicate the value of Pearson linear Correlation Coefficient (PCC) while dashed lines indicate 

its lower and upper bounds for a 95% confidence interval for each coefficient. Sub-figures a, 

b, and c, yielded from the whole data, while sub-figures d, e and f, by taking into account 

only those cells which experience positive ΔCFF. 
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In sub-area 2, there is moderate to low correlation for the two earlier 

periods (Fig. 2.47 and Fig. 2.48). The third period provides better correlation 

with the PCC being stably higher than 0.70 and remains almost unaffected 

from the selection of positive ΔCFF cells or all cells. For cells experiencing 

positive stress changes the correlation is improved for the second period 

although the confidence intervals are wider. Lower correlations were derived 

from sub-area 3 (Fig. 2.49 and Fig 2.50), the area with the smallest data 

sample. This fact is reflected to the results demonstrating correlation 

coefficients values below 0.4 in almost all the cases. The confidence intervals 

are also much wider because of the smaller sample size. Even for positive 

ΔCFF cells the maximum value of the achieved correlation coefficient is very 

low. Therefore, the model fails to simulate the seismicity rate changes into this 

specific sub-area. These weakly correlated results in sub-area 3 are probably 

due to the limited data sample (ΜC=4.1). However, in sub-area 2 there is a 

larger number of available data than in sub-area 3, because the respective 

fault segments exhibit 2.5 times higher stressing rates and consequently 

seismicity rates are higher in the same magnitude increments. This explains 

the fact that the mean correlation coefficient is quite higher in sub-area 2, 

although data with the same magnitude of completeness is applied. 
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Fig. 2.47. Ratio of expected/observed seismicity rates for North Aegean sub-area 2 for the 3 

study periods tested. Red colors show that the excepted values are overestimated in 

comparison with the observed ones whereas blue colors show higher observed seismicity 

rates than the simulated ones. White areas correspond to ratio value between 0.5-2, 

suggesting sufficient model performance. Calculations are not performed in gray areas 

because of data insufficiency. Parameters values are taken as: h=0.06o, ta=5yr, τ r=0.10bar/yr 

(Aσ=0.5bar). Seismicity data used includes events with M≥4.1. 
 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



161 
 

 
Fig. 2.48. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates in sub-area 2, (NAT), during the interevent periods (colored lines). Solid lines indicate 

the value of Pearson linear Correlation Coefficient (PCC) while dashed lines indicate its lower 

and upper bounds for a 95% confidence interval for each coefficient. Sub-figures a, b, and c, 

yielded from the whole data, while sub-figures d, e and f, by taking into account only those 

cells which experience positive ΔCFF. 

 

In the 4th sub-area only two periods were tested because the influence 

of 1982, 1983 and 2001 strong earthquakes is negligible. Absence of M≥6.0 

event since 1949 gives significant stress changes being connected with the 

1997, M=5.8 earthquake. Strong events that took place in adjacent fault 

systems (1981 events, sub-area 3) also seem to simulate well seismicity rate 

changes. Results (Fig. 2.51 and 2.52) show a quite high correlation coefficient 

especially regarding the cells which experience positive Coulomb stress 

changes and even higher correlation after the 1997 shock. Once more, there 

are still many earthquakes that occurred in stress shadows during both study 

periods.   
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Fig. 2.49. Ratio of expected/observed seismicity rates for North Aegean sub-area 3 for the 4 

study periods tested. Red colors show that the excepted values are overestimated in 

comparison with the observed ones whereas blue colors show higher observed seismicity 

rates than the simulated ones. White areas correspond to ratio value between 0.5-2, 

suggesting sufficient model performance. Calculations are not performed in gray areas 

because of data insufficiency. Parameters values are taken as: Parameters applied are h=0.06o, 

ta=10yr, τ r=0.04bar/yr (Aσ=0.4bar). Seismicity data used includes events with M≥4.1. 
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Fig. 2.50. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates in sub-area 3, (Central Area), during the interevent periods (colored lines). Solid lines 

indicate the value of Pearson linear Correlation Coefficient (PCC) while dashed lines indicate 

its lower and upper bounds for a 95% confidence interval for each coefficient. Sub-figures a, 

b, and c, yielded from the whole data, while sub-figures d, e and f, by taking into account 

only those cells which experience positive ΔCFF. 

 

Figure 2.51. Ratio of expected/observed seismicity rates for North Aegean sub-area 4 for the 2 

study periods tested. Red colors show that the excepted values are overestimated in 

comparison with the observed ones whereas blue colors show higher observed seismicity 

rates than the simulated ones. White areas correspond to ratio value between 0.5-2, 

suggesting sufficient model performance. Calculations are not performed in gray areas 

because of data insufficiency. Parameters values are taken as: h=0.06o, ta=5yr, τ r=0.025bar/yr 

(Aσ=0.125bar). Seismicity data used includes events with M≥3.8. 
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Fig. 2.52. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates in sub-area 4, (Chios - Lesvos), during the interevent periods (colored lines). Solid lines 

indicate the value of Pearson linear Correlation Coefficient (PCC) while dashed lines indicate 

its lower and upper bounds for a 95% confidence interval for each coefficient. Sub-figures a, 

b, and c, yielded from the whole data, while sub-figures d, e and f, by taking into account 

only those cells which experience positive ΔCFF. 

     

In all previous cases, characteristic time and stressing rate have not 

significant impact on correlation coefficient values. This happens because 

these parameters affect the values of seismicity rates but do not influence their 

spatial distribution, a feature that mostly depends on reference seismicity rate 

values and the bandwidth selection. From this point of view an alternative 

approach is attempted in sub-areas 1 and 4. Since the other parameters 

slightly affect the results, the reference seismicity rate influence was tested. 

Reference seismicity rate was considered from 1970 to just before the 

occurrence of the strongest event in the respective sub-area, namely 2001 for 

sub-area 1 and 1997 for sub-area 4. This assumption resulted to a somewhat 

lower PCC in comparison with the previous approach. Two major 

conclusions can be obtained from this test. Firstly, seismicity in between 1970-
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1981 (Mc=3.5 for sub-area 1 and Mc=3.8 for sub-area 4), is proved to be 

sufficient enough for investigating the seismicity evolution in these two sub-

areas, as it leads to a better correlation than an extended reference rate period. 

Secondly, it is shown that strong events outside the specific areas, do affect 

seismicity rates, providing better results and therefore have to be taken into 

account, rather than assuming only the influence of the strong shocks 

occurred inside these sub-areas. 

2.3.5.5 Contribution to Seismic Hazard Assessment 

The expected seismicity rates after 2012 were estimated for sub-area 1 

(North Aegean) by considering the influence of coseismic (due to M≥6.0 

earthquakes) and long term (tectonic) stress changes on the reference 

seismicity rates during 1970-1981 (M≥3.5, Fig. H11). The unbounded non-

parametric magnitude distribution of the 1865 events (M≥3.5 during 1970-

2012) was then considered in connection with the averaged estimated 

expected seismicity rate, to calculate the exceedance probabilities for the next 

decade. These probabilities were found equal to 20.6% (with 95% confidence 

bounds at 14.5% -25.2%) and 5.4% (with 95% confidence bounds at 0.9% - 

7.5%) for an earthquake with magnitude higher than 6.0 and 6.5, respectively. 

As shown in figure H11, the expected rates for seismicity with M≥3.5 are 

estimated to be high in the entire region, except maybe its south-eastern part. 

However, the calculated probabilities for strong (M≥6.0) earthquake 

occurrence are considerably lower in comparison with the other areas of the 

broader Aegean region because of the particular magnitude distribution.   
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Fig. H11. Snapshot of the expected seismicity rates (M≥3.5) estimated for the period after 2012 

in sub-area 1 of North Aegean.    

 

Figure H12 shows the expected seismicity rates after 2010 in sub-area 2 

of North Aegean. These rates were determined after considering the influence 

of coseismic (due to M≥6.0 earthquakes) and tectonic stress changes on the 

reference seismicity rates during 1970-1981 (M≥4.1). The unbounded non-

parametric magnitude distribution of the 442 events (M≥4.1 during 1970-2012) 

was then considered in connection with the averaged estimated expected 

seismicity rate, to calculate the exceedance probabilities for the next decade. 

The expected seismicity rates are quite low in this sub-area because of the 

relatively high completeness threshold of the catalog. Nevertheless the 

magnitude distribution that the catalog follows led to the highest strong 

(M≥6.0) earthquake probabilities in comparison with the adjacent areas of 

North Aegean. These probabilities were found equal to 43.6% (with 95% 

confidence bounds at 36.5% - 47.2%) and 28.6% (with 95% confidence bounds 

at 27.0% - 32.3%) for an earthquake with magnitude higher than 6.0 and 6.5, 

respectively. The spatial distribution of the expected rates shown in figure 
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H12 suggests that the highest probabilities correspond to the north-eastern 

part of the area.  

 

Fig. H12. Snapshot of the expected seismicity rates (M≥4.1) estimated for the period after 2012 

in sub-area 2 of North Aegean. 

 

The expected seismicity rates after 2012 were estimated for sub-area 3, 

by considering the influence of coseismic (due to M≥6.0 earthquakes) and 

long term (tectonic) stress changes on the reference seismicity rates during 

1970-1981 (M≥4.1, Fig. H13). The unbounded non-parametric magnitude 

distribution of the 218 events (M≥4.1 during 1970-2012) was then considered 

in connection with the averaged estimated expected seismicity rate, in order 

to calculate the exceedance probabilities for the next decade. Most of the area 

is expected to accommodate low seismicity rates. This is because of the high 

completeness magnitude of the available catalog. The highest rates are 

expected to take place north of Skyros Island and close to the eastern coasts of 

Lemnos Island. The corresponding probabilities were found equal to 18.4% 

(with 95% confidence bounds at 17.5% - 20.3%) and 13.2% (with 95% 

confidence bounds at 12.1% - 14.4%) for an earthquake with magnitude 

higher than 6.0 and 6.5, respectively. It is noted that high expected probability 

were calculated for the area where the epicenter of the January 2013 strong 

(M=5.8) earthquake was located (see section 2.4).   
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Fig. H13. Snapshot of the expected seismicity rates (M≥4.1) estimated for the period after 2012 

in sub-area 3 of North Aegean 

Figure H14 shows the expected seismicity rates after 2012 in sub-area 4 

of North Aegean. These rates were determined after considering the influence 

of coseismic (due to M≥5.8 earthquakes) and tectonic stress changes on the 

reference seismicity rates during 1970-1987 (M≥3.8). The unbounded non-

parametric magnitude distribution of the 1182 events (M≥3.8 during 1970-

2012) was then considered in connection with the averaged estimated 

expected seismicity rate, to calculate the exceedance probabilities for the next 

decade. The absence of strong events (M≥6.0) in the area and the magnitude 

distribution of the available dataset led to very low probabilities for an M≥6.0 

in the sub-area 4. These probabilities were found equal to 5.7% (with 95% 

confidence bounds at 1.4% - 10.4%) and 0.6% (with 95% confidence bounds at 

0.2% - 2.1%) for an earthquake with magnitude higher than 6.0 and 6.5, 

respectively. The northern coasts of Lesvos Island and the south eastern part 

of the area, north of Karaburun peninsula are expected to experience the 

highest seismicity rates according to Rate/State model applied here.  
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Fig. H14. Snapshot of the expected seismicity rates (M≥3.8) estimated for the period after 2012 

in sub-area 4 of North Aegean 

 

2.3.6   Area 6 – Thessalia (Central Greece) 

 2.3.6.1  Introduction 

Thessalia (Fig. 2.53) constitutes a part of the extensional backarc 

Aegean region and is characterized by extension on sub–parallel E–W striking 

normal faults (Papazachos et al., 2001). The southern part of the study area 

comprises the Sperchios basin with two active faults known to be associated 

with events of M>6.5 during the last five centuries, namely the Lamia fault 

and the Skarfeia fault (Papazachos et al., 2001). In the northern part, the NW–

SE trending normal faults in the Late Miocene – Early Pliocene (Caputo and 

Pavlides, 1993) control the local morphology and bound two parallel basins 

and probably the coastline. An old dextral strike-slip motion along the fault 

zone during the Miocene was followed by two normal reactivations was 

identified, suggesting possible initial connection of the western extension of 

the North Anatolian fault with the southern Thessalia fault zone. This zone 

maybe constitutes an active boundary and for this reason larger earthquakes 

occur there than in its northern margin (Mountrakis et al., 1993; 
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Papadimitriou and Karakostas, 2003). The contemporary N–S extension is 

revealed by the fault plane solutions of both strong (Papazachos et al., 1998) 

and small earthquakes (Hatzfeld et al., 1999). A NW-SE trend is dominant at a 

regional scale, but it is not so well defined by major faults although the basins 

in the Thessalia area are generated by this fault set. In contrast, a E-W to ESE-

WNW trending fault system was clearly observed in the field. Its large-scale 

morphological features are much less prominent than the NW-SE trending 

ones but equally evident. There is evidence that many faults belonging to this 

latter group experienced recent movements and are imposed onto the NW-SE 

trending structures inherited from the earlier tectonic phases.  

 
Fig. 2.53. Morphological map of Central Greece (indicated by the rectangle). 

Seismicity with M≥3.6 that occurred in the study area since 1970 is shown along with the fault 

plane solutions of the strongest shocks that were taken into account for the ΔCFF calculations 

incorporated in the Rate/State model 

 

Seismological data indicate that strong earthquakes are associated with 

these fault systems. From 1954 until 1958, five strong (6.1<M<7.0) earthquakes 

devastated towns and villages located along the southwestern border of the 

Thessalia basin. This remarkable sequence took place on along strike normal 
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faults interacting through their stress fields (Papadimitriou and Karakostas, 

2003). The 30 April 1954 Sofades earthquake in Thessaly (Papastamatiou and 

Mouyiaris, 1986a, 1986b; Ambraseys and Jackson, 1990; Papathanassiou et al., 

2007) occurred in a multi-fractured setting (Pavlides, 1993) and was 

accompanied by sporadic and locally complex ground ruptures (Palyvos et 

al., 2010). On July 9th 1980 an earthquake of magnitude M=6.5 occurred in the 

Magnesia region of Central Greece. The epicenter of the earthquake was 

located in the Pagasitikos gulf and the associated seismic sequence was 

studied by Papazachos et al. (1983) and Drakos et al. (2001).  

2.3.6.2  Data 

For seismicity rate change analysis in Thessalia the data from the 

Hellenic Unified Seismological Network (HUSN) were utilized. Seismicity 

since 1964 was considered and elaborated for estimation of its completeness 

threshold during time. Mc, was estimated for overlapping 10-year windows 

by the Modified Goodness-of-Fit Test (MGFT – Leptokaropoulos et al., 2013) 

and found equal to 3.6 since 1970 (1953 events during 43 years). The source 

parameters of the events that were taken into account for Coulomb stress 

changes calculations are shown in Table 2.14 and the forecasting periods 

correspond to the inter-event time periods between them, except for the last 

one that ends in December 2012.  

 

Table 2.14. Source parameters of the 11 earthquakes with M≥6.0 modeled for coseismic static 

Coulomb stress changes calculations. 

Event Date 
Epicentral 

Coordinates 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

1980 09JUL 39.300oN  22.900oE 

 
6.5 8.671 81 40 -90 2 

1980 09JUL 39.200 oN  22.600oE 6.1 5.523 81 40 -90 2 

1995 13MA

Y 
40.160oN 21.670oE 6.5 7.64 243 47 -97 1 

1995 15JUN 38.370oN 22.150oE 6.5 6.10 277 33 -76 4 

1. Global CMT; 2. Papazachos et al. (1983); 3. Drakos et al., 2001; 4. Bernard et al. (1996);  
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2.3.6.3   Parameters values 

Stressing rate values for the major regional fault segments were 

estimated by considering the long term slip rate (Papadimitriou and 

Karakostas, 2003; Paradisopoulou, 2011) and found equal to 0.032bar/year. 

Nevertheless the values applied here were between 0.010 bar/year and 0.08 

bar/year, whereas the characteristic relaxation time was selected fluctuating 

from 2.5 years to 30 years. The aforementioned values of   and ta, lead to 

0.025 bar<Aσ< 2.4 bar. The smoothing parameter was given values between 

0.04ο to 0.24ο (or alternatively radii of 4.5km to 26.7km), whereas according to 

equation 2.17 an h~0.12o was suggested. All ΔCFF calculations were done at 

the depth of 8 km, which approximates the average regional seismicity 

nucleation depth. The effective friction coefficient was set μ’=0.4 whereas the 

shear modulus, G, and Poisson’s ratio, ν, were fixed at 3.3∙105 bar and 0.25, 

respectively.  

2.3.6.4   Results – Discussion 

Two study periods are tested in this area (Fig. 2.54).  For the first one 

(1980-1995) a good agreement found between forecasted and observed 

seismicity rates in the western part of the area, whereas for the second period 

(1995-2012) the respective area is smaller. In quantification terms (Fig. 2.54) a 

maximum of ~60% of real seismicity rates are forecasted sufficiently for the 

first period (1980-1995) with these results being sensitive in bandwidth 

selection. On the other hand, a maximum of ~40% of observed seismicity 

during 1995-2012 is well simulated by the Rate/State model with ta and r  

influencing these percentage more than the bandwidth. Note that both the 

1995 events caused stress shadow in the entire study area, so there are no 

results for positive ΔCFF cells (lower frames of Fig. 2.55). This low correlation 

coefficient can be therefore explained due to the inherent model weakness to 

forecast seismicity rate decreases. For 1980-1995 period the PCC for stress 

increase areas is considerably improved reaching up to approximately 80%.  
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Fig. 2.54. Ratio of expected/observed seismicity rates for Thessalia, with reference seismicity 

rate obtained from 1970-1980 (M>3.6). Red colors show that the excepted values are 

overestimated in comparison with the observed ones whereas blue colors show higher 

observed seismicity rates than the simulated ones. White areas correspond to ratio value 

between 0.5-2, suggesting sufficient model performance. Parameter values applied are: 

h=0.15o,  ta=5yrs and r =0.03bar∙yr–1 (Aσ=0.15bar). 

 

 

Fig. 2.55. Quantitative evaluation of the difference between observed-synthetic seismicity 

rates during the inter-event time periods for Thessalia (colored lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient (PCC) whereas its 95% confidence intervals for 

each coefficient are also depicted by fainted lines. The upper frame figures yielded from the 

whole data set, while the figure below by taking into account only those cells experiencing 

positive ΔCFF. Reference seismicity rate corresponds to the period 1970-1980. 
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2.3.6.5 Contribution to Seismic Hazard Assessment 

The expected seismicity rates after 2012 were estimated for Thessalia 

region after considering the influence of coseismic (due to M≥6.0 earthquakes) 

and long term (tectonic) stress changes on the reference seismicity rates 

during 1970-1980 (M≥3.6, Fig. H15). The unbounded non-parametric 

magnitude distribution of the 1953 events (M≥3.6 during 1989-2012) was then 

considered in connection with the averaged estimated expected seismicity 

rate, to calculate the exceedance probabilities for the next decade. These 

probabilities were found equal to 28.2% (with 95% confidence bounds at 

21.9% - 35.0%) and 12.4% (with 95% confidence bounds at 6.4% - 17.4%) for an 

earthquake with magnitude higher than 6.0 and 6.5, respectively. As shown in 

figure H15, the expected rates (and consequently probabilities) are estimated 

to be high in specified areas in the central and eastern parts, which were 

influenced by the 2 strong 1980 (M=6.5 and M=6.1) events. Contrarily, the 

western sites are expected to accommodate seismicity at lower rates and an 

M≥6.0 earthquake is much less likely to occur there. 

 
Fig. H15. Snapshot of the expected seismicity rates (M≥3.6) estimated for the period after 2012 

in Thessalia.    

 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



175 
 

2.4 Integration of Results – Contribution of the Study to 

Probabilistic Seismic Hazard Assessment 

An overview of the obtained results is now demonstrated along with 

an attempt to verify the model performance in connection with the most 

recent strong earthquakes (M≥5.8) that took place in the broader Aegean 

region since June 2012. The impact of parameter values on correlation 

coefficient was explicitly investigated in this chapter. An evaluation of the 

model performance in respect to the input data statistical properties is 

presented. Figure 2.56 shows the mean values of PCC (averaged for different 

Rate/State parameter values combinations) as a function of the time span that 

each forecasting period covers. The distribution is quite diffused, nevertheless 

it is shown that for time intervals smaller than ~1000 days the value of PCC is 

generally low and does not exceed 0.5. On the other hand, as the duration of 

the testing periods increases over approximately 4-5 years, PCC values range 

is extended. There are still several cases with low PCC, but high values up to 

0.85 also exist.  

 
Fig. 2.56. Average correlation coefficient plots versus the duration of the data sets 

corresponding to the learning periods (in logarithmic scale) for the entire study areas (left 

frame) and only in cells experiencing positive Coulomb stress changes (right frame). 
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More important is the influence of the amount of data on correlation 

coefficient. The datasets corresponding to the study periods include event 

counts from some tenths up to thousands of events, depending upon the time 

period they cover, the completeness magnitude threshold and the regional 

degree of seismic activity. Such comparison of the average PCC in association 

with sample size is demonstrated in figure 2.57. In this case the plot is also 

quite diffuse but an increasing trend is evident. When datasets are consisted 

of small number of events the correlation coefficient is generally lower and 

vice versa. It is noteworthy that there are no very high PCC for very small 

datasets and respectively, there are no very low PCC values corresponding to 

the largest datasets.  

 
Fig. 2.57. Average correlation coefficient plots versus the number of the events in each data 

set corresponding to the learning periods (in logarithmic scale) for the entire study areas (left 

frame) and only in cells experiencing positive Coulomb stress changes (right frame). 

 

In order to seek for a more comprehensive connection between PCC 

and both dataset duration and size, the following plotting technique was 

followed: The data pairs (PCC-duration) were sorted according to their 

duration (or data number) and the mean of the first 5 PCC values were 

plotted versus the mean of the 5 first values of duration. Then the same 

procedure was repeated after shifting the 5-pair set by 1 event, so that 

overlapping 5-pair averaged sets were created. By this smoothed plotting it 
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becomes more visible that there is a correlation between PCC and dataset 

properties. Figure 2.58 shows that PCC tends to take higher values as time 

windows increase despite the large fluctuations which are shown as error 

bars. The pattern is identical for considering only positive ΔCFF cells, 

although shifted towards higher PCC values. A more clear view is obtained 

for the association between PCC and data number (fig. 2.59). In this case, 

despite a second order fluctuation there is an obvious increasing trend of PCC 

as the sample size becomes larger. These results illustrate that data number is 

a crucial parameter for the model application since it directly affects its 

performance regardless the other parameters influence. Therefore, the failure 

of the model to sufficiently forecast the real seismicity rates is in several cases, 

arises as a result of insufficient data's negative influence rather than due to an 

inherent model weakness.      

 
Fig. 2.58. Average correlation coefficient plots, smoothed by overlapping 5-sample sets versus 

the duration of the data sets corresponding to the learning periods (in logarithmic scale) for 

the entire study areas (left frame) and only in cells experiencing positive Coulomb stress 

changes (right frame). 
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Fig. 2.59. Average correlation coefficient plots smoothed by overlapping 5-sample sets versus 

the number of the data sets corresponding to the learning periods (in logarithmic scale) for 

the entire study areas (left frame) and only in cells experiencing positive Coulomb stress 

changes (right frame). 

 

In the next step an attempt to verify the model results in respect with 

strong earthquakes M>5.8 occurrence since June 2012 is attempted. Eight such 

events took place in the broader Aegean region (Table 2.13) and we are going 

to investigate if their foci were located in areas that Rate/State model 

forecasted to experience seismicity rate enhancements. The first event 

occurred on 10 June 2012 very close to sub-area D of South Aegean (Area 4). 

Its epicenter is though outside the borders of the study site and therefore no 

seismicity rates were modeled in this case. We could only reproduce the 

Coulomb stress changes associated with the 2008 event (Fig. 2.60) and confirm 

that the 2012 event took place in a positive ΔCFF lobe.  

Table 2.13. Source parameters of the 8 strong earthquakes (M≥5.8) occurred in the Aegean region 

since June 2012 

Event Date 
Epicentral 

Coordinates 
Mw 

Μ0  

(∙1025dyn∙cm) 

Focal Mechanism 
Reference 

Strike(ο) Dip(ο) Rake(ο) 

2012 10JUN 36.441 oN 28.904oE 5.9 0.69 19 85 -1 1 

2013 08JAN 39.641oN 25.611oE 5.8 0.64 241 86 175 2 

2013 16JUN 34.220 oN 25.080 oE 6.1 1.90 222 7 20 3 

 
2013 12OCT 35.472 oN 23.280 oE 6.5 6.20 305 33 76 1 

2013 28DEC 35.960oN 31.290oE 5.9 0.98 137 61 87 3 

2014 26JAN 38.160oN 20.340oE 6.1 1.38 286 90 -5 1 

2014 03FEB 38.270oN 20.320oE 6.0 0.96 287 87 -3 1 

2014 24MAY 40.296oE 24.403oE 6.3 4.15 245 72 171 1 

1 AUTH; 2; Kiratzi and Svigkas (2013); 3 Global CMT  
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Fig. 2.60. Coulomb stress changes associated with the 2008 earthquake, resolved according to 

the fault plane and focal depth of the June 2012 strong earthquake. The color map indicates 

the stress changes in bars.   

Two strong earthquakes occurred in South Aegean (Area 4): The 16 

June 2013 event, occurred in sub-area C and is located in an area surrounded 

by cells with high forecasted seismicity rates (Fig. 2.61 left frame), in a 

relatively short distance from the 2009 earthquake. Similarly, the 12 October 

2013 shock, took place in a region (sub-area B of Area 4) where the reference 

seismicity rates were significantly amplified by the coseismic stress changes 

caused by the 2008 earthquakes (Fig 2.61 right frame). To quantify these 

observations we plotted the empirical Cumulative Distribution Function 

(CDF) of expected seismicity in each cell and spotted the rank of the cells 

corresponding to the epicenter of each earthquake (Figures 2.62 and 2.63). To 

cope with the uncertainties in epicentral location we averaged the seismicity 

rate values of the cells in a radius of 5km from the epicenter. Histograms of 

the number of cells with specified values of modeled seismicity rates are also 

provided in the same figures. It is shown that in both cases less than 10% of 

the cells (8.4% and 9.8%, respectively) are expected to accommodate seismic 

activity at higher rates than the ones calculated close to the two epicenters. 

This provides strong evidence of the proposed model sufficiency, supporting 
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the concept of seeking strong earthquake occurrence at sites where increased 

seismicity rates are expected according to Rate/State modeling. 

 
Fig. 2.61. Forecasted seismicity rates just before the June 2013 (left frame) and the October 

2013 earthquakes. ΔCFF calculations are performed at their focal depth and according to their 

focal mechanism. Shear modulus is fixed at 50GPa and bandwidth is 0.08o. 

 

 
Fig. 2.62. Histogram of the number of cells in sub-area C that are expected to have a specified 

seismicity value (left frame) and the cumulative distribution function (CDF) of those rates just 

before the June 2013 earthquake (right frame). The arrow indicates the average rate close to 

the epicenter. Reference seismicity rate is evaluated since 1991 (MC=3.9). 
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Fig. 2.63. Histogram of the number of cells in sub-area C that are expected to have a specified 

seismicity value (left frame) and the cumulative distribution function (CDF) of those rates just 

before the October 2013 earthquake (right frame). The arrow indicates the average rate close 

to the epicenter. Reference seismicity rate is evaluated since 1971 (MC=4.0). 
 

The same procedure was followed to investigate the M=5.8 earthquake 

occurred close to Lemnos island, North Aegean (Area 5) on the 8th January 

2013. Because of the relatively sparse data due to high completeness threshold 

considered (MC=4.1), expected seismicity rates were only calculated for a 

limited fraction of the study area (Fig. 2.64). Nevertheless the epicenter of the 

2013 earthquake is located in an area where the expected rates have not only 

been calculated but also their values are very high. As shown in Figure 2.65, 

only ¼ of the area was expected to suffer higher seismicity rates than the close 

vicinity of this earthquake. Note that this proportion refers to the cells where 

calculations were performed and not to the entire area. Given that the main 

reason for not performing seismicity rate forecast is data insufficiency, mostly 

due to low seismicity rates, it becomes obvious that the actual percentage 

could be even higher for the entire area. 
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Fig. 2.64.  Forecasted seismicity rates just before the January 2013 earthquake. The expected 

seismicity rates have been calculated for M≥4.1 events. Shear modulus is fixed at 33GPa and 

bandwidth is 0.10o. 
 

 
Fig. 2.65. Histogram of the number of cells in sub-area 3 of North Aegean, that are expected to 

have a specified seismicity value (left frame) and the cumulative distribution function (CDF) 

of those rates just before the January 2013 earthquake (right frame). The arrow indicates the 

average rate in a radius of 5km from the epicenter. Reference seismicity rate is evaluated 

since 1970 (MC=4.1). 

The final test that was attempted concerns the MW=6.1 January 26th 2014 

earthquake that took place on Paliki peninsula, the western part of 

Cephalonia island (Area 2) and was followed one week later by a second 

main shock (MW=6.0). The Rate/State model was tested here according to two 

approaches concerning the data utilized (Fig. 2.66). The first one assumes 
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reference seismicity rates estimated from the period 1973-1983 (MC=4.3) and 

resulted to moderate performance and in the second one the reference 

seismicity rates were estimated from the period 1989-1997 (MC=3.6) and 

yielded high correlation (both approaches are described in section 2.3.2.4). In 

the first approach the epicenter was located in an area where the expected 

seismicity rates are very close to the average for the total area (Fig. 2.67). 

Approximately 63% of the cells are expected to accommodate seismicity at 

lower rates than in the close vicinity of the January 2014 epicenter. This is of 

course higher that 50% but does not imply a strong connection. On the other 

hand when dataset with lower completeness threshold is considered 

(reference rate from 1989-1997) the forecasted seismicity rate spatial 

distribution is significantly different (Fig 2.66 right frame).  In this case the 

Rate/State model application suggests that only ~5% of the area is expected to 

experience higher seismicity rates than the 5km radius from the epicenter of 

the M6.1 earthquake. This provides additional evidence that the model is 

more sufficient when adequate data are taken into account even if these data 

correspond to shorted time intervals.  

 
Fig. 2.66.  Forecasted seismicity rates just before the January 2014 earthquake. The expected 

seismicity rates were calculated from two datasets: Reference seismicity rate estimated since 

1973 with M≥4.3 and bandwidth equal to 0.13o (left frame) and reference seismicity rate 

estimated since 1989 with M≥3.6 and bandwidth equal to 0.08o (right frame). Shear modulus 

is fixed at 33GPa. 
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Fig. 2.67. Histogram of the number of cells in Cephalonia Transform Fault Zone (Area 2), that 

are expected to have a specified seismicity value (left frame) and the cumulative distribution 

function (CDF) of those rates just before the January 2014 earthquake (right frame). The arrow 

indicates the average rate in a radius of 5km from the epicenter. Reference seismicity rate is 

evaluated since 1973 (MC=4.3). 
 

 

 
Fig. 2.68. Histogram of the number of cells in Cephalonia Transform Fault Zone (Area 2), that 

are expected to have a specified seismicity value (left frame) and the cumulative distribution 

function (CDF) of those rates just before the January 2014 earthquake (right frame). The arrow 

indicates the average rate in a radius of 5km from the epicenter. Reference seismicity rate is 

evaluated since 1989 (MC=3.6). 

The contribution of this thesis to PSHA is to provide the exceedance 

probabilities of a predefined magnitude during a specified time period in 

particular sites of the broader Aegean region. As an implementation to seismic 

hazard assessment the following map is presented which integrates all the 

results described in this chapter (Fig. 2.69). This figure shows the expected 
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seismicity rate values that correspond to 25% (orange) and 10% (red) of the 

highest reference seismicity rate amplifications calculated for each sub-area. 

Note that these results do not correspond to seismicity rate values: Since each 

area not only demonstrates different reference activity but also the respective 

datasets exhibit diverse completeness magnitude, it is profound that the 

expected rates should vary by several orders of magnitude. Therefore it was 

necessary to cope with data inhomogeneity and spatial variability of the 

earthquake production reference rates. In doing so, the expected rates were 

normalized by the regional reference rate for each area and their highest 

values were illustrated in a single figure. It should be also emphasized that the 

aforementioned percentages (of 25% and 10%) do not correspond to the 

percentage of each area’s entire surface, but to the fraction of each area that 

calculations were performed (where adequate data were available). Recall that 

no forecasted rates were evaluated where reference or expected rates found to 

be lower that a predefined rate (0.0001 event∙cell-1year-1). It is noteworthy that 

7 out of 8 strong events (M≥5.8) occurred since June 2012 are located inside (6 

events) or very close (1 event) these enhanced expected areas. Candidates to 

expect high earthquake occurrence rates and even a strong event in the future 

according to the analysis presented here are: Some of the western segments of 

North Anatolian Fault in the Marmara Sea, Sporades Islands and their 

vicinity, several sites along the Hellenic arc, the western Gulf of Corinth, the 

islands and Asia Minor coasts located in the central-eastern part of the Aegean 

Sea and several sites of south-western Turkey.   
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Fig. 2.69.  Integration of the forecasted seismicity rate results after June, 2012: Expected seismicity 

rates for each study area normalized by the respective reference seismicity rate. The orange and 

red areas indicate the highest 25% and 10% of the total seismicity rate values calculated per 

region, respectively. Equivalently, the remaining 75% and 90% of each area is expected to 

accommodate seismicity at lower rates than the mapped one, respectively (cells with very low 

rates did not account for this calculations). Blue stars illustrate the epicenters of the most recent 

(since June 2012) strong events (M>5.8) that took place in the broader Aegean region. In each area, 

the exceedance probability for a M≥6.0 and a M≥6.5 earthquake for a 10-year period is denoted by 

the upper and lower number, respectively. The black lines show the boundaries of each study 

area, as they were defined in this Thesis. 

In this study the exceedance probability of an M≥Mi event is estimated 

in the selected study areas for a predefined time period. The model free, 

unbounded estimation of magnitude distribution (Kijko et al., 2001; Lasocki 

and Orlecka-Sikora, 2008) applied in this study ensures a satisfactory 

agreement between the average return period estimates and actual 

observations (description and formulation is given in Appendix D). The 

exceedance probability for M≥6.0 and M≥6.5 was estimated in each sub-area 

of the study area for a time horizon of a decade, given the expected seismicity 
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rates as estimated in Chapter 2. The 95% confidence intervals of probabilities 

were established by estimating the 95% confidence bounds for the non-

parametric kernel estimator of cumulative distribution function of magnitude 

by the means of bootstrap resampling. The values of these exceedance 

probabilities and their respective confidence bounds are shown in Table (2.13) 

and correspond to the entire sub-area in each case.   

Table 2.13. Exceedance probabilities for M≥6.0 (2nd column) and M≥6.5 (3rd column) earthquakes 

in the 14 areas studied in this Thesis, estimated for a 10-year horizon. The bold number in the 

parenthesis gives the average value, whereas its 95% confidence bounds are also provided. The 

number of events that were used to retrieve the unbounded, non—parametric frequency 

magnitude distribution parameters is given in the forth column. 

 Area Probability for  M≥6.0 Probability for M≥6.5 N (events) 

A1 73.8-0.77.9 (75.7) 32.9-48.8 (42.6) 2438 

A2 25.8-0.68.2 (49.0) 5.0-40.1 (23.2) 2069 

A31 73.9-0.87.9 (79.4) 35.7-61.2 (44.7) 7308 

A32 55.8-0.66.4 (60.4) 16.1-43.0 (34.4) 974 

A33 66.5-0.86.1(80.1) 39.4-67.6 (55.1) 904 

A34 65.4-0.83.9 (78.0) 29.2-58.0 (49.4) 1810 

A41 34.2-0.49.3 (44.8) 30.1-33.9 (32.6) 774 

A42 9.5-0.46.4 (32.9) 1.0-18.9 (9.5) 1781 

A43 44.5-0.75.0 (58.9) 20.1-42.9 (30.7) 1438 

A44 55.4-0.60.9 (58.8) 7.8-30.8 (24.2)  626 

A51 14.5-0.25.2 (20.6) 0.9-7.5 (5.4) 1865 

A52 36.5-0.47.2 (43.6) 27.1-32.3 (28.6) 440 

A53 17.5-0.20.3 (18.4) 12.4-14.4 (13.2) 218 

A54 1.4-0.10.4 (5.7) 0.1-2.1 (0.6) 1182 

A6 21.9-0.35.0 (28.2) 6.4-17.5 (12.4) 1953 

 

It should be pointed out that these probability values are not equally 

distributed along the study areas. For more comprehensive results, these 

values should be combined with figure (2.69) in order to obtain a more 

realistic view of how these probabilities are spatially distributed. The 

gridding approach adopted in this study for seismicity rate calculations does 

not allow a more detailed probability estimate, nevertheless the average 

estimated values for the 15 seismic sources together with the distribution of 

high-expected rate areas (Fig. 2.69) provide an integrated and explicit 

illustration of hazard assessment. It should be also noted that the 

uncertainties incorporated in the Rate/State modeling and deal with 
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parameter values (e.g. stressing rate, characteristic relaxation time), rupture 

models (e.g. friction coefficient, fault geometry) and reference rate period 

selection were not included in the probabilities confidence bound 

construction. This sustains a challenge for future research: To incorporate 

both Rate/State model and Frequency-Magnitude parameters uncertainties for 

well defined seismic sources, in order to establish robust probabilistic hazard 

estimates for given periods. 

2.5  Discussion and Summary 

Seismicity rate changes in the broader Aegean region were investigated 

in this thesis on the basis of Dieterich (1994) Rate/State dependent friction 

concept. After optimally defining the study areas according to seismotectonic 

criteria and data homogeneity, the respective earthquake catalogs were 

selected and sought for their completeness magnitude thresholds and their 

temporal variations. Starting from selected ‚learning periods‛, the reference 

seismicity rates were evaluated for each study area. The forecasting periods 

(study periods) were chosen to be the interseismic time intervals between two 

successive strong main shocks (ΜW>5.8). The influence of the Coulomb stress 

changes due to the coseismic slip of these strong events was examined in 

connection with the occurrence rates of small events (Μ>MC for each study 

area) for the interevent periods. The impact of the constant tectonic loading 

(stressing rate) during the inter-seismic periods was also embodied to the 

modeled seismic rates. Summarizing, the simulated rates of earthquake 

occurrence were estimated as a result of the effect of the successive coseismic 

ΔCFF and the steady-rate tectonic loading on the reference rates evaluated 

from the learning periods seismicity. 

The results obtained by the Rate/State model application were 

afterwards qualitatively and quantitatively compared with the ones observed 

during the respective periods, in order to seek for correlation between 
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observed and expected seismic rates and improve the modeling by 

appropriately tuning the parameter values. All model parameters evaluation 

and data processing was done individually in each one of the study areas, 

regarding their particular geophysical (stressing rate, focal mechanisms) and 

statistical (seismicity data number and distribution) properties. The 

quantitative correlation between the expected and observed seismicity rates 

was evaluated by the means of Pearson linear correlation coefficient (and its 

95% confidence bounds) and tested for its significance. In every case where 

PCC was larger than 0.4 the significance of correlation was high, with the p-

value being less than 10-6 giving ground to reject the null hypothesis and 

accept that there is a linear relationship (weaker or stronger) between 

estimated and observed seismicity rate. This test was performed for the entire 

data set, excluding cells with extremely low seismicity rate values (lower than 

0.0001 events∙cell-1∙year-1), which correspond to areas with very low seismic 

activity associated with minor faults or even large epicentral location errors. 

This assumption provides statistically more robust results because 

comparison of seismicity rates in comparatively less active areas is avoided. 

Tests were performed once again only for cells with positive values of 

Coulomb stress changes. Previous studies (Toda et al., 2005; Mallman and 

Parsons, 2008) concluded that detection of seismicity enhancement in such 

areas is better manifested than depression of seismicity rates in areas with 

stress shadows. For detecting decreases of earthquake occurrence rates, in 

particular, a high value of reference seismicity is essential. Our data were not 

sufficient for obtaining visible evidence of such seismicity rate reductions. 

Therefore it is worth to focus on positive ΔCFF areas instead, not only 

because the results might be more advantageous, but also because most of the 

strongest (M≥5.8) earthquakes after 1965, occurred in those areas (e.g. 

Papadimitriou and Sykes, 2001). Correlation is also usually improved when 
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the calculation concern cells where ΔCFF>0, in agreement with the previously 

studied observation that it is easier to detect seismicity bursts in such areas 

rather than rate depression in stress shadows. Sample size is also a crucial 

precondition for this analysis; in all the tested cases where data was sparse 

due to the short time window and/or high corresponding completeness 

magnitude, the correlation was negligible.  

A thorough investigation on parameter values was performed in the 

present study. Rate/State parameter values depend on physical rock 

properties which can be non-uniform over the area. Catalli et al. (2008) 

pointed out that although it is likely to expect that all considered parameters 

are spatially variable, it is extremely difficult to constrain realistic patterns for 

Rate/State modeling. This is the main reason for considering these parameters 

as spatially uniform and constant in most of the applications available in the 

literature. At this point we should emphasize that the explicit determination 

of physical rock properties is not an issue of this study. In general, these 

values are not known and have to be estimated from the observed seismicity 

data or using some approximate physical relations (Hainzl et al., 2009).  

Dieterich (1994) formulation actual power is lying upon indirectly 

incorporating these properties despite the uncertainties that they exhibit in 

order to simulate and forecast seismicity rate changes. Toda et al. (1998) for 

example, estimated Aσ by fitting the observed dependence of the seismicity 

rate change (R/r) on stress change predicted for Rate/State dependent fault 

properties, i. e. by using indirect mean instead of recalling laboratory 

experimental results. The model parameters are strongly correlated with each 

other for both physical and statistical reasons and in this study is verified that 

different sets of model parameters can yield to the same expected seismicity 

rate variations, in agreement with Cocco et al. (2010). The selection of the 
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range of parameter values in this study was adequate to improve the 

modeling of the physical processes that take place in the earth’s crust. 

Concerning the bandwidth, higher values of h, result to higher 

correlation but from physical aspect too high values should be avoided 

because they oversmooth seismicity patterns and balance the differences 

among broader areas obtaining to misleading results. On the contrary, smaller 

values are preferable because in this case each earthquake has a limited area 

of influence and consequently low seismicity areas should be better 

distinguished. Referring to the Rate/State parameters, the model seems to 

perform better when lower Ασ values are applied. This in turn means that 

lower values of the selected range of characteristic relaxation time or stressing 

rate are more appropriate. Stressing rate was determined with sufficient 

accuracy, thus it is very unlikely that the r  has obtained values almost one 

order of magnitude lower. Hence, a probable scenario is that in most of the 

study regions the constitutive properties of the fault zones exhibit lower Ασ 

values, and consequently lower characteristic relaxation time (eq. 2.8). These 

results seem to be in better agreement with Dieterich (1994) who estimate ta-

values varying between 0.5 – 5 years in some cases, putting into question the 

selection of higher ta values, as stated in the literature, for application in our 

study area. In addition, it was also shown in our trials that the previously 

mentioned parameter values usually have a minor impact on the resulting 

correlation. This is due to the fact that these parameters amplify or depress 

seismicity rates expected but do not influence their spatial pattern, a property 

that almost exclusively depends on reference seismicity rate, stress changes 

and bandwidth selection. 

Consequently, it is of major importance that the data set and the 

rupture models of the strong events to be defined as precisely as possible. The 

accuracy of the evaluated epicentral coordinates and focal depth of the 
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earthquake data has a significant impact on the model results. This is 

confirmed by our results, showing that the best fitting to the real data takes 

place in areas with adequate azimuthal network coverage such as Corinth 

Gulf and North Aegean. On the contrary, as it happens to the subduction 

zones, the geographical shape of the Hellenic Arc, yields to sparsely recorded 

seismicity due to the insufficient azimuthal coverage and high completeness 

magnitude threshold, leading to relatively lower correlation coefficient. 

However, even in these areas the results demonstrate that the present 

formulation and the available data sets are quite sufficient to model 

adequately the observed seismicity rates, even when data during the last 5 

decades are considered.  

The methodology we followed provided satisfactory results in general, 

taking into account the uncertainties, assumptions and simplifications that we 

performed in order to construct a more flexible and easy to apply model. The 

uncertainties arise from the accuracy of the focal coordinates determination of 

the earthquakes used in the current analysis. They are also related with the 

parameter values speculation although a wide range of them was considered. 

Different kind of uncertainties embodied in our study deal with the 

determination of the rupture models, especially of the smaller magnitudes 

main shocks. Moreover strong event influence (e.g. 1956 M =7.7 in Southern 

Aegean, 1967 M=7.2 in NAF, 1905 M=7.1, 1912 M=7.6, 1968 M=7.1, in Northern 

Aegean, 1953 M7.2 in Cephalonia, 1954 M7.0 in Thessalia) was not taken into 

account because of the insufficient data available before 1980 for a robust 

seismicity rate investigation. Therefore, it is inevitable that the state of stress 

remains unknown at the beginning of our analysis, since data adequacy and 

reliability are not appropriate when going back in time (e.g. Papadimitriou 

and Sykes, 2001). Nevertheless, note that we utilized non-declustered data 

sets, which contain triggered events or seismicity depression that persist in 

time and are related with the stress perturbations produced by previous 
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strong main shocks (Leptokaropoulos et al., 2012). Therefore, the reference 

seismicity rates pattern contain in a way some of the effects associated with 

these non-modeled stress perturbations. Moreover, diverse reference rate 

periods were tested in several cases: one period with longer duration and 

higher magnitude threshold (and thus smaller sample size) and another one 

exhibiting shorter duration but lower completeness magnitude. By this 

procedure the model sensitivity is tested, and the parameter values that 

appear to simulate more realistically the regional tectonic procedures are 

evaluated. The results notably depend on data sufficiency and it was shown 

here that the model application provided satisfactory results despite the 

inherent ambiguities embodied in the process as previously mentioned. 

  For the calculations of stress perturbations the use of rupture models 

of the major shocks, introduced additional uncertainties. The highest 

decreases of ΔCFF are evident in the near field, along the causative fault and 

in small distances of it, i.e. where the higher aftershock activity is observed. 

This intense seismic activity cannot be simulated because these aftershocks 

are regarded to be generated by short-scale slip variations while the applied 

rupture model considers uniform slip along the fault and cannot model the 

Coulomb stress changes in the near field. Therefore, one more reason to avoid 

seismicity rate estimation in negative ΔCFF areas regards the ambiguities 

concerning the stress calculations. Other features such as aftershock 

interactions and variability of their mechanisms, post-seismic deformations 

and rheological properties, introduce more uncertainties into the study on the 

rupture surface and its close vicinity (Helmstetter and Shaw, 2006; 

Helmstetter et al., 2006; Hainzl et al., 2010). These ambiguities can be 

overcome by comparison between off-fault observed and synthetic seismicity 

rates, in areas with well constrained ΔCFF values (Toda and Stein, 2003).  
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Even under these assumptions and inherent weaknesses of the data 

and the model, the results show that modeling seismicity rate changes 

through this approach is a feasible goal. The results indicate that the 

correlation between observed and simulated seismicity rate values is quite 

high when the study periods last enough for the respective dataset exhibiting 

sufficient size and including adequate number of off-fault earthquakes. More 

important is also the fact that the recent strong earthquakes (MW≥5.8) since 

2013 took place in areas that were modeled to experience increased 

earthquake occurrence rates, given the regional reference seismicity rates and 

stressing history. These results may be improved in future applications 

because of more accurate location and lower completeness magnitude 

threshold achieved, following the regional seismological network evolution in 

number of stations and azimuthal coverage. Implication of the current 

analysis to earthquake probabilities is expected to prove a promising tool for 

time dependent seismic hazard assessment. Given a magnitude-frequency 

relation, the strongest events occurrence rates can be transformed to 

probability of earthquake occurrence for mid-term earthquake forecasting and 

hazard assessment (Toda et al., 2003) and this could be an interesting 

perspective for future research. Other issues related with the future 

improvement of the current methodology deal with the smoothing technique. 

The adaptive seismicity smoothing around each epicenter rather that in each 

cell (e.g. Helmstetter et al., 2006; Werner et al., 2010; Botev et al., 2010) may 

provide flexibility in investigating larger areas. More generally the spatial 

determination of parameter values (bandwidth, Ασ, stressing rate), 

introduction of new perspectives (viscoelastic phenomena, afterslip) and 

combination of Rate/State physical based approach with statistical models 

(such as the ETAS) constitute significant challenge for the future research.    
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Chapter 3. Stress Changes Inverted from Seismicity Rates 

3.1 Introduction 

The purpose of this chapter is to investigate seismicity rate changes in 

both space and time domain and to employ these changes in order to obtain 

information concerning the stress field variations. In doing so, the highest 

accuracy most recent and large sized regional datasets are utilized in order to 

invert seismicity rate changes into stress variation through a Rate/State 

dependent friction model, focusing in stress changes before and after recent 

strong earthquake occurrence. After explicitly determining the physical 

quantities incorporating in the modeling (characteristic relaxation time, 

reference seismicity rates) we sought for stress changes in both space and time 

and their possible connection with earthquake clustering and fault 

interactions. The spatial stress changes distribution were evaluated after 

smoothing the seismological data by the means of a probability density 

function (PDF). These inverted stress results were also compared with the 

ones derived from an independent approach (elastic dislocation model) and 

their correlation was quantified. 

Usually, the impact of stressing history to the reference seismicity rates 

in specific areas is studied in order to forecast future seismicity rates.  During 

the last fifteen years an attempt has been made to take advantage of the well 

determined seismicity rates in order to estimate the stress field variation. The 

calculation of stress changes from earthquake occurrence rates obtained from 

catalogues (achieving adequate spatial and temporal resolution) was firstly 

led to successful results by Dieterich et al. (2000), despite of the non-linearity 

of earthquake rate changes with respect to both stress and time. The same 

authors proposed and applied two methods using data from Kilauea volcano 

region, the results of which yielded sufficient agreement with independent 
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estimates of stress changes (boundary element/ elastic dislocation models). 

They discretized the space, with a grid size of about 1 km, and assume that 

the stress is uniform in each cell. This assumption that the stress is uniform at 

scales of a few km is reasonable for the stress change induced by a dyke 

intrusion, as in Dieterich et al. (2003), or for the coseismic stress change 

induced by a large earthquake in the far field. Although short term stress 

fluctuations could not be investigated because of random seismicity rate 

changes and possible catalogue inconsistencies, the long term stressing rate 

evolution and sudden stress steps appeared well resolved. The 

aforementioned studies assumed that the stress induced by dyke intrusion or 

the coseismic stress change in the far field is uniform at scales of a few km. 

However, the coseismic stress change on the main shock fault plane, where 

most of the aftershocks are located, is most probable being heterogeneous at 

all scales (Herrero and Bernard, 1994; Helmstetter and Shaw, 2005; 2006) 

Ogata (2005) proposed a method of exploratory seismic data analysis 

using the epidemic-type aftershock sequence (ETAS) model, providing 

examples of how this method might indicate changes in stress. He detected 

and utilized anomalous seismic activity (such as quiescence and excitation) by 

a systematic deviation of seismic rates from the predicted by ETAS rate. These 

results were consistent with the coseismic changes of Coulomb failure stress 

in the corresponding regions, transferred from certain strong earthquakes. 

Few results in his paper agreed with the claim that there should be a 

threshold value of ΔCFF capable of affecting seismic changes. Thus he 

supports the idea that the anomaly in seismic activity, including the case of a 

single aftershock sequence relative to the model’s rates, can sensitively reveal 

small stress changes caused by seismic or aseismic slips. Such a seismic 

anomaly could be a highly sensitive measure for exogenous stress changes in 

a wide region, comparable to, or possibly more sensitive than, various 

geodetic measurements. 
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Helmstetter and Shaw (2005, 2006) attempted to estimate the stress 

distribution on the fault plane from the aftershock rate, using the rate-and-

state dependent friction model. They assumed that stress changes 

instantaneously after a mainshock, and they neglected the stress relaxation on 

the fault due to aseismic slip or viscous relaxation. Moreover, they neglected 

the stress/seismicity rate change induced by aftershocks. They interpreted 

their results assuming significant spatial heterogeneity in the stress 

distribution and explained in this way why aftershocks occur on the main 

rupture area. Concluding they noticed that heterogeneous stress distribution 

may not be the only mechanism that affects the temporal seismicity rate 

evoluition: Heterogeneity of the friction law parameter A, effective normal 

stress, and stressing rate, multiple interactions between aftershocks, and 

postseismic relaxation may also cause considerable earthquake rate 

variations. 

Following the Dieterich et al. (2000) methodology Toda and 

Matsumura (2006) studied a large scale silent slip in Tokai region. This slow 

slip event from 2001-2004 released total moment of 5x1019Nm, roughly 

equivalent with a M=7.0 earthquake and took place in an area exhibiting 

unusual silent crustal movement. Their purpose was to investigate whether 

this phenomenon was uniquely associated with the ‘Expected Tokai 

Earthquake’, or sustained ordinary activity, repeatedly occurring for the 

region. The time series of microseismicity were used as an in situ stress sensor 

to estimate the crustal movements that are too small for the surface GPS 

network to detect until the cumulative movement becomes sufficient large. 

They calculated stress changes inverted from micro seismicity (M≥1.5) but 

they were still able to detect only moderate to large slippage rather than short 

term motions. These inverted stress changes values strongly depended on slip 

direction and fault orientation and their results could be interpreted only after 

revisiting the regional seismotectonic setting. They finally presented a new 
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delineation of plate coupling for the Tokai region, proposing a slip 

distribution on the plate interface.  

Ghimire et al. (2008) attempted an estimation of spatio-temporal 

evolution of Coulomb stress from the analysis of seismicity rate changes 

within the subducted Pacific slab in Hokkaido. They found that the change of 

stress pattern inverted from seismicity rate changes was comparable with the 

one estimated from dislocation models. They divided their study area into 4 

sub-regions according to their tectonic environment and in order  to convert 

seismicity rates into ΔCFF they assumed the annual rate of earthquake 

occurrence averaged from the reference seismicity calculated for the period 

between 1994 and 2006. Their inversion analysis also revealed that stressing 

events with MW<7.0 appear to have minimal impact on Coulomb stress 

change in the Pacific slab and that deep focused large earthquakes could not 

also change Coulomb stress significantly in the shallower layers. 

3.2 Stress Inversion Methodology 

In this study we follow the Dieterich et al. (2000) methodology for 

various implications regarding the stress regime evolution in both space and 

time and the associated seismotectonics, such as fault interaction and 

earthquake clustering. Spatial and temporal evolution of the stress field 

changes are evaluated for datasets corresponding to different time increments 

and areas of major interest such as those located close to ruptured fault 

segments. As already presented in Chapter 2, Dieterich (1994) formulation 

implies that there is a causative relationship between the evolution of the 

stress field and the deviation of the earthquake production rates from their 

unperturbed, reference state. Despite the inherent uncertainties embodied in 

such an approach, dealing with parameter values determination, random 

seismic fluctuation and fault orientation (Stein, 1999; Harris, 2000), its 

application often succeeds satisfactory results. A very important precondition 
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is that the local seismicity should be continuously high and well recorded. In 

such way the seismicity rate information contained in the earthquake 

catalogues may be interpreted as a stress meter (Toda and Matsumura, 2006). 

Dieterich et al. (2000) developed and applied two methods to estimate stress 

perturbations from seismicity rate changes. The first gives the stress as a 

function of time in a specified volume as 
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where γi and γi+1 are the estimated values of state variable, γ, at the 

beginning and the end of the time step, Δt, respectively. This equation 

expresses the stress changes over successive time intervals for a stress step at 

the mid-point of a time interval. In this study we apply the second one, which 

uses the solution of (2.2) for an initial assumption of constant stressing rate. 

This solution provides the spatial distribution of stress changes, ΔS, for a 

stress event  
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where, rS and ,S are the background stressing rate and the Coulomb 

stressing rate on the fault, respectively, N1, is the count of earthquakes in the 

time interval, t1, immediately before the stress event and N2, is the count of 

earthquakes in the time interval, t2, immediately after the stress event. ΔS is 

therefore estimated  from the observed time-dependent seismicity, by 

counting the number of earthquakes occurred during specified time intervals 

(t1, t2). As ‚stress event‛, one can refer to a magmatic intrusion or eruption 

(Dieterich et al., 2000; Dieterich et al., 2003), a silent slip event (slow creep that 

may lead to dynamic instability – Toda and Matsumura, 2006 and references 

within) or an earthquake (Helmstetter and Shaw, 2006; Mallman and Zoback, 

2007; Ghimire et al., 2008). In the application of this formulation in Corinth 
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Gulf, it is assumed that the stressing rate remains constant in time and it is 

independent of the sudden stress events (earthquakes). Moreover, in our 

analysis similar fault geometry (faulting mechanism) is assumed within a 

small volume in earth (Ghimire et al., 2008). This assumption can be 

considered as valid, since the average focal mechanism of 31 events in the 

area suggests small variation in geometry, (258o±22o strike, 41o±11o dip and -

80±22o rake), implying SSr
  . Note that parameter Aσ and stressing rate are 

connected with each other through the equation (2.8). 

3.3 Applications and Results 

In this section there is an effort to investigate stress changes in selected 

areas of the Aegean region characterized by high seismicity rates, for periods 

with relatively high recording level of seismicity. The results derived from the 

stress inversion analysis are demonstrated for the areas shown in Table 3.1, 

selected on the basis of data sufficiency and accuracy. To achieve this task 

well recorded seismicity catalogues at low completeness magnitude 

thresholds should be available for large time interval. This is the reason that 

led us to study these specific areas although stronger earthquakes occur along 

other rupture zones in the broader Aegean area.   

Table 3.1. Datasets used in the stress inversion study and their properties. The three first 

datasets are characterized by better quality as far as the focal parameters accuracy and data 

density concerns.  

No Area Duration Events 
Events/ 

(yr∙100km2) 
Mc 

1 Efpalio 4.4yrs (2008-2012) 988 17.20 2.4 

2a Samos-Kusadasi 5.2yrs (2007-2012) 2814 53.50 1.6 

2b Karaburun 5.2yrs (2007-2012) 1876 49.50 1.6 

3 Corinth Gulf ~38yrs (1975-2013) 1613 1.92 3.5 

4 Lefkada ~14yrs (1999-2013) 744 0.53 3.2 

5 Western Crete  5.2 yrs (2009-2014) 666 0.64 2.8 
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The association of the stress changes results with various implications 

regarding seismic clustering and tectonics and stress changes are shown in 

each case in the following sub-sections as:  

 Temporal evolution of stress field changes inverted from seismicity 

rate variations since August 2008 to December 2012 (dataset 1)  

 Comparison between inverted stress changes associated with the 

coseismic slip due to the two strongest events of the 2010 sequence 

(M=5.5 and M=5.4), with ΔCFF derived from elastic dislocation model 

applied for the January 2010 main shocks (dataset 1) 

 Spatial distribution of stress changes inverted from seismicity rate 

variations before and after the January 2010 main shocks (dataset 1) 

 Stress changes close to the two fault segments that failed in the 2010 

doublet (dataset 1 excluding events located approximately 1 fault 

length farther from the ruptured segments) 

 Stress changes associated with spatio-temporal earthquake clustering 

(dataset 1) 

 Temporal analysis of stress field variations inverted from seismicity 

rate changes since 1975 (dataset 2) 

All of these analyses were performed for the first three datasets shown 

in Table 3.1 (Efpalio & Karaburun-Kusadasi). For the remaining 3 datasets, 

shown with italics in Table 3.1 (Corinth Gulf, Lefkada and western Crete) 

only the first step of analysis (i.e. temporal variation of stress field) was 

accomplished. It was not feasible to perform further analysis (comparison 

with ΔCFF derived from independent approaches, earthquake clustering, 

spatial variation of stress changes) due to data insufficiency resulting from 

high completeness catalog magnitude thresholds and/or the limited time span 

these data correspond to. 
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3.3.1  Area 1 – Efpalio 2008-2012 (Corinth Gulf) 

3.3.1.1  Introduction-Overview 

The area of interest is located in western Corinth Gulf, Central Greece, 

a region characterized by strong extensional deformation and exhibiting 

intense seismic activity, since it consists one of the most rapidly deforming 

continental extension areas in the Mediterranean domain (Fig. 3.1). This rift 

has been generalized as an East-West oriented, asymmetric half-graben with 

North-South striking extension controlled by a series of en-echelon north 

dipping normal faults along the southern coast together with minor south 

dipping antithetic faults along its northern boundary (Roberts and Jackson, 

1991; Armijo et al., 1996; Bell et al., 2008). The available fault plane solutions 

of the strongest (M≥6.0) earthquakes determined in the last decades by 

waveform modeling (Taymaz et al., 1991; Braunmiller and Nabelek, 1996; 

Baker et al., 1997; Kiratzi and Louvari, 2003) along with solutions of moderate 

size events occurred during the most recent sequence of January 2010 

(Karakostas et al., 2012) verify the pattern of East–West trending normal 

faulting, having one north dipping plane. The aforementioned features are 

also consistent with microseismic observations obtained by dense temporary 

networks (Hatzfeld et al., 1990; Rigo et al., 1996). The regional fault segments 

are associated with many devastating earthquakes reported since the ancient 

times (Papazachos and Papazachou, 2003) and recorded during the 

instrumental era, causing extensive damage and several casualties. Moderate 

magnitude events (M≥5.0) are also quite frequent in the area. 
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Fig. 3.1. Morphological map of the study area with seismicity occurred between August 2008 

– December 2012. Stars denote the two main-shock epicenters. The inlaid figure shows the 

broader Aegean region and its major tectonic features. White box indicates the study area.  

 In the analysis presented below we follow the Dieterich et al. (2000) 

methodology for various implications regarding the stress regime evolution 

and the associated seismotectonics. Spatial and temporal evolution of the 

stress field changes are evaluated for datasets corresponding to different time 

increments and areas of major interest such as close to ruptured fault 

segments: On January 18th, 2010, an M=5.5 earthquake struck the northern 

coast of the western part of Corinth Gulf (Fig. 3.1), close to the town of 

Efpalio. The intense aftershock activity was culminated 4 days later with a 

second moderate magnitude (M=5.4) earthquake, and then continued for 

several weeks. The spatio-temporal evolution of the sequence along with 

seismotectonic implementations such as coseismic shifts and crustal structure 

have already been studied by several previous researches (Jansky et al., 2011; 

Ganas et al., 2012; Karakostas et al., 2012; Kostelecky and Dousa, 2012; 

Novotny et al., 2012; Sokos et al., 2012). The aim here is to take advantage of 

the large number of well recorded earthquakes both before and after the 2010 

sequence in order to derive the spatial and temporal distribution of stress 

variations. We performed a more detailed analysis close in space and time to 

the fault segments associated with the 2010 doublet and we also attempt to 
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connect earthquake clustering with stress field variation. The stress changes 

inverted from seismicity rates are then compared with the ones derived from 

the elastic dislocation model application and quantification of their 

correlation is also demonstrated.  

3.3.1.2  Data 

Corinth Gulf sustains one of the best monitored areas of the Aegean 

region, since the adequately dense National seismological network and the 

local morphology conduce to satisfactory azimuthal coverage, and thus low 

completeness magnitude and considerable hypocentral accuracy. The data 

available from the Hellenic Unified Seismological Network (HUSN) was used 

(available at http://geophysics.geo.auth.gr/ss/) between August 2008 – 

December 2012 which demonstrate homogeneity in respect to magnitude 

estimation and detection level. We excluded from this catalogue the 

earthquakes located deeper than 20km which correspond to either poorly 

determined hypocenters or to intermediate depth events along the subducting 

Eastern Mediterranean plate underneath Peloponnese at this site.  

The reliable determination of the completeness magnitude, MC, for this 

dataset is of major importance for any seismicity rate based analysis. For MC 

determination the Modified Goodness of Fit Test (MGFT) proposed by 

Leptokaropoulos et al. (2013) was followed. Although a relatively stable 

detection level of seismicity is achieved since August 2008, a temporal 

analysis of MC should be carried out in order to ensure the appropriate 

completeness threshold. Therefore, annual and 2-year data sets were sought 

for ΜC determination and the final selection was the highest of the resulting 

MC’s. This was found equal to 2.4 (Figure 3.2) and it is observed, as expected, 

during the aftershock sequence of January 2010, because a fraction of smaller 

magnitude earthquakes cannot be distinguished within the coda of larger 

events (Woessner and Wiemer, 2005). This magnitude is 0.1-0.5 units higher 
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than the corresponding MC calculated for the other tested data sets that 

correspond to periods prior and after the sequence. The b-value was found in 

the range 0.96<b<1.03 in all the sub sets examined with an average value of 

b=0.98±0.025 as shown in Figure 3.3.  

 
Fig. 3.2. Modified Goodness of Fit Test (MGFT) for MC determination for the original data set 

during 2010. The residuals yielded as a function of minimum magnitude from the application 

of the original and the modified GFT are shown with green and red colors respectively.  

 

 

Fig. 3.3. Frequency-Magnitude distribution of the events recorder by the National 

Seismological Network from August 2008 until December 2012. The b-value and its standard 

error, σb, was calculated by following the maximum likelihood estimate (Aki,  1965) for 1-year 

and 2-year duration sub-sets and did not show significant fluctuations from 0.98. On the 

contrary, MC, was fluctuating from 1.9 to 2.4 depending on the selected dataset. 
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3.3.1.3 Parameterization 

 In this section the determination process of the Rate/State model 

parameter values is described, i.e. reference and background seismicity rates, 

stressing rate, characteristic relaxation time and product Aσ. 

3.3.1.3.1 Reference and Background Seismicity Rates 

We need to evaluate reference seismicity rate for the comparison of 

stress changes with the elastic dislocation modeling results but also to 

calculate an average background seismicity rate in order to estimate ta from 

the Omori-Utsu law. The definitions based on Cocco et al., 2010 for reference 

and background rates as were stated in Chapter 1 are recalled here. Reference 

seismicity rates were estimated in terms of earthquake probabilities by 

spatially smoothing the seismicity using a probability density function (PDF) 

as it was defined in Chapter 2 (eq. 2.13 through 2.16 - Silverman, 1986). The 

region was divided into a grid of rectangular cells and PDF determined the 

M≥MC earthquake probabilities at the center of each cell.  

 For estimating background seismicity rates the depended events 

(aftershocks) were removed from the original dataset by applying a 

declustering algorithm based upon Reasenberg (1985) approach. The 

seismicity rates were temporally smoothed for 30-event windows and an 

average background rate equal to 0.48±0.17 events/day was estimated. Given 

the fact that declustering methods commonly apply subjective criteria, it is 

likely that a fraction of the total aftershocks still remains in the declustered 

dataset. For this reason, we preferred an even more conservative background 

rate evaluation derived from the declustered seismicity from August 2008 to 

January 15th, 2010, a period during which there was no noticeable (enhanced) 

seismic activity recorded in the study area. In such way we ensure that even 

less dependent events are included in the derived dataset. By this procedure 

we derived a background seismicity rate equal to 0.32±0.04 events/day (Fig 
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3.4). This rate varies in both space and time but it is assumed to be 

representative for the unperturbed regional rate, since these fluctuations are 

not significant because they exhibit identical order of magnitude. In addition 

this rate is relatively stable during the period prior to the seismicity 

enhancement since its standard error (0.04) is less than 1/4 of the respective 

error for the entire dataset (0.17). Note also that the study area is relatively 

small and spatial rate variations do not significantly influence the results of 

our analysis, since most of the events are concentrated in specified areas, 

which mostly contribute to the derived background seismicity rate value.  

 

Fig 3.4. Background seismicity rate estimate from the declustered catalogue in event domain 

(upper frame) and time domain (lower frame) for 30-event sub-sets (overlapping per 1 event). 

The averaged background seismicity rate was estimated equal to 0.32 events/day from the 

period just before the January 2010 sequence (dashed line).  

3.3.1.3.2 Characteristic Relaxation Time (ta) 

After determining the background seismicity rate, we estimated 

characteristic relaxation time in two different ways. The first approach is 

based upon the temporal variation of the inter event time between successive 

events since August 2008 (Fig. 3.5) and the second is estimating ta from the 

parameters of the Omori-Utsu formula for the January 2010 sequence (Fig. 

3.6) 
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Omori-Utsu decay law parameters were estimated as K=87.5±4.5, 

p=1.05±0.05, c=0, which suggest a characteristic relaxation time equal to 223 

days  (166 - 307 days at 95% confidence level). We also fitted the decay law to 

the aftershock sequence followed the June, 15th, 1995, Aigion (M=6.4, 38.36oN, 

22.20oE) earthquake. For this purpose we considered seismic activity since 

1975 with M≥3.5 since then (Mc was calculated for overlapping 10-year 

datasets and found equal to 3.5). The average background seismicity rate was 

estimated at 0.1 events/day and the Omori-Utsu law parameters were found 

equal to K=45.2±11.7, p=1.12±0.09, c=0.725±0.16. These values lead to a 

characteristic relaxation time of 230 days with the 95% confidence bounds lie 

between 115 and 473 days. This result is in very good agreement with the 

ones yielded from the previously mentioned methods for the 2010 sequence 

(226 days from inter event time plots and 223 days from Omori-Utsu law 

fitting in the Efpalio sequence data). Considering these results we adopted a 

ta=225 days (or 7.5 months) in the following calculations. 

 
Fig. 3.5.The inter-event time plot shows that seismicity rate is returning to the background 

rate after approximately 226 days. These times yielded from averaging the times of 

overlapping 10-event windows. Dashed line shows the average inter-event time which is the 

inverse of the average background seismicity rate as it was estimated in the previous section.  
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Fig. 3.6. Seismicity rate decay over time (circles) and Omori-Utsu law fitting (solid line) with 

its 95% confidence interval (dashed lines) after the January, 18th, 2010 sequence (Dataset 1). 

The first five points (solid circles) show the daily seismicity rates for the first five days after 

the main shock. The rest of the circles represent the daily seismicity rates smoothed over 1-

month non-overlapping periods. The horizontal dotted line demonstrates the background 

seismic activity as derived from the declustered Dataset 1, intersecting with the Omori-Utsu 

law curve at ta~223 days.  

 

3.3.1.3.3 Aσ and Stressing Rate ( rS ) 

In the following applications ta along with rS , were used to estimate 

Aσ. For this purpose we first derived rS , which was assumed to be spatially 

uniform and constant over time (section 2.2.3). A stressing rate equal to ~0.06 

bars/yr was estimated in such way, or equivalently ~1.68∙10-4bars/day. This 

value together with ta=225 days, were applied in equation 2.8 for obtaining the 

product Aσ. The previously mentioned values of stressing rate and 

characteristic time yield to Aσ=0.04bars (~0.03-0.05 bars considering the ta 

uncertainties), which is relatively low, but still inside the proposed accepted 

values (Aσ=0.01-9bars, Harris and Simpson, 1998) and also in agreement with 

recent studies (e. g. Hainzl et al., 2013 – 0.0016-0.16bar). Maccaferi et al. (2013) 
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accepted a value of 0.05 bars for their analysis in the extensional regime of 

Iceland which is quite similar with the one estimated in this study.  

3.3.1.4 Results – Discussion 

3.3.1.4.1 Temporal evolution of stress field derived from seismicity 

rate changes 

We applied equation (3.2) in order to calculate stress changes from 

seismicity rate variations and how they evolve through time. The obtained 

results are illustrated in two ways: Firstly we followed an equal-event number 

approach (Fig. 3.7) and then an equal-time approach (Fig. 3.8). In the equal 

event approach seismicity rates were calculated for unequal moving time 

windows which though included a constant predefined number of 

earthquakes. Since all datasets contain the same event number, positive ΔCFF 

occurred when a time window has shorter duration than the previous one. 

These stress changes are plotted versus time in Fig. 3.7. We first selected a 20-

event window overlapping per 1 event (Fig. 3.7 left frame). The occurrence 

times of the strongest shocks (M≥4.5) are denoted by asterisks. Stress changes 

associated with these events are clearly demonstrated, especially regarding 

the January 2010 doublet, when the highest ΔCFF values are computed. There 

are also some distinctive stress steps that do not seem to be connected with an 

M≥4.5 event, but they rather being a product of a swarm like activity. It is 

clear that in this approach that each positive stress step is followed by a 

negative one due to the depression of seismicity rates. This is rather expected 

on the basis of this concept because we compare the seismicity rate occurred 

in each time (or equivalently event) step, with the one occurred immediately 

beforehand. Therefore, instead of using a uniform and not explicitly 

determined, constant background rate as reference activity, we compare the 

observed seismic rate differences between subsequent time increments. Every 

time when a dataset correspond to lower rates than the preceding one 
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(equivalently, decrease of the slope of cumulative events number, figure 3.8) 

this is interpreted as a stress drop in figure 3.7. The tuning parameter for 

illustrating stress changes in this case is the size of the time (or event) 

window. We then selected a broader 100-event window overlapping per 5 

events (Fig. 3.7 right frame). In this case the temporal range of the obtained 

results and their resolution is reduced but it is clear that the only significant 

stress jump is related with the strongest earthquake occurrence in the study 

region. This stress step was followed by a long-term gradual stress decrease, 

which almost stabilized after August 2010. All minor stress changes are not 

distinguished in this figure. 

  

Fig. 3.7. Stress changes inverted from seismicity rate variation considering overlapping 

datasets of 20 (left frame) and 100 (right frame) events. The size of the event window 

determines the resolution of ΔCFF: Small windows reveal more stress variations whereas 

broader windows only demonstrate stress changes associated with the aftershock sequence 

followed the January 18th 2010, M=5.5 event. Blue asterisks denote the M>4.5 events. 

In the second approach tested stress changes were calculated by 

considering fixed time windows before and after successive calculation points 

(Fig. 3.8). Positive ΔCFF therefore appear when the dataset following a 

calculation point includes more events than the one preceding this point. The 

left frame of Figure 3.8 shows the stress derived from 1-month time windows 

whereas the right frame of figure 3.8 displays the respective results yielded 

for 3-month time windows. The cumulative number of events as a function of 
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time is also plotted in the same figures. Stress changes associated with the 

larger magnitude events are obvious but there are still considerable stress 

steps due to seismic enhancement that are not directly connected with a 

significantly larger magnitude event. These changes are evident both before 

and after the January 2010 doublet. The application of the 90 days time 

window reveals that in addition to the stress jumps associated with a ‚main-

shock‛ there are also two notable positive stress steps, one before and one 

after the January 2010 seismicity burst, that are connected with swarm-like 

activity rather than a typical main shock - aftershock sequence. Nevertheless 

there is also an M=4.5 earthquake (close to event 1200) that does not seem to 

induce remarkable stress changes and this is shown in both cases where the 

time window is equal to 30 and 90 days, respectively. 

 

Fig. 3.8. Stress changes inverted from seismicity rate variation considering overlapping 

datasets of 1month (left frame) and 3 months (right frame) time windows.  

3.3.1.4.2 Comparison with ΔCFF derived from elastic dislocation 

model 

The stress results as they were inverted from seismicity rate changes 

are here compared with the ones obtained from the elastic dislocation model 

application. This later approach was firstly applied to calculate Coulomb 

stress changes caused by the coseismic slip of the two strong earthquakes. 

Then, reference rates and seismicity rates of the small magnitude events for 
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different time increments after the main shock were spatially smoothed by the 

application of the selected PDF (eq. 2.15). The differences between the 

earthquake occurrence rates before and after the main shock were compared 

and used as input data in the stress inversion algorithm in order to provide an 

independent estimation of stress changes. Eventually we investigated the 

quantitative correlation among the results derived from the two methods. 

Stressing rate is assumed to be constant throughout the study period and 

therefore, long term changes in tectonic loading are not investigated here. 

Even if some variation in the stressing rate does exist, it is expected too short 

to influence substantial changes.  

The analysis we performed here is based upon the observation that 

even small static stress changes result to considerable seismicity rate changes 

(Harris, 2000; Steacy et al., 2005 and references therein). Thus we examine the 

proportion of the area where there is agreement in the sign of ΔCFF derived 

by the two methods. Following this point of view, the values of stressing rate 

and characteristic relaxation time do not affect the spatial distribution of the 

stress changes, but only their absolute value, such that the results we seek 

being insensitive to these parameter values fluctuation. We focus on the 

agreement of the ΔCFF sign instead and therefore we fix parameter values as 

mentioned in the previous sections: yrbarSr /06.0 , Aσ=0.04bar and 

ta=225days. The only parameter that does affect the spatial pattern of the 

derived stress changes is the bandwidth, and thus the examination is carried 

out with respect to bandwidth fluctuation.  Note that the epicentral error in 

the catalog is 3-5km and therefore the bandwidth selection was done 

according to this criterion. 

For the calculation of Coulomb stress changes due to the coseismic slip 

of 2 main shocks by the elastic dislocation approach, we adopted the rupture 

model proposed by Karakostas et al. (2012). The calculations were performed 
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at a depth of 9km which is approximately the average depth determined for 

both regional (7.8±3.5) and relocated (8.9±1.6). Figure 9 shows the distribution 

of ΔCFF in the study area after the combined influence of both main shocks, 

along with their aftershocks. The aftershocks spatial distribution suggests that 

there are important spatial clusters beyond both the east and west tips of the 

ruptured fault segment, where the largest positive ΔCFF are observed. 

Nevertheless, there is a significant fraction of seismicity located inside the 

negative ΔCFF lobes, mostly comprising onto fault aftershocks.  

 
Fig. 3.9. Stress pattern due to the combined coseismic slip of the two main shocks, resolved 

according to the faulting type of the first main shock at 9km depth. Gray circles show the 

epicenters of subsequent events above MC=2.4 that occurred until December 2012, whereas 

the strongest of them (M>3.5) are depicted by purple circles. The black box indicates 

approximately the area located in a distance closer than one fault length (~5.5km – 6km) 

across the ruptured zone.  

 

In Figure 3.10 the agreement percentage between the two methods is 

plotted as a function of bandwidth, h. The average sign agreement is 

generally not sensitive in the bandwidth fluctuation between 0.01o - 0.05o, 

demonstrating an almost stable value between 60%-65%. This means that 

nearly 2/3 of the coseismic stress changes are compatible with the observed 

seismicity rate variations after the main shocks. Positive stress changes are 

better forecasted though, with the sign agreement in such areas reaching up 
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to 78% and being directly proportional to the bandwidth value. On the 

contrary, negative stress changes are inversely proportional to the smoothing 

parameter. The sign agreement in this case falls below 60% for h>0.03o.   

 
Fig. 3.10. Percentage of cells having common ΔCFF sign derived from both methods. The 

elastic dislocation model takes into account the combined influence of both main shocks. 

Reference seismicity rate is derived by the events occurred from August 2008 to January 18 th 

2010. Solid lines demonstrate the results derived from the local catalogue until the end of 

2012. Red and blue lines indicate the percentage of cells with positive and negative ΔCFF, 

calculated from both the elastic dislocation model and the stress inversion technique, 

respectively.   

Our next step deals with off-fault seismicity rate changes, where the 

elastic dislocation model calculates ΔCFF with significantly higher accuracy 

than in the near field, where unavailability of slip details influences the stress 

pattern. The stress values derived by this method are compared with the ones 

inverted from earthquake rate changes after excluding the area inside the box 

shown in figure 9. We selected this constraint in order to concentrate on the 

off-fault aftershocks distribution, which occupies areas where the ΔCFF is 

well determined by the elastic dislocation model. Therefore, the consistency 

between the two methods is based upon results that do not suffer from 

significant uncertainties. The obtained results (Fig. 3.11) illustrate that higher 

correlation in comparison with the previously described approach is achieved 

by this way: The two methods provide the same ΔCFF sign for approximately 
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75% of the area beyond the near field. Generally, as shown in figures 3.10 and 

3.11, lower bandwidth values lead to better agreement for negative ΔCFF 

cells, whereas higher values of h, bring out higher percentage of agreement 

for positive ΔCFF areas. Nevertheless, higher bandwidth values should be 

avoided, because they oversmooth the calculated ΔCFF and therefore local 

fluctuations cannot be distinguished anymore, a fact that may lead to 

erroneous interpretation. Silverman (1986) equation (eq. 2.17) leads to h~0.03 

which as shown in figures 10 and 11 leads to the higher percentage of sign 

agreement and also balances the differences between positive and negative 

ΔCFF cells. This bandwidth value also leads to the highest correlation 

between observed and synthetic seismicity rates yielding from the forward 

Rate/State modeling (see Appendix E). 

 
Fig. 3.11. Percentage of cells having common ΔCFF sign derived from both methods only 

outside the square area indicated in figure 9. The elastic dislocation model takes into account 

the influence of both main shocks. Reference seismicity rate is derived by the events occurred 

from August 2008 to January 18th 2010. Solid lines demonstrate the results derived from the 

local catalogue until the end of 2012. Red and blue lines indicate the percentage of cells with 

positive and negative ΔCFF, calculated from both the elastic dislocation model and the stress 

inversion technique, respectively.   

 

02/19/2015 Ψηφιακή Βιβλιοθήκη Θεόφραστος - Τμήμα Γεωλογίας - Α.Π.Θ.



217 
 

The comparison of the stress results implies that in general there is a 

good agreement between the elastic dislocation and the inversion methods 

(>50% in almost all cases) especially in the far field (reaching up to 80%). It is 

therefore verified to be of major importance that significant seismicity rates 

should also be available both prior and after the stress events for the analysis 

to provide conspicuous results. Finally approximately 3/4 of the stress 

changes in the far fields as they were calculated by the elastic dislocation 

model can be successfully reproduced by the stress inversion methodology 

followed here. 

3.3.1.4.3 Spatial distribution of stress changes  

In this section an attempt is performed to derive the stress changes 

caused by the strongest earthquakes (M≥5.4) in the study area since August 

2008. In doing so, various time-windows preceding and following the January 

18th, M=5.5 earthquake were selected and the stress changes derived from eq. 

(3.1) were mapped. This application was performed in a dense grid 

superimposed onto the study area, consisting of cells with 0.001o side (Fig. 

3.12a-d). The stress values in each cell were smoothed by a Gaussian filter 

with radius 0.02o, in all cases except in figure 3.12c were the bandwidth value 

applied was h=0.04o. In the approaches described below, the condition that 

each cell contains at least 2 events before or after the main shock was fulfilled. 

The parameter values applied were the same we used in the previous 

subsection and equal to Ασ=0.04bars, ta=225days and rS =0.06bars/year. In 

figure 3.12a the stress changes were inverted from 1-year time intervals both 

before and after the first main shock. In this approach positive stress changes 

up to 0.6bars were detected close to the activated fault segments but also to 

the west of it.  
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Fig. 3.12. Spatial variation of Coulomb stress derived from seismicity rate changes in 

different time windows before and after the January 2010 doublet: a) 1 year before and 1 year 

after, h=0.02o, b) 532 days before and 1077 days after (entire dataset), h=0.02o, c) 532 days 

before and 1077 days after (entire dataset), h=0.04o, d) 100 days before and 100 days after, 

h=0.02o. White cells represent areas with insufficient data. Spatial step in all cases is 0.001o. 

Minor stress changes, both positive and negative in the southern part 

of the region are evident although the data in this area do not provide 

sufficient resolution. A more detailed stress pattern is revealed when longer 

time spans are considered and the entire dataset is utilized (Fig 3.12b&c).The 

entire dataset includes 232 events within 532 days before and 755 events 

within 1077 days after the January, 18th, earthquake. Positive stress changes 

up to 0.7bars are accommodated in approximately the same areas with the 

previous case. Stress drops down to 0.2bars are detected opposing to figure 

3.12a which are amplified in figure 3.12c where the bandwidth value is 

doubled. Positive stress changes that are persistent at the location of the first 

main shock can be attributed to the stress transfer from the second mainshock 
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and possibly, to the numerous strong (M>4.0) aftershocks located to the east 

of the firstly failed fault segment. The resulting stress pattern seems to be 

consistent with the one derived from the elastic dislocation model when onto-

fault areas are excluded (Fig. 3.9). A narrow time window of 100 days before 

and after the main shock is able to provide only local, low amplitude positive 

stress changes, despite the fact that some of these variations are located in 

considerable distances of the activated faults (Fig. 3.12d).  

3.3.1.4.4 ΔCFF changes close to the fault segments associated with the 

2010 doublet 

The analysis is now focused in the close vicinity of the fault segments 

associated with the January 2010 doublet, in an area approximately one fault 

length further from the rupture zone. The aim is to seek for anomalies in 

earthquake occurrence rates prior to the sequence and their possible 

connection with stress changes. These anomalies are detected by the means of 

the inter-event time distribution (the inverse quantity of seismicity rate) and 

how this time deviates from the average inter-event time as it is derived from 

the declustered catalogue (dotted horizontal line in figure 3.13). 2 months 

before the 5.5 event, an M=3.9 earthquake took place, followed by an 

extraordinary seismicity burst at a rate more than 10 times higher than the 

background activity. The seismic activity was depressed for a couple of 

weeks and then another burst occurred 25 days before the beginning of the 

Efpalio sequence. This second earthquake cluster had no distinctive 

magnitude earthquake and the strongest event of the sequence had M=3.1. 

After this seismic enhancement only 2 earthquakes occurred during the 25 

days period that passed until the initiation of the seismic sequence on January 

18th.  
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Fig. 3.13. Seismicity rates in the close vicinity of the fault segments associated with the 

January 2010 doublet. Evidence of anomalous activity prior to the 1st strong event is shown 

here. We interpret this activity in terms of stress increase that finally led to the seismic burst 

less than one month later.  

Both clusters occurred very close to the epicenter of the second strong 

shock of the sequence. An effort is now attempted to derive stress changes 

from these rate enhancements and to associate these changes with the Efpalio 

sequence. The regional data relocated by Karakostas et al. (2012) indicate an 

average focal depth of 9km. Here it is shown that a focal depth close to 9km 

produces a stress pattern more consistent with the location of the cluster 

preceded the M=5.5 main shock, which is also located in positive ΔCFF lobe. 

The stress field variation is resolved according to the 18th January, 2013, 

M=5.5 earthquake. If an h=2km is adopted for the M=3.9 event (Fig. 3.14a) 

most of the events in the cluster are located into a negative ΔCFF lobe. At a 

depth of 12km (Fig. 3.14c) the southernmost of the events fall inside a positive 

stress lobe, but there are still some shocks found in stress shadows. Moreover 

the depth of 12km is at the lower bound of the regional seismogenic layer 

which roughly reaches 15km (Karakostas et al., 2012). Obviously the depth 
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selection of 9km (Fig. 3.14b) appears to reproduce the most consistent stress 

pattern since the entire cluster is found in an area of increased stress. 

 
Fig. 3.14.  Coulomb stress changes caused by the ML=3.9 event resolved according to the focal 

mechanism of January 18th, 2010, M=5.5 event, considering the nucleation depth of the 

causative fault at 2, 9 and 12 km (a, b and respectively). 

 

3.3.1.4.5 Stress changes associated with spatio-temporal earthquake 

clustering 

Earthquake clustering in western Corinth Gulf appears quite frequently, 

attracting the interest of several reserchers. Mesimeri et al. (2013) identified 18 

earthquake clusters in NW Peloponnese since 1980 and classified them in 

three categories (main-shock – aftershocks, swarms and swarm-like sequence) 

according to their history of moment release and the occurrence time of the 

main event. Karagianni et al. (2013) also studied spatio-temporal earthquake 

clustering in western corinth Gulf during 2010 and 2011 and demonstrated 

the swarms evolution with space-time plots. Taking advandage from the 

availability and adequate number of the observed clusters we attempt their 

identification by the stress changes they induce (Fig. 3.15). The eight clusters 

that were detected are shown in Figure 3.16. Their properties are also 

presented in table 3.2. The first three of them occurred prior the Efpalio 

doublet whereas the next five followed the 2010 sequence and they are all 

located in positive ΔCFF lobes. 
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Fig. 3.15. Cluster identification by stress changes associated with their occurrence. Apart 

from the larger stress changes connected with January 2010 sequence, 8 more clusters are 

shown to produce remarkable stress changes. 

 

Table 3.2 evidences that most of these clusters exhibit swarm-like 

behavior since the largest magnitude event occurred when the activity was 

already in progress in several cases. Even when the strongest shock took place 

at the beginning of the sequences, the magnitude diference from the second 

strongest event was less than 0.4 units, except in cluster 7, in which this 

difference was equal to 0.6 units. This sustains an additional evidence that the 

associated fault segments came closer to failure by remote stress triggering 

rather than producing aftershock sequences, induced by a near field main 

shock. Figure 3.17 shows the locations of these 5 clusters in relation to ΔCFF 

as calculated by elastic dislocation model application. Although there are 

several events occurred inside negative lobes, only spatio-temporal clusters 

characterized by increased seismicity rates are located in increased stress 
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areas. This suggests that non-clustered acivity is probably related to reference 

seismicity whereas the enhanced-rated clusters are plausibly considered to be 

associated with stress triggering.  

 
Fig. 3.16.  Seismicity clusters associated with minor ΔCFF changes. Yellow circles illustrate 

M≥4.0 events.  
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Table 3.2. Properties of the 8 clusters associated with stress changes in the study area 

(excluding the 18th January sequence). 

Cluster 
Number of 

Events 

Duration 

(days) 

1st Event’s 

Magnitude 

Largest 

Magnitude 

ΔΜ between 2 

strongest events 

Mmax 

Event 

1 18 7.5  3.7 3.7  0.3 1st 

2 15 5  4.0 4.0  0.1 1st 

3 29 20  2.8 3.8  0.3 23th  

4 42 4  3.5 3.9  0.1 34th  

5 19 5.5  2.9 3.8  0.3 5th  

6 20 2.5  2.5 3.5  0.3 11th  

7 23 3.5  2.4 4.2  0.6 2nd  

8 18 7  2.5 4.3  0.1 8th  

 

 

 

Fig. 3.17. Map with ΔCFF caused by the January 2010 doublet. Aftershocks that followed 

since April 2010 are also plotted. Non clustered activity is indicated by gray triangles. 

Seismicity Locations of the spatio-temporal earthquake clusters are depicted as white circles. 

It is shown that almost all the clustered epicenters are found in increased stress areas. Cluster 

codes correspond to the ones provided in Table 3.2 and shown in Figure 3.16.  
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3.3.2  Area 2 – Samos-Kusadasi/ Karaburun Peninsula 2007-2012 

3.3.2.1 Introduction 

The study area (Fig. 3.18) constitutes part of the back arc Aegean area, 

the most important feature of seismotectonic origin in the eastern 

Mediterranean. The area of eastern Aegean has repeatedly suffered from 

devastating earthquakes, known from both historical reports and 

instrumental recordings. In the Aegean region an additional N–S movement 

due to the inner deformation is observed and therefore the resultant extension 

demonstrates a NE-SW orientation. In northern Aegean the dominant type of 

faulting is dextral strike slip with NW striking, which is also verified by 

several reliable fault plane solutions of recent strong earthquakes and 

neotectonic observations. 

The onshore deformation in western Turkey is dominated by crustal 

extension and confirmed by rather frequent earthquakes along grabens, the 

formation of which is attributed either to the N-S extensional regime and 

subsequently they are coeval, or they are produced by successive events and 

have been formed under different tectonic regimes (Genç et al. 2001). 

Nevertheless, strike slip faulting is also present, which onshore results in 

oblique normal faults and becomes more evident in the Karaburun peninsula 

and offshore area. The strike-slip faulting, that has previously been thought 

only to accommodate variations in extension between adjacent normal faults, 

is now suggested to be of greater importance because there is considerable 

evidence of zones of deformation, some of which may be linked to the strike-

slip faulting onshore (Ocakoğlu et al. 2004). 

Several previous studies focused in seismotectonic properties of the 

study area concerned either mapping of active faults and neotectonic analysis 

of the study area (e.g., Bozkurt, 2001, 2003; Mountrakis et al. 2003; Çiftçi and 

Bozkurt 2009), study of seismic sequences (e.g., Benetatos et al. 2006; Aktar et 

al., 2007), seismic prospecting (Kurt et al. 1999; Ocakoğlu et al. 2004). or 
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microseismicity analysis (e.g., Tan 2013). Tan et al. (2014) illuminated the 

subsurface structure of the mapped faults and analyzed the seismicity and 

identify faults that appear related to certain clusters using hypocenter 

locations of crustal seismicity registered with a dense local network. 

 

Fig. 3.18. Spatial distribution of 13,592 earthquakes recorder and analyzed between July 4th 

2007 - September 15th 2012 in the study area (Latitude: 37.400oN - 38.700οN, Longitude: 

26.000οΕ – 27.500οE). An intense seismic activity is observed at the eastern part of the Samos 

island, the marine area north-north east of the island close to the mainland and also in 

Karaburun peninsula 

 

3.3.2.2 Data 

On 31st of July 2007 online seismological stations were deployed in the 

central part of the Aegean coast of western Turkey (Inan et al. 2007, Tan 2013). 

Since then, continuous monitoring of microseismicity was made, resulting in 

a wealth of data which, along with data provided from seismological stations 

of the permanent Hellenic Unified Seismological Network (HUSN), are 

capable to reveal the geometry and kinematic properties of the activated 
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structures. The earthquake catalog was integrated with the calculation of the 

local magnitudes of the events (Tan, 2013). The minimum magnitude 

recorded was ML=0.2. For the purposes of the present scientific program an 

effort was attempted to determine the completeness magnitude, MC, of the 

compiled catalogue. The calculation of MC was accomplished by applying a 

modified from Wiemer and Wyss (2000) maximum likelihood goodness of fit 

test Leptokaropoulos et al. (2013).  

 
Method MAXC GFT(90%) GFT(95%) MGFT 

Mc 1.4 1.2 1.4 1.6 

Fig. 3.19. Calculation of completeness magnitude, ΜC, and b-value of Gutenberg-Richter 

power law for the study area. In the left frame squares indicate the incremental and circles the 

cumulative frequency magnitude distribution. The fitting curve was derived by application of 

maximum likelihood estimation method. In the right frame the goodness of fit test between 

the obtained power laws and the real data (triangles) or 1000 synthetic catalogues (squares), 

as a function of magnitude, Μ.  The table shows MC, as it was derived by the application of 

different methods: Maximum curvature (ΜΑΦC - Wiemer and Wyss, 2000), 90% and 95% 

goodness of fit (GFT90%, GFT95% - Wiemer and Wyss, 2000) and modified goodness of fit 

(MGFT - Leptokaropoulos et al., 2013). 

By such way the MC was found equal to 1.6. as shown in Figure 3.19. 

The application of this technique in sub-sets corresponding to 2-year data 

sets, shown that MC remains stable and equal to 1.6, a fact that verifies the 

regular and efficient local network operation. Such a low completeness 

threshold implies that the specific dataset is the best catalogue ever compiled 
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for this area. The b-value, of the well known Gutenberg & Richter relation 

was found equal to 0.93, a value close to 1.00 which is considered that 

represents the normal seismic activity worldwide (Tan, 2013). The spatial 

variation of completeness magnitude and b-value is demonstrated in Figure 

3.20. 

   

Fig. 3.20. Completeness magnitude, ΜC, and b-value of Gutenberg-Richter power law for the 

study area calculated in a normal grid superimposed in the study area and sustained of 5016 

rectangular cells with dimensions 0.02οx0.02ο. ΜC and b-value were calculated from the data 

that are inside circular areas centered in the center of each cell with a radius of 30km In order 

to avoid erroneous estimations caused by insufficient data samples a minimum of 300 events 

accommodated in each circular area and 1.5 magnitude unit range were set as constraints in 

order to perform the calculations. In such way MC and b-value were calculated in 3691 cells 

which cover 73.6% of the study area. 

3.3.2.3  Parameterization 

The characteristic relaxation time was estimated from the Omori-Utsu 

law parameters (eq. 3.3) applied in the November 11th 2010 sequence (Fig. 

3.21).  The parameters were estimated as K=20.4±5.1, p=0.92±0.08, c=-0.33±0.14, 

which suggest a characteristic relaxation time equal to 215 days  (106 – 520 

days at 95% confidence level), assuming a background seismicity rate of 0.15 

events/day as estimated from the declustered dataset. This value is found to 

be in good agreement with Figure 3.22, in which it is shown that the inter-
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event time, averaged for 20-event sets returns to its background level after 

~200 days.  

 

Fig. 3.21.The inter-event time plot shows that seismicity rate (the inverse of inter-event time) 

is returning to the background rate after approximately 200 days. These times yielded from 

averaging the times of overlapping 20-event windows. Dashed line shows the average inter-

event time which is the inverse of the average background seismicity rate as it was estimated 

in the previous section.  

 

For stressing rate we used the slip rates on fault segments calculated 

from GPS data analysis (Mc Clusky et al., 2000; Flerit et al., 2004; Reilinger et 

al., 2006) considering the 60% of the geodetic slip value to account for the 

seismic part of the secular tectonic motion (Ambraseys and Jackson, 1990). A 

stressing rate equal to ~0.04 bars/yr was estimated in such way, or 

equivalently ~1.1∙10-4bars/day, in agreement with Paradisopoulou et al. (2010). 

The aforementioned stressing rate value together with characteristic 

relaxation time ta=220days, were applied in equation 2.8 for obtaining the 

product Aσ=0.025bars. 
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Fig. 3.22. Seismicity rate decay over time (circles) and MOF fitting (solid line) with its 95% 

confidence interval (dashed lines) after the November, 11th, 2010 sequence. The first five 

points (solid circles) show the daily seismicity rates for the first five days after the main 

shock. The rest of the circles represent the daily seismicity rates smoothed over 1-month non-

overlapping periods. The horizontal dotted line demonstrates the background seismic activity 

as derived from the declustered, cutting the MOF curve at ta~220 days.  

3.3.2.4 Results – Discussion 

The temporal evolution of stress field as derived from seismicity rate 

differences in the entire study site is shown in Figure 3.23. The stress changes 

have been calculated for overlapping 150-days windows considering a 

characteristic relaxation time equal to 220 days. The two dominant stress 

peaks are directly associated with M>5.0 earthquakes, whereas there is also an 

increasing trend connected with 2012 M=5.0 event which is yet not fully 

demonstrated because of the catalogue temporal limitation. Nevertheless, 

when the resolution is increased due to the time window tuning at a lower 

value (50 days), additional stress changes are revealed (Fig. 3.24). Besides the 

distinctive stress jumps associated with the 3 strongest events (M≥5.0) that 

took place in the study area, there are also significant stress peaks that do not 

exhibit a profound connection with any strong shocks although they 

correspond to a notable change on earthquake occurrence rates.  
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Fig. 3.23. Cumulative stress changes inverted from seismicity rate variation considering 

overlapping datasets corresponding to 150-days time windows for the entire study site 

shown in fig().Blue asterisks denote the M>4.5 events. 

 

 
Fig. 3.24. Cumulative stress changes inverted from seismicity rate variation considering 

overlapping datasets corresponding to 50-days time windows for the entire study site shown 

in fig().Blue asterisks denote the M>4.5 events. 

 

Figure 3.25 illustrates the spatial distribution of the derived stress 

changes arisen after the Samos M=5.1 earthquake, occurred on 20th June 2009. 

The epicenters of the earthquakes preceded and followed the mainshock are 

shown in Figure 3.26. For the calculation of these rates, we selected a time-
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window corresponding to 500 days preceding and following the June 20th 

mainshock (Fig. 3.25), and then the stress changes derived from eq. (3.2) were 

mapped. This application was performed in a dense grid superimposed onto 

the study area with cells of 0.005o side. The stress values in each cell were 

smoothed by a Gaussian filter with radius 0.05o. The condition that each cell 

contains at least 2 events before or after the main shock was fulfilled. The 

parameter values applied were the same we used in the previous subsection 

and equal to Ασ=0.04bars, ta=220days and rS =0.04bars/year. It is shown that 

both positive and negative stress changes are observed all over the study area 

but the highest values of stress increase and decrease are found close to the 

epicenter of the June 20th event. The stress decreases close to the epicenter, 

despite their lower values compared with the increases, may be a potential 

evidence for stress shadow induced by the main shock occurrence. 

 
Fig. 3.25. Spatial variation of Coulomb stress derived from seismicity rate changes 500 days 

before and 500 days after the Samos 20th June 2009 event (just before the 11th November 

event). The smoothing parameter was set equal to 0.05o (eq. 2.17) and the spatial step was 

0.005o. White cells represent areas with insufficient data either before or after the 20th June 

earthquake.  
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Fig. 3.26.  Spatial distribution of the events occurred 500 days before and 500 days after the 

20th June 2009 main shock from which the Coulomb stress changes of Figure (3.25) where 

derived. 

 Inverted stress changes from seismicity rates 500 days before and after 

the 11th November 2010 earthquake are shown in Figure 3.27. The epicenters 

of the earthquakes preceded and followed the mainshock are shown in Figure 

3.28. The parameters applied were the same as described in the previous 

mentioned period (i.e. Ασ=0.04bars, ta=220days and rS =0.04bars/year). It is 

also shown in this case that despite the various stress changes detected during 

this almost 3-year period (1000 days), the largest amplitude stress increases 

are found close the epicenter of the November 11th 2010 event. These changes 

are more than one order of magnitude higher than the average stress changes 

derived for the rest of the study area. On the other hand stress decreases are 

definitely of lower amplitude and more widespread indicating that there is no 

evidence of induced stress shadows due the main shock occurrence.    
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Fig. 3.27. Spatial variation of Coulomb stress derived from seismicity rate changes 500 days 

before and 500 days after. The smoothing parameter was set equal to 0.05o (eq. 2.17) and the 

spatial step was 0.005o. White cells represent areas with insufficient data either before or after 

the 11th November 2010 earthquake.  

 

 
Fig. 3.28.  Spatial distribution of the events occurred 500 days before and 500 days after the 

11th November 2010 main shock from which the Coulomb stress changes of Figure (3.27) 

where derived. 

 

For further investigation of these stress changes and associated 

seismicity rate variations, it was necessary that the study site should be 
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divided into two sub-areas which are easily distinguished from each other 

(Fig. 29) as far as the spatial distribution of epicenters is concerned: the 

Karaburun Peninsula to the north (sub-area 1) and Samos island with its 

adjacent areas (Kusadasi bay) to the south (sub-area 2). These two areas 

accommodate approximately 85% of the recorded seismicity above the 

common as individually calculated MC=1.6. The analysis results derived for 

each sub-area are presented in the two following sections. 

 
Fig. 3.29. Division of the study region in to sub-areas: Southern Area: Samos-Kusadasi (1). 

Northern Area: Karaburun Peninsula (2). Yellow circles indicated the strongest (M>5.0) 

events epicenters whereas seismicity above MC=1.6 for both sub-areas and the entire site is 

shown by red circles. 
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3.3.2.4.1. Samos-Kusadasi 

 The stress field evolution as a function of time for Samos-Kusadasi 

Area is displayed in Figure 3.30. Considering 50-days duration datasets it is 

shown that there are 6 distinctive stress peaks associated also with seismicity 

burst at significantly higher rates than the normally recorded activity. A 

space-time determination of this activity was accomplished by isolating 

clusters of events fulfilling the following criteria: The inter-event time 

between successive events should be less than 1 day and the inter-event 

distance should be less than 20km. After this clustering, the events which 

found in a distance from the cluster gravity centre larger than 3 standard 

deviations of the average distance were also removed. A minimum number of 

25 events per cluster was finally set as an additional constraint. In such way 6 

major clusters were identified (table 3.3) that correspond to the 6 largest peaks 

of Figure 3.30. Cluster number 5 could be divided into 3 sub-clusters (5a,b,c) 

according to internal differences in the inter-event times, which exhibit some 

fluctuations but these were much lower than the average unperturbed 

interevent time for the entire area (~2 days). The spatial distribution of these 6 

clusters (with the 5th cluster divided into its 3 sub-clusters) are shown in 

Figure 3.31.  

Three of the identified clusters (1, 3 and 5) correspond to mainshock-

aftershock activity, with the strongest event (M>4) occurring in the initial 

stages of the seismic burst and its difference with the strongest aftershock 

being more than 0.7 units. On the contrary the other 3 stress peaks, are more 

likely to be associated with swarm like activity (clusters 2, 4 and 6): In these 

clusters the maximum magnitude difference between the strongest shocks is 

roughly equal to 0.3 units. Moreover the strongest events (with M<4.0) 

occurred when the activity was already in progress (except in cluster 4).   
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Fig. 3.30. Cluster identification by stress changes associated with their occurrence. Apart 

from the larger stress changes connected with Μ>5 earthquakes (cl3 and cl5), 4 more clusters 

are shown to produce remarkable stress changes. 

 

 
Table 3.3. Properties of the 6 clusters associated with stress changes in the study area SA1. 

Cluster 
Number of 

Events 

Duration 

(days) 

1st Event’s 

Magnitude 

Largest 

Magnitude 

ΔΜ between 2 

strongest events 

Mmax 

Event 

1 37 2 3.1 4.3 0.7 2nd  

2 39 2.8 1.7 3.3 0.1 24th  

3 77 7.1 5.1 5.1 1.7 1st  

4 83 2.5 2.7 3.8 0.3 4th  

5a-5b-5c 272 34.1 1.8 5.0 0.8 19th  

6 25 1.1 1.6 3.2 0.2 10th  

 

The next step was to compare the inverted from seismicity rate changes 

stress results with the ones obtained from the elastic dislocation model 

application. The elastic dislocation model is firstly applied to calculate 

Coulomb stress changes caused by the coseismic slip of the two moderate 

events occurrence. Then, reference rates and seismicity rates of the small 

magnitude events for different time increments after the main shock were 

spatially smoothed by the application of the selected PDF (eq. 2.15). The 

differences between the earthquake occurrence rates before and after the main 

shock were compared and used as input data in the stress inversion algorithm 

in order to provide an independent estimation of stress changes. Eventually 
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we investigated the quantitative correlation among the results derived from 

the two methods.  

 

Fig. 3.31.  Seismicity clusters associated with ΔCFF changes (Table 3.3. Clusters 5a, 5b and 5c 

are sub-clusters of the aftershock sequence followed the 11th November 2010 M=5.0 

earthquake. 
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The analysis performed here is also based upon the observation that 

even small static stress changes result to considerable seismicity rate changes 

(e.g. Harris, 2000; Steacy et al., 2005). Thus we examine the proportion of the 

area where there is agreement in the sign of ΔCFF derived by the two 

methods. Following this aspect, the values of stressing rate and characteristic 

relaxation time do not affect the spatial distribution of the stress changes, but 

only their absolute value, such that the results we seek being insensitive to 

these parameter values fluctuation. We focused on the agreement of the ΔCFF 

sign instead and therefore the parameter values were set as mentioned in the 

previous sections: yrbarSr /04.0 , Aσ=0.024bar and ta=220days. The only 

parameter that does affect the spatial pattern of the derived stress changes is 

the bandwidth, and thus the examination is carried out with respect to 

bandwidth fluctuation. For the calculation of Coulomb stress changes due to 

the 2 main shocks by the elastic dislocation approach, we adopted the focal 

mechanisms determined by (Tan et al., 2014). 

Figure 3.32 shows the distribution of ΔCFF in the study area after the 

occurrence of 20th June 2009, Samos main shock. The epicenters of the events 

that followed these shocks are also depicted as grey and green circles. The 

stress tensor calculations were performed for a depth of 5km which is 

approximately the average depth of the majority of the aftershocks occurred 

during the following eight days. The spatial distribution of these events 

superimposed on ΔCFF suggests that most of these events where triggered by 

the coseismic stress changes of the June 20th main shock.  
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Fig. 3.32. Map with ΔCFF caused by the 20th June 2009 earthquake. Aftershocks followed 

since then are also plotted: Events occurred up to 5 days after the main shock (grey circles) 

and aftershocks occurred during the period from 6-8 days after the main shock (green circles). 

DCFF calculations are performed at 5km which corresponds to the average depth of these 

two clusters.  

The coseismic stress changes associated with the 11th November 2010 

event as they derived from the elastic dislocation approach are displayed in 

figures 3.33 and 3.34. These two figures correspond to different times elapsed 

from the main shock occurrence and also to different depth of the respective 

seismic clusters depicted. Figure 3.33 shows the coseismic stress changes 

calculated for a depth of 6km which corresponds to the average depth of the 

earthquakes recorded during the first 11 days followed the main shock of 

November 11th. The cluster that directly followed the main shock (indicated 

by grey circles) lasted for almost 1 week and consists of along fault 

aftershocks. Therefore it took place in areas where slip was too heterogeneous 

to be modeled by uniform displacement of a single rectangular fault segment. 

On the contrary significant part of the seismic cluster that occurred between 

the 8th and the 11th day after the main shock (green circles), is located on 

positive ΔCFF area, therefore it is very likely for this cluster to became 

triggered by the M=5.0 main shock. 
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Fig. 3.33. Map with ΔCFF caused by the 11th June 2009 earthquake. Aftershocks followed 

since then are also plotted. Events occurred up to one week after the main shock (grey circles) 

and events occurred during the period from 8-11 days after the main shock (green circles). 

DCFF calculations are performed at 6km which corresponds to the average depth of these 

two clusters.  

Figure 3.34 shows the coseismic stress changes calculated at a depth of 

10km which corresponds to the mean depth of the events occurred during the 

70-73 days (grey cluster) and 149-151 days (green cluster) followed the main 

shock of November 11th. The first cluster is entirely located in positive stress 

change lobe, whereas the second one took place in an area where the stress 

remained almost unaltered due to the main shock occurred approximately 

150 earlier. Therefore, unlike the first cluster, the second one might be either 

triggered by aftershocks followed the main event or associated with other 

phenomena, such as fluid flow and viscoelastic relaxation.  
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Fig. 3.34. Map with ΔCFF caused by the 11th November 2010 earthquake. Aftershocks 

followed since then are also plotted: Events occurred during the period from 70 to 73 days 

after the main shock (grey circles) and events occurred during the period from 149-151 days 

after the main shock (green circles). DCFF calculations are performed at 10km which 

corresponds to the average depth of these two clusters.  

In Figure 3.35 the agreement percentage between the elastic dislocation 

and inversion from seismicity rates methods, as presented in this section, is 

plotted as a function of bandwidth, h. The average sign agreement is 

generally not sensitive in the bandwidth fluctuation between 0.03o - 0.06o, 

demonstrating an almost stable value of approximately 60% and 80% 

concerning the 2009 and 2010 earthquakes, respectively. This means that 

nearly 2/3 and 4/5 of the coseismic stress changes are compatible with the 

observed seismicity rate variations after the two main shocks, respectively. It 

is noteworthy that the high catalog accuracy has lead to highly correlated 

aftershock epicenters with positive ΔCFF even in the near field. The accurate 

depth determination was also a very crucial precondition that ensured the 

robustness of the derived results.  
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Fig. 3.35. Percentage of cells having common ΔCFF sign derived from both methods (Elastic 

dislocation model & Stress inverted from seismicity rate changes). The elastic dislocation 

models take into account the influence of 20th June 2009 (red line) and 11th November 2010 

(black line) events, respectively. Reference seismicity rate is derived from 500 days before 

each main shock occurrence.  

3.3.2.4.2. Karaburun Peninsula 

The stress evolution through time was studied for this sub-area. No 

sufficient ΔCFF analysis could be performed in connection with the 1st May 

2012 earthquake for 2 reasons: The first is that this event and the aftershocks 

that followed are located very close to the borders of the study area. More 

important is the fact that the catalog does not include the entire aftershock 

activity as it contains earthquakes occurred until the 18th of September, only 

~150 days after the main shock, a period even smaller than the assumed 

characteristic relaxation time. Moreover, although the local magnitude of this 

event is assigned as 5.0, Tan et al. (2013) estimated the moment magnitude of 

this earthquake equal to 4.6. The temporal evolution of the stress field in the 

entire area and time span that the catalog covers were investigated instead, 

together with the stress changes connection with anomalies in earthquake 

production rates.     
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Figure 3.36 shows the stress field variations as a function of time for 

Karaburun Peninsula. Considering 50-days duration datasets it is shown that 

there are 6 distinctive stress peaks associated also with seismicity burst at 

significantly higher rates than the normally recorded activity. A space-time 

determination of this activity was accomplished by isolating clusters of events 

fulfilling the following criteria: The inter-event time between successive 

events should be less than 1 day and the inter-event distance should be less 

than 20km. After this clustering, the events which found in a distance from 

the cluster gravity centre larger than 3 standard deviations of the average 

distance were also removed. A minimum number of 25 events per cluster was 

set as a final constraint. In such way 5 major clusters were identified (table 

3.4) that correspond to the 6 highest peaks of fig 3.36. The spatial distribution 

of the aforementioned 6 seismic clusters is shown in Figure 3.37. 

 
Fig. 3.36. Cluster identification by stress changes associated with their occurrence. Apart 

from the larger stress changes connected with Μ>5 earthquakes (cl6), 5 more clusters are 

shown to produce remarkable stress changes. 
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Table 3.4. Properties of the 6 clusters associated with stress changes in the study area of 

Karaburun Peninsula. 

Cluster 
Number of 

Events 

Duration 

(days) 

1st Event’s 

Magnitude 

Largest 

Magnitude 

ΔΜ between 2 

strongest events 

Mmax 

Event 

1 140 9.0 1.6 4.1 0.3 99th  

2 49 4.2 3.3 3.6 0.1 42nd  

3 23 3.8 2.1 3.2 0.2 4th 

4 20 3.9 2.1 2.9 0.7 5th   

5 21 5.2 1.8 2.2 0.0 3rd  

6 107 12 5.0 5.0 0.6 1st  

 

Three of the identified clusters (4 and 6) correspond to mainshock-

aftershock activity, with the strongest event (M=2.9 and M=5.0) found in the 

initial stages of the seismic burst and its difference with the strongest 

aftershock being more than 0.6 magnitude units. On the contrary the 

remaining 4 clusters (clusters 1, 2, 3 and 5) represent swarm like activity. In 

these clusters the maximum magnitude difference between the strongest 

shocks is roughly equal to 0.3 units. Moreover the strongest events (with 

M<4.2) occurred generally when the activity was already in progress.   
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Fig. 3.37. Seismicity clusters associated with ΔCFF changes (Table 3.4). 
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3.3.3 Corinth Gulf (1975-2013) 

A long term modeling of stress changes is carried out for Corinth Gulf 

by utilizing data since 1975 to seek for stress variation during a larger time 

scale, including bigger number of strong (M≥5.5) earthquakes. The temporal 

stress evolution since 1975 for different time windows corresponding to 

durations that are smaller than, equal to and larger than the calculated 

characteristic relaxation time are plotted in Figure 3.38. Patterns that could 

not be distinguished in the previous approaches because of insufficient 

resolution, are now revealed. When narrow time windows are tested, even 

small earthquake clusters appear to produce measurable stress increases 

which are usually followed by analogous decreases. These short-term stress 

changes may be artifacts arising from random seismicity fluctuations and 

ambiguous model performance when dealing with small data sets included in 

short time increments. As the time windows duration approaches ta, these 

minor fluctuations are smoothed and the stress changes of all but the 

strongest earthquakes (followed by plenty of aftershocks) become 

insignificant. When the time window becomes approximately 1.5 times larger 

(1 year) than ta, only 3 ΔCFF peaks are distinguished, associated with the 1984 

M=5.6, 1995 M=6.5 and the 2010 doublet (M5.5, M5.4). The M=5.9 event 

(November, 18th, 1992) did not induced remarkable stress enhancement, on 

the basis of this seismicity rate change approach, because of its limited 

aftershock number. Hatzfeld et al. (1996) speculated that the reason of the 

depopulated aftershock sequence was the spatial change in the fault 

mechanical properties: A region of high strength is surrounded by regions of 

low strength, and the stress drop during the main shock does not increase 

significantly stresses in the surrounding region that could induce aftershocks 

It is also notable that both 1995 and 2010 sequences occur after a relatively 

long term stress increase followed by subsequent stress drop just before the 

initiation of seismicity burst.  
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Fig. 3.38. Cumulative stress changes inverted from seismicity rate variation considering 

overlapping datasets of 120 days (upper frame), 230 days (middle frame) and 365 days 

(bottom frame) time windows. Blue stars indicate the M≥5.5 earthquakes. 
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3.3.4 Lefkada (1999-2013) 

We utilized the dataset (1999-2013) corresponding to Lefkada-

Cephalonia area in order to calculate stress changes by considering fixed time 

windows before and after successive calculation points (Fig. 3.39). The 

completeness magnitude for this time period was calculated equal to 3.2, such 

that 744 earthquakes are included in this dataset.  Two strong earthquakes 

(M>5.5) occurred in this area since 1999: The 2003, Μ6.3, Lefkada earthquake 

and the 2007, M5.7 earthquake, which was followed by a M5.4 event 3 

months later. Figure 3.39 shows that these events induced the dominant stress 

changes in the area: In the upper frame the stress evolution through time by 

is demonstrated, considering 100-days overlapping temporal windows and a 

characteristic relaxation time equal to 100 days. This is a rather low value, but 

at this analysis the target is to provide a qualitative stress change pattern 

associated with earthquake production rates, rather than to calculate precise 

values of these changes. For this scope, ta values identical to the time 

windows are preferred for demonstrating better the major stress changes, by 

amplifying the significant fluctuation of seismicity rates with respect to the 

background rate. It is clear that the only considerable stress changes are 

induced by M>5.5 events whereas smaller magnitude events do not seem to 

be identified by seismicity rate changes related with them. This is also shown 

in the lower frame of Figure 3.39 where a largest window (and also ta) are 

selected: All minor stress changes are smoothed and only the stress jumps 

associated with the strongest shocks are distinguished.     
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Fig. 3.39. Cumulative stress changes inverted from seismicity rate variation considering 

overlapping datasets of 100 days (upper frame) and 250 months (bottom frame) time 

windows. The characteristic relaxation time is fixed at values equal to the time windows (i. e. 

100 and 250 days, respectively) and the stressing rate was set to 0.1bar/yr (see at section 

2.3.2.3). Blue stars indicate the M≥5.5 earthquakes. 

3.3.5 Western Crete (2009-2014) 

The final case study presented in this chapter concerns the west Crete 

area (sub-area 3b, section 2.3.3). The dataset selected to be utilized for stress 

changes inversion correspond to the period between January 2009 – January 

2014. Since then the Unified National Seismological Network provide a 

completeness magnitude as low as 2.8, such that 666 events with magnitude 

equal of higher than the aforementioned threshold have been recorded. On 

October 10th 2013, a M=6.5 earthquake struck close to the western coasts of 

Crete island. The stress jump associated with this event, as it was derived 

from seismicity rate changes is shown in Figure 3.40, derived for 50-days 

overlapping time windows. In the same figure several stress changes are also 

illustrated with none of them being directly associated with some strong 

earthquake.  
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Fig. 3.40. Cumulative stress changes inverted from seismicity rate variation considering 

overlapping datasets covering 50-days time windows. The characteristic relaxation time is 

fixed at 300 days and the stressing rate was set to 0.02bar/yr (see at section 2.3.3.3). Blue stars 

indicate the M≥5.5 earthquakes. 

 

More interesting is though the pattern derived by considering time 

windows of a broader range equal to 300 days (Fig. 3.41). Although stress 

changes in the edges of the figure were not computed due to the large time 

span it is shown that some long-term stress change might be evident. Short-

term stress jumps are smoothed to reveal a period of ~250 days 

(approximately 800-1050 days in Figure 3.41) that demonstrates higher 

seismicity rates than the preceding and following periods. This also can be 

noticed by the change in the slope of the cumulative number of earthquakes 

(red line in figure 3.41), but it is more clear demonstrated by the inverted 

stress changes. The characteristic changes of the cumulative events curve’s 

slope are also noted in figure 3.41. Except the first very low seismicity rate 

period there seems to be a switching between lower and higher seismicity rate 

periods. It is noteworthy that such long-term seismicity rate changes (or 

equivalently stress release) is not observed in none of the cases investigated in 

the previous sections. This fact constitutes an additional evidence of the 

complexity of the physical procedures underlying the seismogenesis process 

in the subduction zones.     
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Fig. 3.41. Cumulative stress changes inverted from seismicity rate variation considering 

overlapping datasets covering 300-days time windows. The characteristic relaxation time is 

fixed at 300 days and the stressing rate was set to 0.02bar/yr (see at section 2.3.3.3). Blue stars 

indicate the M≥5.5 earthquakes. The dashed lines indicate the average trend of each 

cumulative seismicity segment and the number indicates its slope (events/day). 

3.4 Discussion 

In this study we attempted to derive static stress changes from the 

variation of earthquake production rates in selected areas of the Aegean 

region, by applying the Dieterich et al. (2000) Rate/State formulation. The aim 

was to investigate seismicity rate changes in both space and time domain and 

then obtain information concerning the associated stress field variations.This 

method is able to provide substantial results only in areas exhibit high 

seismicity rates and this activity is well monitored for a sufficient time period. 

For this purpose we utilized the data provided by the National and regional 

networks and sought for periods that ensure constantly high recording 

seismic rates. Nevertheless, even in such way we succeeded an MC=2.4 and 

MC=1.6 for a approximately 5 years periods, for Corinth Gulf and Samos-

Karaburun, respectively, whereas, for example, Toda and Matsumura (2006) 

carried out their analysis with MC=1.5 for a 24 year period. However, the 

purpose of this study was not to provide a forecast for a certain area, but to 
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take advantage of some of the best monitored areas in the Aegean region to 

obtain an independent estimation of Coulomb stress changes.  

Although there are several not precisely determined and directly 

measured factors, (Rate/State model parameters, poroelastic effects, pre-

existing fault orientations, random fluctuation of earthquake occurrence), the 

choice of the values applied here was done after thoroughly considering all 

the available information and data. The background rate (constant in space 

and time) was only considered in order to estimate the characteristic 

relaxation time and in turn, parameter Aσ. The temporal analysis of stress 

variations was performed for subsequent datasets (exhibiting either equal 

event number or equal duration) whereas the spatial analysis was performed 

after spatially smoothing seismicity rates in certain areas. Therefore, 

background rate was estimated just to provide an alternative way to 

determine a representative value of characteristic relaxation time for 

aftershock decay. This later parameter, along with the stressing rate as it was 

derived by GPS data analysis, were applied in equation (2.8) for determining 

product Aσ. This was done because we believe that ta and rS can be more 

robustly determined by independent approaches, than Ασ, the determination 

of which embodies several uncertainties and a wide range of plausible values.  

The stresses were resolved onto receiver faults having identical 

geometrical features with the first mainshock. This approach seems to be a 

simplification, nevertheless, the study area is small and the available focal 

mechanisms indicate small deviations of the assumed faulting mechanism. 

This is verified by the results of Karakostas et al. (2012), suggesting an 

average fault geometry derived from 31 events in the area as: 258o±22o strike 

and a 41o±11o dip. Moreover, Karakostas et al. (2003) performed ΔCFF 

calculations for the Skyros, 2001 earthquake (North Aegean) applying strike, 

dip and rake angles covering a range of 40o. They showed that no remarkable 
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changes in the stress pattern were observed as far as the dip and rake 

concerned. In the case of Samos area, Tan et al. (2014) showed that normal 

faulting prevails (Fig. 3.42) with relative homogeneity in the observed type of 

faulting: pure normal or faulting with a slight strike slip component are 

observed close to the Turkish coast having an average dipping of 40o-45o. The 

T-Axis of maximum extension is also orientated in an almost north south 

direction in the entire area.  

 

Fig. 3.42. Fault plane solutions of 19 events and 3 earthquake clusters occurred between 2008–

2012 in the study area, as they were determined by either the first P-wave arrival method 

(black beach balls), or by Μoment Tensor Inversion (red beach balls). 

It is pointed out that the main target of this study was to test if the stress 

inversion formulation is appropriate to derive reliable results and therefore 

allow future works to handle seismicity rate changes as an alternative but 

reliable way to determine stress changes in the active deforming region of 

Aegean Sea and its adjacent areas. Under this point of view the ΔCFF results 

yielded by this approach were compared with the respective ones derived 

from the elastic dislocation model application. The accurate depth 

determination of the available earthquakes assisted in the resolution of the 

stress field at the respective depth layers. This led to sufficient correlation 

between the independent stress-estimating methods for both the best quality 
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datasets tested (Efpalio and Samos-Kusadasi). The agreement between the 

two approaches was sufficient even in the near field, which is inherently 

characterized by significant complexity and inhomogeneity at many scales. 

This agreement is better when off fault seismicity is considered, in order to 

eliminate the uncertainties of the forward modeled stress changes in the near 

field. Moreover, as stated in Dieterich et al. (2000) the inversion approach 

does not depend on previous models of specific structures and therefore it 

may also provide constraints on the models used to analyze observations of 

deformation. 

 The qualitative (stress pattern comparison) and quantitative (ΔCFF sign 

agreement of the two methods) correlation was proven to be sufficient 

enough, with 60-80% of the results being consistent with each other. 

Especially in the far field, more than 3/4 of the stress changes as they were 

calculated by the elastic dislocation model were successfully reproduced by 

the stress inversion methodology followed here. Nevertheless, although stress 

increases were adequately detected by the earthquake catalogs analysis, stress 

shadows could not be robustly indicated because of the relatively low levels 

of the reference seismicity rates. 

Another important issue for discussion concerns the timescales that 

were considered in this analysis. The forward stress calculation modeling 

provides a snapshot of the stress field variation induced by the mainshocks. 

On the other hand, the inverse method intrinsically requires a considerable 

time window, accommodating sufficient data in order to estimate stress 

changes. However it is generally accepted that only the greatest events have 

major impact on Coulomb stress changes (e.g. Ghimire et al., 2008). In the 

Efpalio sequence studied in the present study, the strongest events (excluding 

the doublet) had magnitude smaller than 4.6, meaning that they are 

approximately 1 unit lower that the mainshocks (M=5.5 and M=5.4, 
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respectively). The respective magnitude difference for Samos-Kusadasi area is 

0.6 magnitude units. According to that fact, we might expect that the 

evolution of the sequence only induced minor stress changes, such that the 

total stress pattern is negligibly modified. Following this assumption we 

compared the stress values derived by the two methods, considering the 

seismic data until the end of periods the catalogues cover. This was done in 

order to utilize the maximum number of available data, during timescales 

larger that the characteristic relaxation time, to obtain robust quantitative 

results. Nevertheless, shorter time windows were considered as well to 

reproduce the spatial stress pattern (figures 3.12, 3.25, 3.27) and compare it 

with the one derived by the forward modeling. 

Also important is the fact that the model applied here was proved to 

constitute a very sensitive stress meter, able to detect even small stress 

changes associated with earthquake occurrence rate changes. In addition to 

the profound stress changes that follow a strong (M≥5) earthquake, the 

method adopted here was able to successfully detect both swarm-like activity 

and spatio-temporal seismic clusters. This cluster identification is very 

important and differs significantly from the simple inspection of the number 

of earthquakes occurred in positive and negative lobes: Space-time clusters 

clearly demonstrate considerable rate increases, interpreted as stress changes 

and are fully consistent with the ΔCFF pattern derived by the elastic 

dislocation approach (e.g. figures 3.17 and 3.32).  

As a challenge for future research, relocated catalogues should be taken 

into consideration together with detailed slip models in order to model ΔCFF 

in the near field. The efficiency of the seismological networks is continuously 

improved and therefore the available datasets are enriched with more 

earthquakes at lower magnitudes, covering larger time periods. 

Consequently, catalog-based stress calculation method shall become a 
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promising tool for future studies. Accurate depth determination and focal 

plane solutions for more events may provide a very detailed 3-dimensional 

Coulomb stress model for along-fault aftershocks, which may help in the 

effort to comprehend the mechanisms of triggering and spatio-temporal 

evolution of aftershock sequences and swarms.  
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Chapter 4. Concluding Remarks 

The conclusions obtained throughout the analysis carried out in the 

present study are highlighted as follows:  

1. The method efficiency strongly depends on data adequacy and 

accuracy.  

2. Longer testing periods with adequate number of remote aftershocks 

usually yield better correlation than shorter ones containing several 

onto fault aftershocks.  

3. The correlation coefficient is mostly affected by the bandwidth 

selection (degree of spatial smoothing) rather than the Rate/State 

model parameter values.  

4. Reference seismicity rates evaluated from longer periods generally 

lead to better correlation in comparison with the more recently 

selected ones. Exception is the cases when the completeness 

magnitude is high (M>4.0) and therefore the data size limited. 

5. Seismicity rate changes are forecasted better in positive ΔCFF areas 

than in stress shadows. 

6. For the Subduction zone, the depths of 15km and 20km in the ΔCFF 

calculations along the subduction zone were found to lead to identical 

results. These results are also better than the ones derived from 10km 

depth calculations in 3 out of the 4 cases. Larger shear modulus value 

selection only slightly improves the correlation between observed and 

modeled seismicity rates. 

7. The stress changes estimated from seismicity rate variations are in 

good agreement with the respective values calculated by the elastic 

dislocation model application, although the inversion procedure is 

more sensitive to data quality than the forward Rate/State modeling. 
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8. Most of the recent, (6 out of 8) MW>6.0 earthquakes, occurred after 

June 2012, are located in areas that the applied model predicts to be 

seismically enhanced. 

9. High probabilities (>40%) for a strong event occurrence (M≥6.5) 

during the following decade are calculated for Corinth Gulf and most 

of the areas along the Hellenic Trench. 

To summarize, it is shown that the evolution of seismicity is a function 

of many different parameters, with some of them being poorly constrained. 

Despite this fact, a simple model like the one applied in this Thesis is able to 

provide promising results, simulating well the time dependency of seismic 

activity in an actively deforming area such as the Aegean Sea and its 

surroundings. The crucial point is that adequate data are needed in order to 

obtain robust results for both forward and inverse model applications. Here is 

where the actual power of the Rate/State model lies: taking advantage of well-

constrained natural quantities, together with high accuracy seismic data in 

order to determine the boundaries of parameters that cannot be directly 

measured and predict the impending activity. Time-dependent seismic 

hazard assessment becomes a feasible goal for this area, as a causative 

relationship between the modeled physical procedures and available data was 

established and verified. For this purpose, appropriate data selection and 

processing are vital as they significantly affect the forecasted seismicity rates. 

Finally, the parameter uncertainties should be also quantified in order to 

provide robust confidence bounds for future probabilistic seismic hazard 

assessment studies. 
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Appendix A - Earthquake Catalogue for Western Turkey 

A catalogue for earthquakes that occurred in western Turkey during 

the period 1964–2010, was compiled for achieving homogeneity as far as the 

magnitudes are concerned (Leptokaropoulos et al., 2013). Seismicity data 

from the International Seismological Center (ISC) catalogue was utilized, 

which provides revised information on earthquakes that took place until 2010. 

The earthquakes that were recorded in the study area since 1964, with a focal 

depth shallower than 60km were selected. Data from approximately 80 

Institutions were available for over 111,000 earthquakes occurred during the 

aforementioned period, with their magnitudes reaching 180,000 observations 

expressed in all diverse magnitude scales (i. e. moment magnitude, Mw, body 

wave magnitude, mb, surface wave magnitude, MS, local magnitude, ML, and 

duration magnitude, Md). There were many events, nevertheless, with no 

magnitude assigned and therefore they cannot be treated for the final 

catalogue. The first step was to secure magnitude scale homogeneity by 

converting as many magnitudes as possible to a common magnitude scale, 

chosen here to be the equivalent moment magnitude, M*W, taking as basis for 

this transformation the moment magnitude determined from the Global 

Centroid Moment Tensor (MWGCMT). The technique applied for computing 

the parameters of the linear regressions between magnitude scales was the 

General Orthogonal Regression (see Appendix B for details and formulation). 

Figure A1 shows all the resulted relations whereas the corresponding 

statistical information is provided in Table A1. 

We preferentially sought for relationships between MWGCMT and 

moment magnitudes provided by other Institutions (Fig. A1a–c). Firstly the 

moment magnitude from the National Earthquake Information Center 

(MWNEIC) which is considered identical (Scordilis, 2006), therefore taken 

commonly as one data sample with the notation Mw. Next the moment 
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magnitudes estimated by the Geodynamic Institute of the National 

Observatory of Athens (MWNOA) (Fig.A1a), the Mediterranean Network 

(MWMED) (Fig. A1b), and the Eidgenössische Technische Hochschule 

University of Zürich (MWZUR) (Fig. A1c) were selected and transformed, and 

thus 243 events with M*W were added in the catalogue by this procedure. 

Advantage is taken from the fact that the NOA is the only source that reports 

Mw’s as low as 3.4, which enables extrapolation of the relationships to lower 

magnitudes, considerably then increasing the size of the final catalogue. 

Given that moment magnitude is calculated with the same methodology (i.e. 

waveform inversion), an assumption was made that the relation between 

MWGCMT and MWNOA may be extrapolated for magnitudes lower than the 

range that the available data covers. Therefore, for each magnitude scale to be 

transformed, moment magnitude was taken either from GCMT or from 

M*WNOA (Fig A1d–n, with different notation).  

Surface wave magnitudes, MS, reported from the ISC, NEIC, European 

Mediterranean Seismological Center (EMSC) and the International Data 

Center (IDC) were then converted into M*W (Fig. A1d–g), along with body 

wave magnitudes, mb, (Fig. A1h–k) reported from the same sources. Local 

magnitudes, ML, from ISK and NOA (Fig. A1l–m) as well as duration 

magnitude, Md, from NOA (Fig. A1n) were correlated with MW, and more 

importantly the large number of the Md estimated from ISK. The problem 

with this latter magnitude lies at the lack of commonly existing with MW and 

therefore, MdISK was correlated with the equivalent moment magnitude as 

yielded from the conversion of body wave magnitude from ISC (MWbISC–Fig 

2o). This conversion has as advantages the large number of observations 

(pairs of magnitudes for the same events) and the wide magnitude range 

covered. By this way we managed to treat events with magnitude down to 

MdISK=3.5. Fig. A1o evidences that linear regression cannot adequately 
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simulate this relation and therefore a second degree polynomial fitting was 

preferred.  

 

Fig. A1. Magnitude relations between various scales and Institutions and MWGCMT (black 

circles) and M*WNOA (gray squares). The solid lines indicate the general orthogonal 

regression linear fitting, whereas the dashed lines indicate the bisector. For a better 

representation data were plotting after the addition of 3 random decimal digits to the x and y 

values. The number of pairs, the root mean square error (RMSE) and the linear correlation 

coefficient (R2) is shown above each frame. Figure 2o shows the 2nd degree polynomial fitting 

between MdISK and the equivalent moment magnitude as it was calculated from the 

conversion of body wave magnitude reported from ISC (MWbISC). The diamonds correspond to 

the average values of MdISK per MWbISC unit. 

Magnitude conversion into M*W was accomplished by giving priority to 

certain magnitude scales and estimates, and then following a rule for 

adopting the final M*W. When MWGCMT or equivalently MWNEIC were 
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available, these were directly adopted as M*W in our catalogue. If MW was 

estimated from a different source, then the higher conversion priority was set 

where the RMS error was lower and thus M*WMED, was firstly preferred, then 

M*WZUR and finally M*WNOA. For the earthquakes with reported magnitudes 

in other magnitude scales, the conversion was performed for all the assigned 

magnitudes (except MdISK) and the final M*W was estimated as a weighted 

average of all the available magnitudes, with a normalized weight inversely 

proportional to their RMS errors. Finally, if the only available magnitude was 

MdISK, then it was estimated from the 2nd degree polynomial. Thus an 

integrated catalogue, revised as to be homogeneous in the magnitude scale 

and comprising 9875 events with M*w ranging from 3.5 to 7.6, starting from 

1964 until 2010 and from 35.00oN – 42.00oN latitude and 26.00oE – 32.00oE 

longitude is achieved (Fig. A2).  

Table A1 

Empirical relations for magnitude scales transformation 

Relation Source b a 
RMS 
error 

R2 
Number of events 

used and their 
magnitude range 

  M*
W=a+bMw NOA 0.99±0.006 0.17±0.162 0.15 0.93 54 (4.5 - 6.3) 

 MED 0.85±0.003 0.84±0.074 0.10 0.95 90 (4.4 - 6.5) 
 ZUR 0.93±0.001 0.33±0.037 0.12 0.97 63 (4.5 - 6.5) 

 M*
W=a+bMs EMSC 0.61±0.003 2.52±0.042 0.13 0.95 32 (2.6 - 4.6) 

 ISC 0.65±0.002 2.15±0.033 0.19 0.93 80 (2.8 - 6.0) 
 IDC 0.66±0.002 2.18±0.027 0.18 0.94 66 (2.4 - 6.0) 
 NEIC 0.61±0.004 2.38±0.010 0.14 0.92 34 (4.0 - 5.9) 

M*
W=a+bmb EMSC 1.06±0.010 -0.15±0.219 0.23 0.90 54 (3.7 - 5.6) 

 ISC 0.98±0.006 0.38±0.128 0.24 0.90 79 (3.2 - 5.6) 
 IDC 1.46±0.021 -1.49±0.385 0.31 0.87 67 (3.5 - 5.0) 
 NEIC 1.13±0.007 -0.39±0.169 0.24 0.89 95 (3.9 - 5.7) 

M*
W=a+bMl NOA 1.03±0.004 0.08±0.090 0.23 0.90 54 (3.5 - 5.5) 

 ISK 0.93±0.003 0.39±0.070 0.20 0.94 72 (3.6 - 6.0) 
M*

W=a+bMd NOA 1.18±0.010 -0.43±0.182 0.23 0.91 64 (3.4 - 5.2) 
       

The conversion form is shown in the first column. The second column gives the data 

source. The a and b values of the general orthogonal regression fitting, along with their 

standard errors are shown in the third and fourth column, respectively. The next three 

columns provide information on the RMS error, linear correlation coefficient (R2), number 

of observations and the respective magnitude range. 
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Fig. A2. Spatial distribution of earthquakes epicenters during 1964-2010 in the study area 

(sub-areas selected for the Rate/State model applications are also here depicted) after the 

catalogue compilation, with magnitudes expressed as M*W.  
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Appendix B - General Orthogonal Regression 

 After deriving relations between MW and other magnitude scales 

published by different Institutions and, we applied the most reliable of them 

after taking into consideration the sample size, the RMS error, the linear 

correlation coefficient (R2) and the uncertainties of the linear regression 

parameters, a and b (Leptokaropoulos et al., 2013). To obtain these relations 

we avoided using the ordinary least squares method which assumes that 

there are no uncertainties in the values of the independent variable. This may 

introduce systematic errors in magnitude conversion, apparent catalogue 

incompleteness and significant bias in the estimates of the b-value (Castellaro 

et al., 2006). Alternatively we applied the General Orthogonal Regression 

technique in order to avoid such artifacts (Castellaro and Gormann, 2007; 

Deniz and Yucemen, 2010; Wason et al., 2012, Lolli and Gasperini, 2012). 

According to this method the projection of the independent variable is done 

along a weighted orthogonal distance from the linear fitting curve. The values 

of the slope, b, and intercept, a, are estimated by Fuller (1987) formulae as 

s
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where sx and sy are the standard deviations of x and y variables respectively, 

sxy is the sample covariance between x and y, y  and x  are the average 

values of y and x and n=(σ(y)/σ(x))2, is the error variance ratio. Since the 

standard errors of the available data are unknown, we set n=1. Castellaro et al. 

(2006) showed that even if the applied values of the ratios of the errors is 

different from the real one, the orthogonal regression method still performs 
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better than the ordinary least squares. The errors of the slope and the 

intercept given the sample size, N, are expressed as follows 
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Appendix C - Identification of Completeness Magnitude  

The evaluation of Mc is usually accomplished by following two major 

approaches, the network–based (Schorlemmer and Woessner, 2008; Mignan et 

al., 2011) and the catalogue-based methods. The second approach is sustained 

of two different groups. The first one relies on the fact that the detection 

threshold due to the noise decreases during the night and therefore Mc is 

determined by considering the day–to–night ratio of earthquake frequency 

(Rydelek and Sacks, 1989; Taylor et al., 1990). The second group contains 

methods that follow the assumption of self–similarity of earthquake 

production, such that frequency–magnitude distribution of earthquakes can 

be simulated by a power law i.e. Gutenberg–Richter (G–R) law. The most 

frequently applied methods of this group are the Entire Magnitude Range 

(EMR) method (Ogata and Katsura, 1993; modified by Woessner and 

Wiemmer, 2005), the Maximum Curvature (MAXC) method (Wiemer and 

Wyss, 2000), the Goodness–of–Fit Test (GFT) (Wiemer and Wyss, 2000), the 

MC determination by b–value instability (Cao and Gao, 2002) and the Median 

Based Analysis of the Segment Slope (MBASS) (Amorèse, 2007). In an effort to 

determine MC, Woessner and Wiemer (2005) and Mignan and Woessner 

(2012) overviewed and applied these methods and then compared their 

performance and stability. 

The method here applied, the Modified Goodness-of-fit Test (MGFT, 

Leptokaropoulos et al., 2013) is based upon the Goodness–of–Fit Test (GFT), 

proposed by Wiemer and Wyss (2000). The procedure they followed is that a 

power law, as a function of minimum magnitude, Mi, is fitted for events with 

M≥Mi, by application of maximum likelihood estimation. The synthetic data, 

i.e. the distribution of magnitudes which represent a perfect fit to the power 

law, is constructed in this way. Then the normalized, absolute difference, R, 
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between the cumulative number of observed events (No) and the simulated 

ones (Ns) in each magnitude bin is computed and mapped according to the 

formula 
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If the data set above a specific magnitude Mi is incomplete, this 

difference, R, will be high. A model is found at an R-value at which a 

predefined percentage (usually 90% or 95%) of the observed data is modeled 

by a straight line, which means that 90% or 95% of the observed data can be 

simulated by the specific power law (Woessner and Wiemer, 2005). 

A modified approach of this method (MGFT) is introduced and 

applied here: A synthetic dataset of Ni events is created by distributing 

random numbers according to the respective G–R law (Zechar, 2010), where 

Ni, is the cumulative number of events with M≥Mi in the observed dataset. 

After k iterations of this process, k synthetic catalogues are created. Here, we 

are interested only in Frequency Magnitude Distributions (FMD) of the events 

and not in their spatial and temporal parameters (epicenter location, origin 

time). Therefore, the synthetic catalogues consist of events for which the only 

free parameter is the magnitude. We chose k to be equal to 1,000 and instead 

of comparing the offset between the real values and the theoretical 

distribution, 1,000 synthetic catalogues containing random events with the 

same data number and magnitude distribution are constructed for each 

magnitude bin. Thus, one more parameter, i.e. the occurrence frequency in 

each magnitude bin, is introduced. Starting from a minimum magnitude, Mi, 

parameters a and b of the G–R law are calculated following a maximum 

likelihood estimation for all events with Mi≤M≤Mmax. One of the mostly 

preferred techniques to estimate the b-value is the Maximum Likelihood 
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Estimate (Aki, 1965; Weichert, 1980; Utsu, 1999; Lombardi, 2003; Marzocchi 

and Sandri, 2003; Kagan, 2005; Kijko and Smit, 2012)  

 )2/()10ln(

1




McM
b  ,  (C2) 

where  is the sample mean of the events considered and ΔM is the 

binning width of the catalogue, equal to 0.1 in the present study. Aki (1965) 

also estimated the b–value accuracy, σb, as 

N

b
b   ,                  (C3) 

where N stands for the sample size. The difference between each one of 

these synthetic datasets and the observed ones is calculated following eq. (C1) 

and an average value of these differences is derived. Then, the whole 

procedure is repeated by considering Mi+1 as minimum magnitude. A new G–

R law is retrieved, by estimating the new a and b values, and given Ni+1, being 

the cumulative number of observed events with M≥Mi+1. The mean values of 

the differences between the real FMD and the one derived from the synthetic 

catalogues for each magnitude bin are computed and mapped. The residuals 

are rather higher in this case, but there is an obvious minimum point and 

therefore, instead of considering an arbitrary selected level of fitting to power 

law, a more objective criterion is being applied. 

MC Results and Comparison with other Methods  

The results derived from MGFT method were also compared with the 

ones yielded from the application of MAXC and the original GFT methods for 

the consistency of the three approaches to be tested. In general there is a good 

agreement among them especially when the catalogue of a study period 

contains sufficient number of data, while there is a significant deviation 
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among them for earlier periods with limited data. In these cases the technique 

introduced here provides a more conservative selection of Mc, about 0.1–0.4 

units higher than MAXC and GFT(90%). GFT(95%) on the contrary, 

demonstrates inordinately higher Mc values for some of the cases in 

comparison with all the other methods. There are also some datasets where 

the 95% level cannot be achieved due to the relatively low sample size or the 

irregularities arise from the magnitude conversion procedure (in the case of 

the Western Turkey catalogue). The MGFT method is free from such behavior 

and therefore is more reliable when applied in datasets which demonstrate 

higher completeness level, or for short time intervals containing limited 

number of events. The proposed technique is proven to be more stable than 

the original GFT and independent of the R–value selection and also more 

conservative than the MAXC, which is already shown that tends to 

underestimate MC (Woessner and Wiemer, 2005). We are confident that the 

technique introduced here can be easily applied to other regions with 

relatively low detection level but with high seismic hazard such as the eastern 

Anatolia, Aegean Sea and the surrounding areas. 
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Appendix D – Kernel Estimator of Magnitude Distribution and 

Exceedance Probability Estimation. 

The kernel estimator approach proposed by Kijko et al. (2001) is a 

model-free alternative to estimating the magnitude distribution functions. 

This non-parametric approach, (also known as model free or data-driven), is 

based on the kernel density estimator that totals the symmetric probability 

densities (kernels), individually associated with data points as 

 



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 h

mm
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hmmf i
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i

i
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where h, is a non negative smoothing parameter (bandwidth), m, is the 

magnitudes and K(x) is a kernel function. The Kernel estimations chosen here 

for probability density (D1.2) and cumulative distribution (D1.3) have the 

forms of those adopted by Lasocki and Orlecka-Sikora (2008)  
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where n, is the sample size, Υ(x) is the standard Gaussian cumulative 

distribution, ai (i=1,2,<n) are the local bandwidth factors and m, is the 

magnitudes with mmin≤m≤mmax. Note that mmin is equal to the completeness 

threshold of a given catalog. It is assumed that the magnitude distribution is 

unlimited from the right hand side (i.e. no fixed maximum magnitude). The 

shape of the kernel estimates depends primarily on the value of h. From the 

point of view of the use of estimators (D1.2), (D1.3) in the hazard analysis, a 

global, integrant agreement between the actual density and its estimates is of 
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the utmost importance. Therefore, we select the smoothing factor applying 

the least squares cross-validation technique that requires minimizing the 

integral of the squared difference between the actual density, f(ξ), and the 

estimate (e.g. Bowman et al., 1984) 
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It has been shown (Kijko et al., 2001) that in the case of the Gaussian 

kernel this criterion is fulfilled if h is the root of the equation 
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The local bandwidth factors, {αi} can modify the width of the kernels at 

certain data points. Due to the fact, that the most important for the hazard 

analysis range of magnitudes, is that of the larger values, where the data are 

very sparse, the present version of the estimators uses the bandwidth factors 

that widen the kernels associated with data points from this range (Orlecka-

Sikora and Lasocki, 2005) 
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where f̂ , is the constant kernel estimator in the unbounded magnitude 

range, and   nn

i ii hmmfg
/1

1
)},{|(ˆ 

 is the geometric mean of all constant 

kernel estimates (Silverman, 1986). Finally, the exceedance probability, that is 

the probability of occurrence, in Δt time units, of events with sizes greater 

than or equal to mp, occurring at an average rate, λ, is given by 

  )(1exp1),( pmp mFttmR    .    (D1.7) 
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Appendix E – Forward Rate/State Modelling for the Efpalio 2010 

Doublet 

The forward Dieterich (1994) Rate/State model provides seismicity rate 

changes, as a function of time (eq. 2.9). By substituting in this equation ΔCFF 

values, Aσ (0.04 bars) and ta (225days), along with the smoothed reference 

seismicity rates, r, (eq. 2.13) we obtained the forecasted rates, R, after the two 

main shocks. These rates were compared with the recorded seismicity rates 

and found to be in good agreement (Fig E1). A quantitative analysis (Fig E2) 

shows that especially after the second strong event the correlation coefficient 

between forecasted and observed seismicity rates is approximately 75% for a 

bandwidth equal to 0.03o. This is a significant result concerning the fact that 

after applying Silverman’s formulation (eq. 2.17), h=0.033o is obtained a value 

almost identical with the one corresponds to the best correlation between real 

and synthetic seismicity rates. It is noteworthy that the best correlation 

between real and synthetic data is obtained for h=0.03o in both forward (Fig 

E2) and inverse (Fig 3.11 & 3.12) approaches. The inter-event time period 

(between the two mainshocks) exhibits lower correlation (50%-60%) but it is 

not representative of the standard model performance because of its short 

duration (~4 days) and the abundance of onto fault aftershocks.   
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Fig. A1. Ratio of expected/observed seismicity rates given the reference seismicity rate 

calculated during 1 August 2008 to 18 January 2010 (M>2.4).  Red colors overestimate 

excepted values in comparison with the real ones whereas blue colors show higher observed 

seismicity rates than the simulated ones. White areas correspond to ratio value between 0.5-2, 

suggesting sufficient model performance. Calculations are not performed in gray areas 

because of data insufficiency. Parameters values applied are: h=0.03o, ta=225 days, Aσ=0.4bars. 

 

Fig. A2. Quantitative evaluation of the difference between observed-synthetic seismicity rates 

during the inter-event time period between the 2 strong events occurrence (18 January 2010 – 

22 January 2010, black lines) and until the end of 2012 (red lines). Solid lines indicate the 

value of Pearson linear Correlation Coefficient whereas its 95% confidence intervals for each 

coefficient are also depicted by dashed lines. 
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